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Summary

During the last century a westward propagating secgl of major earthquakes occurred along the
North Anatolian Fault (NAF), Turkey. The last evémt1999 occurred at the eastern end of the
Marmara Sea and increased Coulomb Failure StretiseoNAF to the west, thus enhancing the
probability of the next event to occur beneath3ke of Marmara. This submarine section of the
NAF had been previously identified as a seismic gagdt had not ruptured since 1766. This
circumstance gravely concerns the city of Istamlud to its proximity to the fault. With regard to
potential damage, location and coseismic slip duaifiuture event is of importance as well as the
question whether the seismic gap will yield in targe earthquake or in several smaller ones.

The standard approach for time-dependent seisnzarthaassessment is based on a statistical
analysis of the mean recurrence rate of charatiteaarthquakes. The recurrence rate is either
inferred from catalogues of historical earthquakefom the slip rate on the fault segment under
consideration and typical coseismic slip. In thean ® Marmara, both directly inferred mean
recurrence rates and fault slip rates represenhegrtainty.

This thesis addresses size and location of a fltuge earthquake by accounting for its basic
physical causes. These are the stress accumulgtima critical level on a locked fault due to the
relative motion of two plates. The kinematics ahdadute stress is modelled simultaneously, both
their secular steady-state evolution as well asduhe interseismic and coseismic phases of the
seismic cycle. Based on that, potential coseistipcom a fault and associated seismic moment
can be quantified dependent on time, while rougistaints on occurrence times of earthquakes
can be made, though at a precision in the ordarfelv decades. Na priori information on mean
interevent times of earthquakes or fault slip regesquired.

In order to model the absolute stress, the majorcss of stress are integrated into the model.
Topography/bathymetry, the basement-topography Mobio are considered as transitions in
density and elastic properties, the 3D fault systéthe NAF obeying the Coulomb friction law is
included as well as gravity, the load of the oviegywater column, the regional plate motion and
an initial stress field that ensures equilibriumgedvitational forces and a ratio of horizontal to
vertical stress that keeps to global measureméstsass magnitudes.

The resulting velocity and stress field of the nlesléound in agreement with available direct and
indirect observations and constraints of the orggéinematics and dynamics. Modelled vertical
motion reproduces a characteristic pattern of siabse in the basins of the Marmara Trough and
other areas under extension while uplift is foumcteas of compression, in wide agreement to
model-independent data.

The inferred slip rate on the main branch of theMN#\found to be 12.5-20 mm/yr, depending on
location and rock properties, which is smaller Ip/ta 40 % in comparison to earlier works.
Right-lateral slip is partitioned on several stmrad the NAF and also permanent strain and
rotation in the rock volume between the faults abuate in accommodating relative plate motion.
A consequence of lower fault slip rates is thabrega seismic hazard based on fault slip rates is
lower.

A high variability in slip rate along strike of thmain branch is revealed. Since this implies
variable loading conditions, consequences for reage rates of earthquakes should arise so that
in this respect smaller earthquakes are more likdhg same conclusion can be drawn from the
inferred fault-normal stress that exhibits stroagations along strike of the main branch.

The modelled stress field is in a strike-slip regitinat is close to extension. Modelled orientations
of the three principle stresses are in good agreewi¢h reported orientations from inversions of
earthquake focal mechanisms and thereby indicatetlie modelled 3D stress field agrees with



independent data. The observed pattern of micswseity in the Marmara Sea can be widely
explained in terms of a steady release of cridd&rential stresses that evolve in the rock vadum
adjacent to faults in response to the interactatween plate motion and local fault geometry.

Since both, the modelled velocity field and absolgiress state are in agreement with
observations the model is used to simulate theesorsc slip of earthquakes in a forward
approach. For this purpose, time-dependency iedaotred by modelling the strain accumulation
in the neighbourhood of a locked fault during thieiseismic period and slip by release of stress
at the times of historical earthquakes, accordinglastic rebound theory. Unlocking the Izmit
fault segment in 1999 results in a co-seismic serfdip that deviates even in the near field by
only 6 % in amount and 9° in direction from thepstleduced from GPS observations, while
modelled seismic moment at depth largely agreels @lip inversions from seismological and
INSAR data. This result gives confidence that tppreach is capable of predicting seismic
moments of future earthquakes at other segmentleofault. To infer the potential slip and
seismic moment of earthquakes on the main Marnaart, fseveral testing earthquakes for the
year 2010 were simulated. A worst case scenalfingfithe whole gap between the Tuzla and
Ganos Bends would yield a M=7.6 event at preseatvé¥er, earthquakes involving only one
fault segment are more likely and would produce N=and 7.1 events on the Central and
Western segments, respectively, at present. Siotte degments are late in their seismic cycle,
dynamic stress triggering could cause a rupturenelitg on both segments, which would result in
a M=7.5 event. Inferred seismic moments are uppendis since partially unbroken fault portions
are not considered. The thick sedimentary sequertbe Marmara Sea reduces seismic moments
by 10-20 %.

The presented approach of modelling the absoltgessstate is suited for getting insight into the
interconnections between plate motion and a fasliesn and how the driving stresses are related
to kinematics. This contributes to a qualitativelerstanding of recurrence rates of earthquakes.
Importantly, obtained fault slip rates can be useduantitative estimates of seismic hazard. As
far as one may deduce from independent constrémgsabsolute stress state is attained, with all
the valuable consequences, the most important affwib that potential slip on a fault can be
provided at any arbitrary time.



Chapter 1

Introduction

1.1 Istanbul expecting an earthquake

On August 1% 1999 the eastern Marmara region, northwest Aregtalas hit by a M= 7.4
earthquake (BSSA vol. 92). Over 18,000 peoplettwsit lives and total economic, building and
infrastructural losses amounted to $ 15-20 bill(Bendimerad et al., 2000; Erdik, 2000). Also,
from a scientific point of view this 1999 Izmit dlaguake received much attention, in particular
due to the fact that its location was predictednfpeihe next event in a west migrating
earthquake sequence along the North Anatolian RaA) (Stein et al., 1997). Fig. 1.1
illustrates the sequence of major earthquakesdbatrred during the last century along the
NAF commencing in 1939 with the M= 7.9 Erzincan earthquake and reaching the eaSesn
of Marmara during the 1999 Izmit earthquake. A nambf Coulomb Failure Stress analyses
yielded that ten out of eleven earthquakes of sieiguence were promoted by the previous
earthquakes (e.g. Stein et al., 1997).

40°N—

Fig. 1.1: Epicentres of major earthquakes,(M 6.5) along the North Anatolian Fault between 23d
1999 (Engdahl and Villasenor, 2002).

A continuation of this sequence further to the wissexpectable and would result in an
earthquake beneath the Sea of Marmara (Hubert+Fetral., 2000; Parsons, 2004; Lorenzo-
Martin et al., 2006). The central part of the NA€nbath the Marmara Sea was identified as a
seismic gap with no major earthquake either sin@6 {Parsons, 2004; Pondard et al., 2007) or
since 1509 (Ambraseys, 2001b). The possibility strang earthquake in the Sea of Marmara
places a severe threat to the city of Istanbul isclocated only ~ 20 km north of the main
strand of the NAF (Fig. 1.1). Since mid of the"2@entury Istanbul experiences enormous
growth rates in population with to date 12.6 Micegistered inhabitants. Apart from that,
Istanbul is Turkey’s leading industrial provinceavlh almost half of the gross national product
is achieved. An earthquake of similar magnitudethas Izmit earthquake would therefore
strongly affect Turkey as a whole (Bendimerad gt24100).

While there is agreement on that a major earthqweikeoccur beneath the Marmara Sea,
expectations on location, coseismic slip, momengnitade and probabilities of the next
earthquake are non-uniform or vague (Le Pichonl.et2803). The goal of this thesis is to

! TUIK. Address-based population registration syst€ity-Village Population By Province And Sex
And Population Density (Turkish).



provide answers on these issues and to contribuseismic hazard assessment in the Sea of
Marmara by means of a deterministic 4D (space amg) tgeomechanical numerical model that
describes the absolute stress and strain fields iBha novel approach since the probabilistic
standard approach to assess seismic hazard is bassatthquake catalogues and/or fault slip
rates and in some cases additionally accountsdgeismic stress changes. The absolute stress
and strain field approach pursued here is notmelan a priori knowledge of earthquake
recurrence rates and fault slip rates. In contrastplicitly permits quantification of fault slip
rates and allows estimation of potential coseisstip, moment magnitude and at a lower
precision time of a future earthquake, by meanfonfard modelled testing earthquakes that
result from the release of accumulated stress. dditian it provides insight into the
interconnections of motion and stress within thiensarine fault system and thus pertains to a
better understanding of the physical backgrounebothquakes in the Sea of Marmara.

In the following subchapter 1.2, the study aremtioduced in more detail and the geodynamic
frame of the Marmara region is explained. Subchiapie. 1 states to which part of a seismic
hazard assessment and risk analysis this new appppeatains, 1.3.2 provides a brief overview
on hitherto conducted approaches for seismic haassdssment in the Marmara region and in
1.3.3 some critical aspects therein are identitied are to be challenged in this thesis.

1.2 Study area

Within this subsection a brief introduction intoetigeodynamics of the study area is given.
Additionally, terms for areas, faults, etc. on whigill be referred to later on are introduced.

1.2.1 Anatolia

The North Anatolian Fault (NAF) is a right-latersirike-slip fault forming the boundary
between the Anatolian and Eurasian Plates (Fig.BaPka, 1992Sengotr et al., 2005). Since
historical times there is evidence for surface tiagl due to earthquakes along the NAF
(Ambraseys and Jackson, 1998). The occurrence rdigeekes along the NAF involves the
interaction of different lithospheric plates in tleastern Mediterranean. The Arabian and
African Plates move northward with respect to EargMcClusky et al., 2003) at rates of
15.6 mml/yr (at 40°E) and 5.5 mm/yr (Fig. 1.3; Regkr et al., 2006), respectively, separated by
the sinistral Dead Sea Fault. The plate boundatydmn the African and Anatolian Plates is
formed by the Hellenic—Cypredrenches where the African Plate is subducted ¢onirth
beneath the Anatolian Plate (Papazachos et alQ)2@@nvergence between the Arabian and
Anatolian Plates occurs as continental collisioigi\et al., 2004). The Anatolian Plate escapes
bounded by the NAF and the East Anatolian Faulickviis ascribed to the indentation of the
Arabian Plate (McKenzie, 1972). The westward motbAnatolia is permitted and accelerated
by the slab retreat in the Hellenic subduction Zeagliing to NS-oriented back-arc extension in
Greece and western Anatolia (Heidbach and Drew@®3;2Flerit et al., 2004). The relative
motion between the Anatolian and Eurasian Platersaalong the NAF with a GPS derived slip
rate of 24+1 mm/yr (McClusky et al., 2000) and Haloe geologic slip rates of ~ 18-20 mm/yr
(Hubert-Ferrari et al., 2002; Kozaci et al., 200Deformation was observed to be quite
localised at the NAF (Hubert-Ferrari et al., 200@®)ich lead to the interpretation that the
Anatolian Plate behaves effectively as a rigid elatiménez-Munt and Sabadini, 2002). In
response to the pushing Arabian Plate and thenguHiellenic subduction zone the Anatolian
Plate fulfils a counter-clockwise rotation around Eulerpole located in the Nile Delta
(McClusky et al., 2000; Le Pichon et al., 2003;liRger et al., 2006).

The westward motion of Anatolia was also interpilet@s gravitational collapsef an
overthickened crust (Seyitoglu and Scott, 1996; idted al., 2006). Crustal thickness decreases
considerably from ~ 40-50 km in east Anatolia (2bral., 2003; Go6k et al., 2007) to less than



30 km in the Aegean (Tirel et al., 2004; Sodoudalet 2006; Zhu et al., 2006). An argument
against this hypothesis as dominant mechanismeisnitrease of south components of GPS
velocity vectors from north to south in the Aegeagion, which is better explained by back-arc
extension. The westward movement of the AnatoliateRvas also attributed to varyirages of
convergence along the subduction zone between theaA and Anatolian Plates leading to
rapid south-westward movement of Greece relativienatolia (Doglioni et al., 2002).

Seismicity is concentrated at the Hellenic subauctione with dominant thrust-faulting focal
mechanisms and at major strike-slip faults sucthadNAF and East Anatolian Fault (Fig. 1.4,
Jackson, 1994; Turkelli et al., 2003; Taymaz et @004). Increased seismicity also
characterises the extensional provinces in wegteatolia and Greece, where normal faulting
earthquakes prevail in a number of grabens in respdo the Hellenic back-arc extension
(Zanchi and Angelier, 1993; Hatzfeld et al., 198%atzi, 2002) and where high heat flow
(Pfister et al.,, 1998) and pronounced dilation gateere inferred (Kahle et al., 2000;
Allmendinger et al., 2007). Seismicity in the nerth Aegean marks the continuation of the
NAF in the Aegean with predominantly strike-slipling earthquakes (Taymaz et al., 1991).
Seismicity in the southern part of the Aegean imparably low consistent with geodetic
observations that suggest that this region is nathmdeforming and can be regarded as a rigid
plate of its own (Papazachos, 1999; Kreemer andnGth&ooke, 2004; Nyst and Thatcher,
2004). In central Anatolia seismicity is relativdtyw, which is also reflected by the largely
rigid plate behaviour inferred from geodetic obs¢ions.
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Fig. 1.2: Interaction between the plates in theteas Mediterranean region indicated by plate
motion directions relative to Eurasia (white arrowsleformation (blue double arrows) and
sense of slip along major faults (red arrows). Rawdre marked by black lines (Barka, 1992),
colour contours indicate topography (GTOPQO30) aathlymetry (ETOPO2).

The geological history of Anatolia is characterid®d repeated collisions of continents and
closure of ancient oceanSehgoér and Yilmaz, 1981; Bozkurt and Mittwede, 20Dilek and
Pavlides, 2006; Robertson and Mountrakis, 2006 i#mnants of the former oceanic basins
are marked by several suture zones traversing Aaatdh exposed ophiolites (Robertson and
Ustadmer, 2004). The NAF in northwest Anatolia dals the Intra-Pontide suture, which
separates the Istanbul zone in the north from #i@ya zone in the south (Elmas andithias,
2001; Okay et al., 2001b).
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Fig. 1.3: GPS observations in the eastern Mediteean region in a fixed European reference
frame. Velocities of the Arabian and African Plates from rotation rates around the Euler
poles of the plates.

Fig. 1.4: Seismicity (M>3) between 1973 and 2007S@$-NEIC) and earthquake focal
mechanisms from 1976-2007 (Harvard CMT) in theezastiediterranean region.



1.2.2 Marmara region

In northwest Anatolia the NAF splays into sevenarthes (Barka and Kadinsky-Cade, 1988;
Armijo et al., 1999) (Fig. 1.1; 1.5). The northdsranch enters the Sea of Marmara at Izmit,
runs beneath I1zmit Bay (Alpar and Yaltirak, 2002ri@ier et al., 2006; Dolu et al., 2007) and
passes the Sea of Marmara, therefore termed adaimeMarmara Fault (MMF). Further to the
west it crosses Gelibolu Peninsula as Ganos Fanders the Gulf of Saros (Yaltirak et al.,
1998; 2000) and traverses the Aegean Sea to G(€agmaz et al., 1991). The middle branch
passes Iznik Lake, follows the southern shore efMlarmara Sea from Gemlik Bay to Kapida
Peninsula (Yaltirak and Alpar, 2002; Kurtgland Canbay, 2007), where it turns to SW. The
southern branch forms the southern rim of the B@saben and enters the Aegean south of
Biga Peninsula. This branching was attributed witfiluence of the extension associated with
the Hellenic subduction zone and to the fact thatNAF increasingly deviates to the west from
a small circle around the Euler Pole of the AnatolPlate (Le Pichon et al., 2003), requiring
extension. As a consequence, in northwest Anatigfarmation is distributed across a broader
zone compared to central Anatolia. About 80% of tektive plate motion between the
Anatolian and Eurasia Plates are commonly ascrtbethe northern branch (Meade et al.,
2002), which means a slip rate of ~20 mm/yr in cafseotal 24 mm/yr relative plate motion
(McClusky et al., 2000).
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Fig. 1.5: Topography (GTOPO30), bathymetry (ETOP&®®@ Ifremer), faults (Armijo et al.,
2002), cities and names which will be referred to.

Following the 1999 Izmit earthquake numerous gesiglay experiments were conducted to reveal
the morphology of the Sea floor and the fault tsatee Pichon et al., 2001; 2003; Armijo et al.,
2002; Goksan et al., 2003), the subsurface structures usisgigs (Wong et al., 1995; Okay et al.,
1999; 2000; Aksu et al., 200Dnren et al., 2001; Gokan et al., 2002; Parke et al., 2002; Dengirba
et al., 2003; Rangin et al., 2004; Carton et 80,72 Kanbur et al., 2007; Laigle et al., 2008; Béte
al., 2009), and the seismotectonics beneath ilMgnenara Sea from microseismicity (Eyigm,
1988; Gurbuz et al., 2000; Orgulii and Aktar, 2@8drs et al., 2002; Ito et al., 2002; Karabulut et
al., 2002; (")zalaybey et al., 2002; Polat et aD220 Pinar et al., 2003; Aktar et al., 2004; Sa#l.e
2004; Bohnhoff et al., 2006; Bulut and Aktar, 20Bdjut et al., 2007).

The northern branch exhibits three major bendfienMarmara Sea. (1) The releasing bend at
the western end of Izmit Bay (Tuzla Bend), (2) lead SW of Istanbul (Istanbul Bend), and (3)
the restraining bend at the western TekirBasin (Ganos Bend) (Fig. 1.6). The Prince’s Istand
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Segment between the Tuzla Bend and the Istanbull Bgs slightly to SW and follows the
base of a major bathymetric scarp at the northennof the Cinarcik Basin that exceeds one
kilometre in height. The Central Segment betwetantzul Bend and the Central Basin is rather
straight and vertical. The Central Basin is boundeds rims by outer and inner faults, which
steeply dip towards the main branch. At the GarnarsdBhe fault dips to the NW.

The North Marmara Trough is a distinct bathymettépression along the northern branch of
the NAF (Fig. 1.6) that comprises three major bsisih) the Cinarcik Basin in the east, (2) the
Central Basin in the middle and (3) the Tekirddasin in the west. These are bounded or
transected by the NAF and are up to ~1200 bsl. Bdsins are separated by the Central High
and the Western High, respectively. Smaller basires the Kumburgaz Basin at a minor

stepover or restraining bend of the Central Segrardtthe Imrali Basin that is associated to a
north dipping normal fault in the south of the Mana Sea and almost filled by sediments. The
basins are not only bathymetric depressions butesen more expressed in the basement
topography since sediment thickness was inferregikteed 5 km in the Cinarcik and Central

Basins (Carton et al., 2007; Laigle et al., 2008)e shelf areas in the northern and southern
Marmara Sea are of shallow water depths < 100 gir{Eet al., 1997).
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Fig. 1.6: Map of the North Marmara Trough with bgthetry (Ifremer) and faults (Armijo et al.,
2002; Carton et al., 2007).

40°'N

Fig. 1.7: Seismicity between 1990 and 2007 (Kandidtalogue) and historical M>6.8
earthquakes during the last 2000 years (Ambraszgi?).

Seismicity is concentrated beneath the CentralBaise Western High and to the south of the
Tekirdas Basin as well as in the area around Bursa aneédlgernmost Cinarcik Basin and on
Armutlu Peninsula (Fig. 1.7). In contrast, the CantSegment, the Central High and the



11

southern part of the North Marmara Trough are r&atdy quiet. Epicentres of large historical
earthquakes cumulate predominantly at the nortbeanch, suggesting that this is the more
active branch as also indicated by geodetic obSeng(Straub et al., 1997). From a number of
these also tsunamis are reported (Yalginer e2@02).

Several tectonic models have been proposed fdvitttenara Sea. It was interpreted as a system
of pull-apart basins (Armijo et al., 2002), whereadkers pointed out there was a pull-apart
system, which is inactive now (Rangin et al., 2004)e view of a single through going pure
strike-slip fault was contended based on the obsiervthat focal mechanisms along the MMF
show predominantly strike-slip faulting and thatcdmes close to a small circle around the
Euler pole of a Marmara block, while extensiorgikein up in the eastern Cinarcik Basin by slip
partitioning and by the southern strand of the N@AE Pichon et al., 2003). More recent
interpretations assume the basins as asymmetrfigtedens (McHugh et al., 2006) and the
whole fault system of the Marmara region includthg middle branch of the NAF as a large
scale negative flower structure (Aksu et al., 2008xal, 2007; Laigle et al., 2008).

1.3 Seismic hazard assessment

This section briefly outlines the general workflaivseismic risk assessment and defines the
role of seismic hazard assessment therein. Furtrernit is explained how this work
contributes to seismic hazard assessment (1.3t.cbmmonly applied methodologies for
assessing seismic hazard are summarised in 1.32,emphasis on the Marmara region.
Possible sources of uncertainty therein are idedtif 1.3.3.

1.3.1 From seismic hazard to seismic risk

“In the framework of hazard and/or risk assessrstrties, the hazard describes the probability
of occurrence of a potentially destructive natyptaénomenon in a defined area within a defined
time period.” (Grunthal, 1984). Whereas seismic andzaddresses the occurrence of an
earthquake, seismic risk describes the impact gfoeential earthquake on human lives,
buildings, infrastructure and economy.

Seismic risk assessment is of importance in eaatkependangered megacities that experience
rapid growth in population and take in a key ratethe country’'s economy. Favourably,
knowledge of expectable damage could lead to ntitigaof losses by planning of disaster
management, preparedness programs for populatidrinstitutions, introduction of building
codes and responsible city planning. For the ditistanbul an earthquake master plan has been
worked out with this purpose (IEMP, 2003). The difaration of loss potential is also
important for both insurers and reinsurers.

The architecture of a seismic risk assessmentaifpiconsists of four inter-connected modules:
the Hazard Module, the Exposure Module, the Vulniéitga Module and the Financial Module
(e.g. Bendimerad, 2001; Fig. 1.8). The Hazard Medgubvides information on the occurrence
of earthquakes in space and time and their magnitad associated expectable ground
motions. The Exposure Module is a compilation afakion, type, occupancy and value of
properties. The Vulnerability Module consists oftatmses and algorithms for calculating
damage quantities given a ground motion for theosdpe (e.g. buildings, business
interruption). Eventually, the Financial Modulertstates damage obtained in the Vulnerability
Module into loss. An example for a seismic riskdstus the CEDIM Megacities project
focussing on the city of Istanbul, which was condddy GeoForschungsZentrum Potsdam and
University of Karlsruhe (http://www.cedim.de).
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Fig. 1.8: Workflow for seismic risk assessment.

Within this framework this thesis deals with thezelad Module (e.g. Frankel, 1995), that can be
subdivided into two main parts (Fig. 1.8). Thetfiome aims at estimation of magnitude and
probability or time of a future earthquake in aegivarea. The second part provides a ground
motion intensity parameter, mostly peak ground lacagon (PGA), at each site in the area of
interest for a given earthquake. This can be dgnesing attenuation relations, which rely on
data recorded during past earthquakes and relatmgmmotion to distance from the source for
a given magnitude and can also account for sigctsfand potential liqguefaction (Sadigh et al.,
1997; Akinci et al., 2006; Bindi et al., 2006; 2Q00&lternatively, rupture and wave propagation
are modelled while taking spatial variations ofsgdc velocities, density and wave attenuation
into account (Pulido et al., 2004; Goto et al., 208orensen et al., 2006). This thesis deals
exclusively with the first part of the Hazard Moduli.e. up to the point of earthquake
occurrence, and not with the subsequent effecas @arthquake on ground motion, damage and
loss. Thus, if the term “seismic hazard” is usety;, the first part is addressed.

1.3.2 Methods of seismic hazard assessment

In the following a summary is given on how the acence of earthquakes in space, time and
their magnitude is commonly estimated. Most apgdreacin this respect rely on statistical
evaluation of seismic catalogues. The simplesthgagke occurrence model is the Poisson
Model, which assumes that earthquakes are tempoaalll spatially independent (Cornell,
1968). For the Poisson model commonly the GutenBécbter magnitude-frequency relation
(Richter, 1958) is used to define the recurrenoe tf an earthquake with specified magnitude.
Preferably, the region of interest is subdividedeneral areas of similar seismicity (Erdik et al.,
1985; 1999; Koravos et al., 2003; Oncel and Wil2096; Sayil and Osmansahin, 2008).

As large earthquakes are mostly confined to faaltiser than being distributed over areas the
concept of characteristic earthquakes was intratlu@chwartz and Coppersmith, 1984,
Youngs and Coppersmith, 1985). It is assumed thatikh segment is repeatedly ruptured by a
characteristic earthquake with certain magnitudel amerevent time. Since conditional
probability of a characteristic earthquake increaseh elapsed time since the last event, this
kind of earthquake occurrence is described by @-tlependent renewal model (McGuire,
1993) in narrow seismic zones that represent iddadi fault segments (Atakan et al., 2002;
Erdik et al., 2004). Among the renewal models heslognormal (Nishenko and Buland, 1987)
and Brownian passage time (Matthews et al., 206#)ability density functions that distribute
around some mean interevent time and account faability on earthquake recurrence. The
mean interevent time and its variability are eitligrectly inferred by exploiting seismic
catalogues (Parsons, 2004) or they are determiasedbon fault slip rates. One possibility is to
divide coseismic slip of past earthquakes by tierate on a fault (Parsons et al., 2000; Erdik
et al., 2004). Another possibility is to replace tlecurrence rate by an annual activity rate of
characteristic earthquakes that is defined by #i® rof the annual seismic moment to the
seismic moment of a characteristic earthquake, evtiexr annual seismic moment is determined
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by the fault slip rate (Kalkan et al., 2008). Thertpining data for the magnitude of
characteristic earthquakes, coseismic slip, fdipt rmtes, mean interevent times and elapsed
time since the last earthquake in the Marmara $gom come from earthquake catalogues
(Ambraseys, 2002; Oncel and Wilson, 2006), surfage#ure measurements (Barka, 1996;
Altunel et al., 2004), paleoseismological analydesckwell et al., 2001; Klinger et al., 2003),
geodetic observations (Straub et al., 1997; Ayhaal.e2002; Le Pichon and Kreemer, 2005;
Reilinger et al., 2006), geological investigatigdsmijo et al., 1999), dating of soil specimens
marking fault-related offsets or originating fronarthquake-interrupted sedimentary layers
(Polonia et al., 2004; McHugh et al., 2006), andsiderations on fault segmentation (Barka
and Kadinsky-Cade, 1988; Pondard et al., 2007 )eXmctable, the results of a renewal model
significantly differ from those of the Poisson mb@@arsons et al., 2000; Atakan et al., 2002;
Erdik et al., 2004).

The pattern of the recent earthquakes along the MAdpace and time gave rise to consider a
possible correlation between them. However, eagkguriggering and fault interactions are not
considered in standard probabilistic descriptiohsearthquake occurrence. During the last
decade quantification of static stress changes &aulh due to a nearby earthquake became
established with the concept of Coulomb Failures{CFS) changes introduced by King et al.
(1994). It is based on the Coulomb failure critertbat relates the shear stressecessary to
overcome the resistive forces determined by thenabrstresso, on the fault, its friction
coefficient g and cohesiony@laeger and Cook, 1969):

T=HEOn—P)+ G (1.1)

The pore fluid pressure; reduces the normal stress on the fault. CFS clsathge to a nearby
earthquake and tectonic loading are calculatechol §egments as

ACFS =AT + p'Ac, (1.2)

whereAt andAg, are the changes of shear stress and normal stnesdault, respectively. In
ACFS studies mostly an effective coefficient oftfidn 1 is used, which accounts for pore fluid
pressure (eq. 3.1; e.g. Lorenzo-Martin et al., 2000sitive values ofACFS indicate that the
considered fault is brought closer towards failuregative the contrary. Hence, th€FS
concept is a valuable tool to state increased oredsed hazard on a fault due to a near
earthquake. A range diCFS analyses were performed focussing on the NA&N(&t al.,
1997; Muller et al., 2003; Lorenzo-Martin et alQ08), including the Marmara Sea region
(Nalbant et al., 1998; Hubert-Ferrari et al., 200@rsons et al., 2000; Cakir et al., 2003a;
Pondard et al., 2007), which brought about thabatrall earthquakes of the sequence occurred
on fault segments, that previously experiencednarease in CFS due to the earthquakes
before and that the 1999 Izmit earthquake incre&$e®l on faults beneath the Marmara Sea.

The principle problem with the concept of CFS chemig that it provides no direct information
on what stress changes mean in terms of probalstignges of future earthquakes, unless
additional information on earthquake recurrencesand fault slip rates is available. This is
illustrated in Fig. 1.9. Yet a small stress changeild be sufficient to trigger an earthquake, if
the respective fault is close to failure, whereasnea large stress change will not cause an
earthquake if the fault is far from the criticalests state. In order to incorporate stress changes
into probability calculations either a temporal adge or delay in the seismic cycle (‘clock
change’) is performed or an adjustment of the mecwe interval by adding the clock change to
it (Parsons, 2005). For calculation of the timdtstorresponding to a stress change, knowledge
of annual stressing rates on a fault are requifée. stressing rates are mostly modelled by
imposing slip on the faults below the locking deatates deduced from geodetic observations.
Additionally, recurrence rates of earthquakes awuired in order to establish a link between
change in time till the next earthquake and prditglwhange. When considering stress transfer,
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Parsons (2004) found an increase of earthquakeapildap in the Marmara Sea by 10 % and
more (Parsons, 2005). The probability of a M>7 leqraike in the Sea of Marmara within the
next 30 years was reported as 62 % (Parsons, 2004).

A

e

Fig. 1.9: Mohr cycles indicating the state of str@m a fault prior to an earthquake (bold lines
A and B), and after an earthquake with increasesliear stress (thin lines) or decrease in
normal stress (dashed lines). Note, that in cagwén a large coseismic stress change does not
lead to failure, whereas in case B a small strdmmge causes slip on the fault.

These are the most widely used methods to estigesmic hazard. Apart from these there
were other methods applied in the Marmara regioat, tainly differ by their way on how to

deduce information from seismic catalogues, e.gc@yputing cumulative seismic moment
(Cisternas et al., 2004), cumulative Benioff stréifarakaisis et al., 2004) or multifractal

dimensions in predefined areas (Oncel and Wils60422006).

Estimation of earthquake size

A first order approximation of the size of an eqtthke on a given fault segment (characteristic
earthquake) can be made using the analytical salutiat exists for simple fault geometries
(Kanamori and Andersen, 1975). The stress dims related to mean slip u by

Ao = Cu%, (1.3)

which is essentially Hooke’s Law, where L’ is a id@eristic rupture dimension, u/L’ the strain
change, p shear modulus and C a geometry facteade of a circular fault, L’ is the radius of
the fault and C =7¥16. For a “rectangular” strike-slip fault of infteilength, L' = W, where W

is fault width, and C = 2 Assuming a value foAog, which is typically about 3 MPa for
interplate earthquakes (Kanamori and Andersen, )1 @t taking g ~ 30 GPa, the mean slip
can be calculated, that in turn can be used totfiaccorresponding seismic moment

Mo=H A, (1.4)

where A is the fault area. The moment magnitugeg(iWanks and Kanamori, 1979) is given by
M, :glog(MO) -6.0. (1.5)

The expectable size of an earthquake can be atdmagsd from intensities of historical

earthquakes using attenuation relations (e.g. Ray2904) or from empirical scaling relations
linking source dimensions to slip and seismic mameased on compilations of observed
earthquakes (e.g., Wells and Coppersmith, 1994).
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1.3.3 Sources of uncertainty in current seismic hazd assessment

Of course, the probabilistic standard approachskismic hazard assessment following the
concept of temporally and spatially equally disitéd small to intermediate seismicity and
characteristic high-magnitude earthquakes on pdatidault segments, as described in 1.3.2, is
a well established methodology for several goodsona. It allows mapping of expectable
ground motion over arbitrary large areas and fgrtame period and is principally possible with
moderate effort, provided a seismic catalogue &lavle (Kagan and Jackson, 1994; Giardini,
1999). In particular, the long-term behaviour dassgcity should be well reflected by this kind
of approach. With the incorporation of CFS changk® short-term effects and part of the
physical background of earthquakes become repext@mearthquake probability calculations.

While methodology itself is approved, results depen the data behind. In other words, “a
probabilistic hazard analysis is no better thanagaghquake catalogue on which it is based.”
(Parsons et al., 2000). This concerns in partictilar basis and starting point of probability
calculations of earthquake occurrence, which is tiean recurrence rate of characteristic
earthquakes (e.g. Atakan et al., 2002; Parsongl)2iGault slip rates (e.g., Kalkan et al., 2008;
in press) or both (e.g., Parsons et al., 2000;keztlal., 2004). Another issue are adopted fault
segmentation and geometry that affect estimatibesuwhquake occurrence.

(1) Recurrence rates of characteristic earthquakes

The variability of the mean interevent time thafies the width of the probability density
function, strongly influences and reduces precigibmesulting probabilities (Parsons, 2004).
Although for the Marmara region a wealth of seistyidata is available including probably all
major earthquakes during the last 2000 years (Asdys 2002), it is nevertheless difficult to
assign mean recurrence rates to individual fagtremts with appropriate precision. This lead
Parsons et al. (2000) to the statement that “Nal@gtie is adequate to estimate the coefficient
of variation of the interevent time”, despite tbad and detailed seismic record that is available
for the Marmara Sea region.

One reason for the difficulty to determine mearurssnce rates of characteristic earthquakes in
the Marmara Sea is related to the localisation isfotical earthquakes that is hampered by
several factors. The offshore origin of earthquakesplicates their localisation that is
generally based on intensity distributions onslvanech in turn is dependend on the distribution
of settlements. There is reason to assume thandrowtion in the Marmara Sea does not
exclusively depend on distance to the source bat there is laterally anisotropic wave
propagation and that site effects obliterate arcleealisation. Therefore, even systematic
mislocations of historical earthquakes are posshaewill be discussed in more detail in 5.2.1.

Another issue in the context of earthquake receeeates is the complexity of the fault system

of the NAF beneath the Sea of Marmara that is cteriaed by several fault strands that exhibit

bends, various dips and are oriented in both @as#lg or restraining sense with respect to plate
motion. Due to the various interconnections withircomplex structural setting, patterns of

high-magnitude seismicity in time and space mustecessarily repeat in a similar manner in

the next seismic cycle compared to the previous.one

The consequence of uncertainties in localisatiath iaterconnections within a deforming fault
system is that one cannot discern what recurreates and what aperiodicities are, in particular,
if only a few earthquakes are used. Parsons (26ld@)ed that “an earthquake history that is
well characterised by paleoseismic and historiteleovation can be fit with a broad range of
interevent time and aperiodicity models, all witoat equal choice of being correct.”

Resulting probabilities not only depend on the labdé data base but also on conceptual
assumptions related to recurrence rates. Sorneite Knopoff (1997) found “statistical
estimates of recurrence times ... to be very semsitiy assumptions about statistical
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distributions” i.e. choice of the probability detysifunction (Parsons, 2005). Resulting
probabilities also depend on whether coseismisstchanges are incorporated into probability
calculations by time shift or change in mean interd time (1.3.2; Parsons, 2005).

(2) Fault slip rates

A crucial issue for seismic hazard assessmentaitedlip rates, that become relevant, i) if used
to estimate earthquake recurrence rates by assupgiogl coseismic slip (Parsons et al., 2000;
Erdik et al., 2004), ii) if used to quantify annwsicurrence rates of characteristic earthquakes
for a given fault segment and magnitude (Kalkaralet 2008), iii) if used to infer annual
stressing rates on a fault in order to transfeeisosic stress changes into probability changes
(1.3.2) (Parsons et al., 2000), which is commomigedby imposing slip at that rate on the fault
in numerical models (Hubert-Ferrari et al., 2000rdntzo-Martin et al., 2006) or iv) if used to
estimate potential coseismic slip and hence madmitf an earthquake, based on the elapsed
time since the last earthquake (Hubert-Ferrarilet2800; Pinar et al., 2003; Armijo et al.,
2005). For these purposes mostly reported geoditicates are employed. At this point two
issues have to be put forward. i) It is not striémwvard to deduce fault slip rates from geodetic
observations. Assumptions such as fault geometsfficient of friction, stiffness of the blocks
moving relative to each other and locking depthracgiired that can significantly influence the
result. ii) It is largely unknown how exactly totedlative plate motion is partitioned on the
respective fault strands in the Marmara Sea dubddnaccessibility of the sea by geodetic
observations.

(3) Fault geometry and segmentation

Accounting for the renewal of characteristic eanddees requires definition of narrow zones
representing the respective fault segments of ctemstic earthquakes. Atakan et al. (2002)
found that their inferred probabilities for earthfge occurrence and ground motion are sensitive
to and considerably affected by their anticipatmdtfgeometry and fault segmentation. Kalkan
et al. (2008) explained that e.g. assuming sewmalller segments instead of a few large ones
will result at a given fault slip rate in smallantbmore frequent earthquakes. Conceri@iS
studies, there are numerous examples showing #mtlting stress changes are strongly
influenced by the geometry of both the fault exgecing an earthquake and the receiver fault
(e.g., Muller and Aydin, 2004; Cianetti et al., B)0For instance, Parsons (2005) found
variations of 40-50% iMACFS when varying the dip of the receiver fault witheasonable
ranges. Mostly, only the first-order features af fhult geometry were considered. Apart from
Parsons (2004) faults were generally implementeplase segments without any curvatures.
Apart from Muller et al. (2006) faults were implemted uniformly vertically. Accuracy of the
fault geometry is also important for proper anratedssing rates on the faults.

It is necessary to point out that the issue ofifiggprecise recurrence rates or fault slip rates as
well as the question of how to implement the faglometry or where to adopt the terminations
of characteristic earthquakes is not a shortcomihthe methodology but merely a practical
matter involving assumptions. It is here, wheres tithesis starts. It contributes to a
comprehension of the seismotectonic framework @udirrence rates in the Marmara region,
provides fault slip rates and gives indicationslfkely rupture lengths. Moreover, the seismic
moment of a future potential earthquake on a giferit segment of the MMF is quantified
dependent on time by modelling coseismic slip ftbmaccumulated stress at that time.

In chapter 2 a concept for a numerical model ofdtustal strain anth situ stress state will be
presented. This concept is dedicated to avoid teeiqusly identified sources of uncertainty
and opens new possibilities in quantitative estiomaf future earthquake source parameters.
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Chapter 2

Model concept

Within this chapter a conceptual framework is pnésé that permits simultaneous modelling of
both the velocity and absolute stress field. Ad bél explained, this can be used as a basis for
estimation of the size of a future earthquake al agefor framing its time of occurrence. At
first, it is explained how to address the sourdesnmertainty in common analyses of seismic
hazard (2.1). In 2.2 the equations to be solvedgasen and 2.3 lists a number of simplifying
assumptions. Finally, 2.4 gives an outline of tthissis by explaining what is done in the
respective chapters.

2.1 Innovations

Resuming the sources of uncertainty in seismic fdaaasessment in the Marmara region, as
identified in 1.3.3, a concept is proposed in thapter, that is intended to account for these
uncertainties or to bypass them. The approach gm@laborate initial stress conditions and the
sub-modelling technique that are briefly introducédter outlining the concept, it will be
briefly discussed.

(1) As concluded in 1.3.3 the mean recurrence tfreharacteristic earthquakes on single fault
segments and its variability is a major cause ofeuwainty in earthquake probabilities.
Therefore, it should be aspired to become indepgrafeboth the mean recurrence time and its
variability.

Within this thesis, a way of estimating size amdetiof a future earthquake is proposed. It does
neither requirea priori information on earthquake recurrence rates noiaal slip rates. It is
based on the absolute stress state whose time-dEpanon a locked fault is modelled during
the interseismic period. The size of a potentiathepake on a fault segment at some time is
estimated by modelling a testing earthquake at titae on the fault segment under
consideration, by releasing the accumulated sheasssaccording to elastic rebound theory.
The state of the fault segment within its seisnyicle at that time is estimated by the ratio of
modelled seismic moment to seismic moment fromisgaklations for the same rupture length.
Expected earthquake occurrence is estimated bgpoiaition using the elapsed time since the
last event or better by modelling testing earthggeadt different times until the ratio approaches
one.

Though the occurrence time can be estimated ondy lahited precision due to the standard
deviations of empirical scaling relations, the dibso stress state may provide further
possibilities for framing the time of earthquakeweence, e.g. by employing the stress state on
the fault directly. With absolute stress, the Moyele indicative of the differential stresses is no
longer unknown as in comma&cCFS studies (Fig. 1.9). Given rock strength paramsewithin a
failure criterion are available, that may be deblecifrom laboratory measurements, the
temporal evolution of absolute stress can be ctiedkavith respect to this critical stress state.
Or monitoring of the increase of shear stress dutive interseismic period with respect to
residual stress may reveal when a stress increasesponding to a typical coseismic stress
drop is reached.

(2) A thorough assessment of strain partitioningss the Marmara Sea is required in order to
unravel how interseismic strain is accumulated seitbe fault system. This task is related to
quantification of fault slip rates in the steadgtetcase. Slip rates have to be inferred not by
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geometrically interpolating geodetic observatiomst instead by a physical interpolation that
considers the discontinuities in the velocity fielae to the various faults as well as deformation
of the material in between. The common techniqub wiimerical models is to impose secular
slip in-plane on the faults at depth. Instead,his thesis secular fault slip evolves freely in
response to stress exerted by the plate tectorgsssis. This is ensured by applying remote
regional velocity boundary conditions exterior bEtMarmara Sea using the sub-modelling
technique. Through this, the faults experienceassiegy or restraining influence dependent on
their orientation with respect to plate motion. fidfere, resulting slip rates reflect the prevalent
dynamics.

(3) For the reasons discussed in 1.3.3, emphasitohae put on the fault geometry that will be
used to model the evolution of stress and straithénMarmara region. In particular, the fault
geometry is important since it affects the strews strain around a fault, and also the resolved
stress on a fault is dependent on its geometryreftie, thorough study of fault maps and
seismic sections is necessary to obtain a sopdiistic3D representation of the fault system
beneath the Marmara Sea.

The approach of simultaneously modelling the vé&jyoand absolute stress field relies on two
basic components, the sub-modelling technique aitili stress conditions, that are briefly
described below.

Sub-modelling technique

The model representing a volume of the Earth’stdsudriven laterally at its sides by applying
velocity boundary conditions. Sub-modelling meahst the boundary conditions prescribed
for the model of interest come from a larger moithelt encompasses the smaller one. This
technique ensures that velocities at the boundafidgse inner model are physically meaningful
since they account for local inhomogeneities, fudttc. in the surrounding. For the larger
model rather simple boundary conditions can bedpeng. the Euler rotations of the involved
plates. More details on that are explained in 3.6.

There are two valuable advantages of driving thelehdrom outside. First, it enables an

independent evolution of fault slip, consistenthagtress as aspired in (4). Second, unlike
imposing slip in plane on a fault, driving the mbdgternally permits that resulting shear and
normal stresses on the fault reflect local devisitvetween fault strike and plate motion.
Therefore, interaction between driving stresses &adt slip, that in turn generates

perturbations in the stress field, is allowed asirdd in (1).

Initial stress conditions

Gravity and application of displacement boundamditions in a geomechanical model require
an initial stress field within the volume under smeration in order to ensure a meaningful
stress state. This will be explained in more deiail3.5. Whereas vertical stress can be
approximated by the load of the overlying rock mé&ssizontal stress is difficult to determine.

Here, a theoretical stress path proposed by Shéb®®4) was adopted that is widely confirmed
by stress magnitude measurements. As will be shappropriate initial stress conditions are of
key importance in any attempt to model absolutesses (4.2.4).

Brief discussion of the concept

The approach applied in this thesis prefers aragts to consider the physical background of
earthquakes, which is basically the elastic reboaindrustal blocks after exceeding a critical
level of stress on a previously tectonically loaéadlt.

With regard to the future and with regard to arréase of precision and reliability of seismic
hazard assessment there will be no alternativategiiating more physics (or physics at all) in
calculations than to date. This is more and motegmrised as statements such as the following
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show. Knopoff (1999) noted: ""What is an earthquak®hat determines its size, and why is it
likely to occur where and when it does?’ Thesepngsics questions; they are not likely to be
solved by statistically unsubstantiable means. \&Aehso far been unsuccessful at prediction
because laboratory and theoretical studies of flysips of deformation and fracture have been
largely unsupported. The problem is not simple; éaav, that does not mean it is insoluble.”
He further pointed out that “Powerful high-speednpaters are needed for high resolution 3D
models of stress and deformation patterns in comg@nmunicating fault systems for
improved hazard and risk simulation" (Fuchs, 2008)an outlook for future efforts to be
undertaken in earthquake research in Turkey Inah ¢2007) stated that “realistic countrywide
estimates of earthquake risk require mapping adtiuts, determining the strain accumulation
and stress build-up as a function of space and déimthese faults ... and better understanding
the interaction between adjacent active fault seqsie

Speaking with the words of Burdick (1964) (in Fucl#09): “Of course, things are
complicated - But in the end every situation camdmiiced to a simple question: Do we act or
not?” This thesis is dedicated to quantitativelytabute to and qualitatively gain insight into
the seismic hazard of the Marmara region on a phl&iasis. This does, however, not imply
that the presented approach for assessing sizémaadf a future earthquake will yield better
results than the probabilities for earthquake aemnge from the standard approach. In some
sense, one uncertainty is replaced by another tamgy, since empirical scaling relations and
fault strength parameters are afflicted with uraiaties as earthquake recurrence rates are.
Therefore, precision of inferred occurrence timefiture earthquakes will be only in the order
of decades. Nevertheless, it is an alternative eainthat may be valuable in particular in
regions like the Marmara Sea, that are characterise a complicated fault system in a
submarine environment, where both recurrence eatdgault slip rates are not easily inferable.
Importantly, fault slip rates can be quantified sistent with stress, while accounting for
deformation in a 3D fault system including secondeeo faults. Though the time of earthquake
occurrence remains uncertain within decades, thgroaph is nevertheless capable of
guantifying time-dependent potential coseismic alg seismic moment in the Sea of Marmara
based on the accumulated stress at the consideredRurthermore, focussing on the evolution
of stress and strain and the interplay of fault motion within the complex tectonic setting of
the Marmara Sea broadens comprehension of the rjogeprocesses acting across this plate
boundary zone and helps to interpret many obsemnstiNot at last, it enables qualitative
insights into earthquake related issues, e.g. typdaulting or variations of earthquake
recurrence rates along a fault.

There is room to integrate probabilistic componémits this approach in view of the variability
of input parameters by performing parameter studieby applying statistical techniques in
assessing the reliability of presumptions concgrrialure on a fault (Uribe-Carvajal and
Nyland, 1985; Haldar and Mahadevan, 2000). Of ayumarts of the results can be also
integrated into the probabilistic standard approac. by applying the deduced fault slip rates
in the framework of Erdik et al. (2004) or Kalkatna¢ (2008).

A requirement for modelling the absolute stress stnain field is that the region of interest is
amply investigated by various geoscientific methtedbuild upon this input data and to control
the model results with respect to their reasonasienThe various campaigns and surveys for
imaging structures and measuring kinematic and mijmaconstraints at the surface and
subsurface during the last decade provide infonafior both model input and model
validation.
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2.2 Conservation of moment and moment of momentum

Within this section the governing equations of pesformed stress-displacement analysis are
given.

Consider a volume V (Fig. 2.1) of arbitrary shapgéhin a larger volume under consideration.
Conservation of moment requires that the tradboces t (force per unit area) acting on every
point on its surface S and the body forcfe{i’x)rce per unit volume) within V sum to zero:

[(tds+[ fdv=0 (2.1)

From conservation of moment also the definitionhaf Cauchy stress vector follows that states
that the internal stresses are given by the sutfacgons on S

t =0 mj , (2.2)

wheren is the outer normal unit vector on S at that paimd

0, O3, Oy
0 =| 0y Oy Oy
O3; O3 Oy

the Cauchy stress tensor. Applying eq. (2.2) ands&a theorem for the surface integral in eq.
(2.1) yields

;0
[.0, M ds= jva_xio” dv. (2.3)

Comparison of equations (2.1) and (2.3) gives

io-ij +fi :0, (24)

0x j

which are the three partial differential equatiofisnoment conservation in a continuum in the
static case.

=

s
1]

Fig. 2.1: Volume V that experiences traction fortasits surface S and body forcésin its
interior.

Conservation of moment of momentum requires thatsthmmation of moments of momentum
with respect to an arbitrary point is zero, in cathe origin:
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M, = jS(Fxf)ds+ jv (rxf)dv =0,

which leads to the conclusion that the stress taaymmetric, i.e.

This means that the stress tensor has only siperdient components. In turn, assumption of
the stress tensor being symmetric implies that exwagion of moment of momentum is
automatically fulfilled.

The equations of conservation of moment (2.4) carekpressed in terms of displacements
using the stress-strain and strain-displacemeatioes (Jaeger and Cook, 1969, p.111). The
displacements;are determined by the strain-displacement relation

1(0u; au,

El] =— ! + ! @'
2{ 0% 0x

whereg; is the strain tensor with six independent comptsien

Stress is related to strain by the constitutiveatiqns. Via the constitutive relations the
properties of the material come into the equat@fronservation (2.4). In the linear elastic case
Hooke’s law

0j :Cu'kl & (2.6)

describes the stress-strain relations, whejg i€ the elasticity tensor. In the isotropic and
homogeneous case, the elasticity tensor is defigedio independent parameters

Cix =)‘§j Q +H(§k§ +Q §< ) (2.7)
whereA is Lamé’s constant and p shear modulus, so thdRds) becomes
0; =AQ; & * 21 k<)

Alternatively, eq. (2.8) can be written in terms¥Yafung’s modulus E and Poisson’s ratithat
are linked to\ and p by the relations

VE

A :m and (29)
_ E
u =) (2.10)

The conservation equations together with the cuiste equations and strain-displacement
relations fully describe the way, in which stresaed displacements vary in the interior of the
volume. Therefore, an elasto-static boundary vglugblem for an isotropic homogeneous
medium is a system of 15 independent equations eapuéhl number of unknowns (three
conservations equations, six constitutive equatinmssix strain-displacement equations).

Depending on whether the boundary conditions obthendary value problem are prescribed in
terms of stresses or displacements, the problemititen as stress formulation or displacement
formulation. With prescribed displacement boundawgditions the conservation equations are
formulated in terms of displacements. In the igutdhomogeneous case, the stresses are given



22

and eliminated by the constitutive relations (2R¢placing the strains by displacements using
eg. (2.5) gives

ou. _
0 =A9, 2 +tH L (2.11)
0X, ox; 0X;
Differentiating eq. (2.11) yields
00, 2 0°u, 2y
o - 0°u, o U, +a u2I (2.12)
X, 0X, 0X; ox,0x;  0X;

Inserting eq. (2.12) into eq. (2.4) and regrouings
(A+p)D(D )+ o2 U+ F= 0 (213

which are the Navier-Cauchy equations that give ¢baservation equations in terms of
displacements. Once the displacement field is tatled, the strains are given by eq. (2.5) and
these can be inserted into the constitutive egusitio solve for stresses.

Besides linear elasticity expressed by Hooke's there are other constitutive relations that

describe e.g. plastic or viscous material behavibbese stress-strain relations involve further

material parameters and non-linearities can appeay, in case of temperature driven

dislocation creep that is described by
£=Ac"e "

where € ando denote the second invariants of the deviator&sstand strain-rate tensors,

respectively, A, n and Q (activation enthalpy) euaerial parameters, R is gas constant and T is
temperature (e.g., Tsenn and Carter, 1987).

Equations (2.4) describe the static case whichsigezial case of the time-dependent equations
of motion

I :pazui
ox, ' at?

, (2.14)

where t is time ang density.

In case of a tectonic system, the following typemechanical forces can be found that control
its dynamic evolution (e.g. Ramberg, 1981). Thstfierm on the left hand side of eq. 2.14 can
be associated with

I) Stresses that act at the boundaries of the derexi volume. These stresses are transmitted
through the interior of the volume in a manner oaied by the geometric pattern within the
volume, by the mechanical properties of the roak laynthe acting body forces.

i) Internal stresses within the volume due to ttastrain and viscous drag. These stresses can
be understood as response of the volume to extstredses. Local imbalance between the
surface stresses and the body force of gravityasaredative motions within the volume, that act
to readjust the unstable mass distribution in ibie ©f gravity.

ii) other internal stresses as stresses due tommIchange (e.g. by phase change, melting,
thermal expansion) or fracturing.
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The second term on the left hand side of eq. (A&aptes the body force of gravity that acts on
every material particle in the volume. The termtloa right hand side in (2.14) denotes inertial
forces of accelerated masses.

Provided, the boundary conditions are specified, hbundary value problem is completely
defined and theoretically, an exact analytical sotufor the set of conservation equations in the
whole volume can be found. However, practicallys tisi not feasible due to the complexity of
the problem, which primarily arises from the geamefTherefore, the exact continuum

conservation equations are approximated at a fimitmber of points within the volume and

averaged between them. For this purpose, equafhiy are rewritten as the virtual work

statement, which is the basis for application of finite element method (App. 1). The

numerical problem was solved using the commercinitef element software package

ABAQUS™.

2.3 Assumptions

In the course of modelling the geodynamics of tharmbhra Sea region a number of
assumptions are made that are either brought &lydacking knowledge of actual material and
state properties at depth or because they can s&@mas to be negligible compared to
uncertainties in other sources of stress.

The sources of stress mentioned under iii) in 22stresses due phase changes and thermal
stresses due to temperature changes are not catside

Negligence of inertial forces

Since the secular movements in the Earth’s cresvary slow, the inertial term in eq. (2.5) is
neglected. In case of earthquakes this term inflesnrupture propagation and has to be
considered. However, in this thesis only the statiess drop is addressed and neither the
propagation process of rupture nor the radiatioengirgy by seismic waves.

Constant gravity

Gravitational acceleration is assumed to be cohgtarr 9.81 m/s?), depth-independent (the
models extend at most down to 42 km depth) and danch directed.

Rectangular box instead of spherical shell

The considered volume of the Earth’s crust is assumis a rectangular box, which is an
adequate approximation of the Earth’s sphericgbsitue to the limited dimensions of the area.

No pore fluid pressure

Pore fluid pressure;®s not included explicitly. This is a strong asgtion, since effective
stresses in the Earth’s crust may strongly depeng ¢e.g. Engelder and Fischer, 1994). The
effect of R on stress in rock is mainly twofold. First,iRcreases horizontal stresses within the
rock as will be shown in 3.5.1. However, the esshigld prestress in the model accounts for this
increase in horizontal stress by 8econd, Preduces the normal stress on faults right abaut th
magnitude of P(eq. 1.1). Thus, slip on a fault is more likelycg the critical shear stress, that
the fault can withstand, becomes smaller. In ottends, RPshifts the Mohr cycle to the left, so
that it comes closer to the failure envelope defibg the static coefficient of friction p (Fig.
1.9). In the model an effective coefficient of fiim ' is assigned to the faults that accounts for
P and whose magnitude is discussed in 3.2. Pordsfloan get relevant on motions and
effective stresses both during the months befothd et al., 1973) and after large earthquakes
(Masterlark and Wang, 2002; Jénsson et al., 20D8)ing the long interseismic loading time
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however, possible changes in pore space addvelop slow enough that the fluids can follow
without significant delay.

Strong crust-mantle coupling

It is assumed, that on crustal scale there are ajormertical gradients in horizontal velocity.
This issue is related to the question, whethepdifiheric plates are driven by viscous flow in
the mantle or by lateral push and pull from theaaépt plates or both, which is a matter of
debate. In case of plates driven by basal sheawettical gradient in viscosity determines the
coupling between mantle and crust and hence théhdgpadient of lateral velocities. Here,
vertically uniform velocity boundary conditions aspplied to drive the model from the sides.
This implies a strong crust-mantle coupling. Frdm €ast, most probably the lateral push from
the Arabian Plate is dominant in conformity to thssumption. From the southwest it is
possible, that a corner flow cell is establishethimHellenic subduction zone, which would pull
the Marmara region from beneath. Hatzfeld et @0(9 found shear wave anisotropy in the
broader Aegean with the direction of fast polai@atand the magnitude of delay times in good
correlation with the present-day strain rate obsgrat the surface deduced from both geodetic
measurements and seismicity. This may be intefpieetes strong crust-mantle coupling. Biryol
et al. (2008) made the same observation for the BAd-concluded “that the upper mantle and
upper crust are deforming coherently, suggestimgekistence of either strong coupling or
similar boundary conditions”. Thus, this is confotm the assumption. Anyway, this work
focuses on upper and mid crustal levels, whereadtigin of plate motion should play a
subsidiary role compared to interactions withinthigle crust.

Elastic rheology

Based on the above assumption it is consequersstee elastic rheology. In one special case
plasticity will be considered but only as a postessing rheology, which means that a

modelled stress state obtained with elastic rhgolegompared to a failure criterion afterwards

(4.2.3.1).

At first glance, the assumption of elastic rheolegems to disregard the fact that on longer
time-scales rock behaves like a viscous fluid ispomse to differential stresses, given
temperature and pressure are high enough. Thigiderd from laboratory experiments (e.g.

Tsenn and Carter, 1987), from postglacial reboung. LLarsen et al., 2005), from postseismic
viscoelastic stress relaxation (e.g. Pollitz ef 2001) and from the anisotropy of seismic
velocities and shear wave splitting due to therayeaent of olivine minerals in a preferred

orientation during flow (e.g. Hatzfeld et al., 2001

The role of viscoelasticity might be most importamttransient phenomena such as creep of
decreasing rate in response to a sudden stresgechansed by an earthquake. Lorenzo-Martin et
al. (2006) modelled the effect of postseismic stnedaxation following the earthquakes of the

recent sequence along the NAF and found that tkessthanges due to viscoelastic relaxation
partly reach rates of the same order as the sdoalding rate. However, they assumed linear, i.e.

time-independent, and decidedly low viscositie§& 0" — 13° PdJ and provide no comparison
with postseismic GPS observations. Viscositiedig tange are reported for areas of much higher
temperatures, in case of non-linear power-law craeg only during a few months after an
earthquake (Pollitz et al., 2001; Pollitz, 2003;r¢et and Heidbach, 2006). Birgmann et al.
(2002) and Hearn et al. (2002) attributed the pdmtic motion following the 1999 Izmit
earthquake to frictional afterslip on and belowigture plane.

Assuming uniform viscosity would not meet the prédeeterogeneities in temperature (Tezcan
and Turgay, 1991; Pfister et al., 1998; Aydin et 2005) and lithology (e.g. Elmas, 2003)
which are difficult to quantify. The question ispvirever, whether viscous rock behaviour is
necessary to accomplish the goal of a meaningfakstand strain field that can be used for
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seismic hazard assessment. The presence of sg¢ysdoein to ~ 20 km depth in the Marmara
region (e.g., Bagiet al., 2002; Sato et al., 2004) can be takenirgs that significant viscous
creep rates are not expectable in upper and mistatrlevels, which is the zone of interest.
Besides, a ductile shear zone beneath a fault magffectively represented by a prolonged
contact surface allowing frictional slip at depth.

The influence of viscoelasticity should increasdang-lasting processes. However, there are
examples suggesting that viscous rock behaviounoisrelevant even on long timescales.
Hubert-Ferrari et al. (2003) successfully modelibd propagation process of the NAF with
purely elastic rheology although this process dgyed during geological timescales. Similarly,
Armijo et al. (2003) explained the past and presyatiution of the Aegean by linear elastic
fracture mechanics. ‘Long-term’ elasticity was esdkto explain the effective elastic-brittle
behaviour of continental crust although it is nlatstéic at all depths, as well as its capability to
preserve strength over long periods (Armijo et2003; Hubert-Ferrari et al., 2003). This holds
even more for the timescales considered in thikwor

2.4 Agenda

Here, it is described how to attain the absolutesst state in the crust practically, and the
workflow putting the model concept into practicedstlined. The explanation of the steps
leading to this goal concurrently imparts an ovewbpn this thesis.

Fig. 2.3 enumerates the various input informatmthe model and sketches how the output is
used in several regards. The “ingredients” of tredeh are described in detail in chapter 3.
Accomplishing the objective of the absolute stretsge requires comprehensive information
especially on geometrical constraints. Topographg #&athymetry (3.1.1) predominantly
influence the vertical stress in the subsurfacedbsd horizontal stress magnitudes and their
orientations and not least the normal stressesaoitsf The same accounts for basement
topography and Moho, that represent spatial chamgeensity and elastic properties (3.1.1).
The active 3D fault system is implemented as setiofed and dipping contact surfaces, whose
slipping behaviour is governed by Coulomb frict{@nl.2).

The model is subjected to gravity and also the dstaitic pressure exerted by the water load is
considered (3.4). Plate tectonic boundary conditiaocounting for the regional geodynamical
setting of the Marmara Sea area drive the modelppyying the sub-modelling technique (3.6).

A decisive step within this approach is the pransof an initial stress state in the model in order

to obtain realistic stress magnitudes. The backgtaxpounding the necessity of prestressing is
given in 3.5.1. A technique of how to appropriatphgstress a geomechanical earth model was
developed (3.5.2), that employs the state of sipesgosed by Sheorey (1994). The impact of

prestress on stress regime, critical stress siatbkinematics is demonstrated in 4.2.4.

The model output is the 3D displacement and sfiekk Whether or not the model output is
reasonable is controlled by comparing modelledsstrand displacements or derivative
gquantities with independent observations such aS @#ervations, fault slip rates, seismicity,
stress orientations from earthquake focal mechan@mmorphology (chapter 4).

Once appropriate boundary conditions and materigphgrties are found that yield a velocity
and stress field that is in good agreement to ehsiens, the full 3D stress and displacement
field in the model volume is available and conduethe comprehension of ongoing processes
(chapter 4). In particular, the resulting velodiyd stress fields provide information related to
seismic hazard (4.3).
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steady-state model (4) time-dependent model (5)
(unlocked faults) (locked faults + historical earthquakes)

-

historical earth

boundary con- model input (3) | [uakes(5.2) geometry (3.1)
ditions (3.4:3.6)

. topography /
gravity (3.4) prestress (3.5) material bathymetry (3.1.1)
water load (3.4) properties (3.3) basement

topography (3.1.1)

plate tectonic boundary \

conditions (3.6)

Moho (3.1.1)

3D fault system (3.1.2)

friction
coefficient (3.2)

’

independent output scenario earthquakes (5.5)

constraints

-GPS | U

- slip rates comparison )

- focal mechanisms (4.1:4.2:5.3:5.4) displacements

- SH orientations <::> Stress

etc.
comprehension and illustration Implications for seismic
of regional tectonics (4.1;4.2) hazard (4.3; 5.5-5.8)

Fig. 2.3: Workflow of this thesis. The model geoyné@icorporates the active fault system
(yellow), topography and bathymetry (solid and sparent light blue, respectively), basement
topography (dark grey) and the Moho (blue). Greemds indicate the model input, pink box
the model output and purple the validation procediRed boxes and arrows refer to the time-
dependent stress and strain evolution consideriregg deismic cycle, used to estimate source
parameters of potential earthquakes. Light blue dsoindicate qualitative and quantitative
conclusions for regional geodynamics and seismraflthbased on the model output. Numbers
in parentheses refer to the corresponding chapter.
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Basically, two versions of the model are consideYgtereas the first addresses the steady-state
evolution of stress and strain (chapter 4) the rsg@@corporates the effects of the seismic cycle
(chapter 5). Practically, the difference between ttho is that in the steady-state model faults
are unlocked allowing continuous slip on the fagulikereas in the time-dependent model faults
are locked at seismogenic depths accounting fesstaccumulation on the fault. Stress is
released by slip when the fault is unlocked.

The steady-state model is dedicated to infer falyit rates and to reveal and apprehend the
characteristics of the stress field that emergéenduhe secular process of relative plate motion.
The time-dependent model is used for accompliskiiegcontemporary state of stress on the
NAF that accounts for the effects of historicaltequakes (5.1+5.2) in order to estimate source
parameters of future earthquakes. The performahtteeanodel is demonstrated by comparing
the modelled interseismic velocity field and cosgis displacements of the 1999 Izmit
earthquake to observations (5.3+5.4). Using testarthquakes by releasing accumulated shear
stress moment magnitudes of potential earthquatesstimated (5.5) and the likelihood of
their occurrence (5.6). The influence of sedimemsearthquake magnitudes is investigated
(5.7) as well as the likelyhood of a rupture pagsire bend near Istanbul (5.8).

Chapter 6 summarises the approach applied hetes stee main results and gives an outlook on
what can be further done to improve the model caricg the expected future earthquake.
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Chapter 3

Model input and preparation

Within this chapter the model input sketched in. 2@ (upper part) is described in more detail.
Geometry data (3.1) and material properties aresgmted and discussed (3.2+3.3). The
requirement of an initial stress field is explair{8cb.1) as well as how to obtain it (3.5.2). $tati
loads (3.4) and plate tectonic boundary conditi@®6) are introduced. For obtaining the latter,
a separate model of the broader northwest Anatoéigion is set up, which serves to drive the
local Marmara model using the sub-modelling techeiq

3.1 Geometry

The Marmara Model covers the Sea of Marmara anddiecent onshore areas with Istanbul in
the North, Lake Sapanca in the east, Bursa grabtreiSouth and Ganos mountain in the west.
It is of rectangular shape (27.25-30.25°E and 4@235°N) with 250 km length and 100 km
NS extent. The model is georeferenced and realiz&dlTM projection zone 35N, 24-30°E. It
reaches down to 38 km depth and consists of 639ifd@r tetrahedral elements allowing a
resolution in the sub-kilometre range in the moisical areas and 2-3 km near the model sides.

3.1.1 Horizons
Topography and bathymetry

Topography was incorporated in the FE model usirg GTOPO30 digital elevation model
(USGS), which provides a resolution of 30" (~1 kiThe high-resolution bathymetry in the
Marmara Trough was taken from Ifremer (http://wwwemer.fr/drogm/marmara/asea.htm).
The actual topography and bathymetry in the maglsirioothed to some extent due to the local
element size (~400-2500m). The flat shelf areasvdset the trough and the shores of the
Marmara Sea are less than 100 m bsl. and wereeltidg a linear interpolation between the
z=-100m isoline from the Ifremer dataset and theraline. The bathymetry of the Black Sea
and the Aegean in the regional model of northwesatélia (3.6) was adapted from the
ETOPO2 dataset, which provides a resolution of 2'.

Basement-topography

The role of sediments on movements and stressewastigated. Therefore, information on
sediment thickness and their properties have galieered or assumed. The steps in generating
a basement-topography map of the Marmara regidassribed in the following.

A major step forward in knowledge about the sedintbickness in the Marmara Sea was
brought about by the seismic surveys during thedasade. Especially the SEISMARMARA

Legl (2001) experiment contributed a lot to elutddatructures at greater depths. The
combined performance of a dense grid of seismiectbn-refraction profiles and an Ocean
Bottom Seismometer (OBS) experiment allowed imagihthe upper 6 km and in part down to
the Moho (Carton et al., 2007; Laigle et al., 208&cel et al., 2009). The data from this
experiment form the basis of the used basemengtapby map and were kindly provided by
A. Bécel and A. Hirn (pers. comm.).

The uppermost basement rock in the Marmara Séadstone (Parke et al., 2002). Therefore, a
first version of the basement-topography was geedry creating the iso-surface from the 3D
velocity model corresponding tqg, ¥ 4.5 km/s, which is a representative value forelstone.
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This surface was then modified in several aspégtst, the depths of the points at which the
seismic profiles cut the faults at the sedimeneb@nt interface were estimated from both
seismic images and the velocity model. The surfeas recomputed to compulsorily contain
these points. Second, in a similar way hard comsgran the basement-topography from the
stratigraphy observed in boreholes were considé¢Bediin and Ozel, 1995; Elmas, 2003).
Third, the surface was adjusted near faults exhipitip-slip. Seismic profiles show vertical
offsets of the basement-topography across norrmodtsfee.g. along the Prince Islands segment
or across the Imrall Fault (Parke et al., 2002td@eet al., 2007). The surface from the velocity
model shows a gradual change in depth across tioes®l faults. Therefore, the portions of the
surface in the vicinity of normal faults were reqg@d by surfaces, which were obtained by
laterally projecting the surface at some distancenfthe fault onto the fault, on both the
hanging wall and the footwall. Thereby, a vertistap-like offset in the basement-topography at
these faults was established.

Apart from the Marmara Trough, where the SEISMARMRRegl experiment was conducted,
there is little information available on sedimehickness. For this reason geological maps
marking the sediment-basement boundary onshore el ag estimates based on the
morphology were used to extend the coverage ofnthp. Over wide areas surrounding the
Marmara Sea basement rocks crop out (e.g. ElmasYagitbas, 2001). In between, where
sedimentary rocks are present, the basement-tqpogreas constructed following reasonable
assumptions. For instance, it can be expectedvitii@ys or river planes are favoured areas for
sediment accumulation, whereas in mountainous axaas is rather eroded than deposited.
Sediment thickness should also be increased ndeasmg bends of faults or in local
depressions such as Iznik Lake (Fig. 1.5). It might suggestive to assume that sediment
thickness correlates in some sense with topogrdphgreas where sediments are present at the
surface, the basement topography was generatedinmylystaking the topography and
multiplying it by a linear function leading to deased sediment thickness in elevated areas and
increased sediment thickness in shallow areas.bBlsement-topography beneath the Thrace
Basin was constructed following the constraintcgtaby the maximum sediment thickness,
which was reported to be ~ 9 km (Gorir and Okay6190kay et al., 2000) and by the
sediment-basement boundary at the surface. In thekBSea, thick layers of sediments are
reported (Hurtig et al., 1991; Starostenko et2§104).

27'E 286 29F _30E N
L n bs

O_

L -1

-2

-3

4

5

6

7

8

AONE— e 0 N NS ) 9

Fig. 3.1: Basement-topography in the Marmara regi@epths are bsl., not relative to the
surface.

Fig. 3.1 shows the basement-topography map befmstricting the vertical offsets at normal
faults. Recent data on sediment thickness in thithwest of the Marmara Sea by Siyako and
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Huvaz (2007) are not incorporated into this maphay were published after constructing the
model geometry.

A final adjustment of the basement-topography weguired by technical reasons. When
incorporating the obtained basement-topography imapthe finite element model the necessity
arose to eliminate those parts, where the seditopngraphy comes close to the surface. Since
material properties in the model are assigned o fihite elements, a shallow basement-
topography would imply small sized elements andchenhigh number of them, which is costly
in terms of computing time. For this reason theeb@nt-topography was cut out where it is less
than 800 m beneath the surface. Near the cuttiregtiie basement-topography was connected to
the surface. This was done in a gradual mannerirwgbveral kilometres in order to avoid
artefacts due to an artificial vertical step in enal properties. As a consequence, the sediments
are only considered in those areas where theknbgs exceeds ~ 800 m (Fig. 3.3, middle).

Moho

The Moho beneath the Marmara Sea and its surrogsdi® characterised by significant
undulations. From east Anatolia to the Aegean,etligra Moho uplift of 10-20 km and also
towards the Black Sea. The shallow Moho depth bn#e Aegean is probably a result of
backarc extension to the north of the Hellenic swhidn zone, which caused crustal thinning.
The thick crust beneath Anatolia supports the Araiglateau, which is ~ 1000 m above sea
level. Towards northern Greece and Bulgaria the diddepens beneath the Rhodopian Massif.
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Fig. 3.2: Moho depth map (contours; bsl.) intergeth between compiled data points (black
crosses).

There is agreement on these general characteridtitee Moho as shown by numerous Moho
maps (Makris, 1985; Meissner et al., 1987; Gurhiad.e1992; Papazachos et al., 1995; Geng et
al., 1996; Klingele and Medici, 1997; Tsokas andhétm, 1997; Toksoz et al., 2002; Tirel et al.,
2004, Karagianni et al., 2005). However, when o constrain Moho depths, inconsistencies
appear as published depths differ by several kitegsein a sometimes unsystematic manner.
Moho depths are no direct measure but rely on gssoins, e.g. on a density model or on a
seismic velocity model. Some Moho maps are veryatmaoeglecting local deviations, others
show strong undulations. For this reason, it igyestve to create a new Moho map integrating
also recent data and trying to reconcile reporegatits, considering single points deviating from
other results if they seem reliable or to excludsnt if not.

Fig. 3.2 shows locations of the compiled Moho defztta as well as the map created by kriging.
Used data come from refraction seismics, deep seisounding and receiver functions
(Makris, 1978; Necioglu et al., 1981; Geiss, 198id references therein; Hurtig et al., 1991;
Saunders et al., 1998; Boykova, 1999 and referetimagin; Glrblz et al., 2003; Li et al.,
2003; Toksoz et al., 2003; van der Meijde et 002 Starostenko et al., 2004; Sodoudi et al.,
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2006; Zhu et al., 2006; Zor et al., 2006; Bécedlet2009). Part of the data is from beyond the
area shown in Fig. 3.2, so that also data poims fthe surrounding contribute to this map.

Following the arguments of Geiss (1987), Moho dgftbm gravity measurement surveys were

not considered. Data from Necioglu et al. (1981yemmostly not used and if so, then their

upper bound. Local strong Moho undulations are iptessghey would however cause dominant

anomalies in the stress field. In order to avoid ih case of inaccurate data, a smoothed Moho
surface may be more reliable to get the first ordBuence of the Moho on the stresses in the
crust. Thus, a Gauss filter was applied to the Msindace, so that the resulting map may be
regarded as a compromise between local variatiothg@neral trends.

The Marmara Sea marks a distinct high in the redidmoho depth pattern with a minimum
depth of ~26 km (Bécel et al., 2009). Towards thetts of the sea the Moho deepens, but not as
sharply as to the west and east of the Marmara |Bahe eastern Marmara region, the value
from Zor et al. (2006) for station KAL (31 km) wa®t considered and instead replaced by
depth values from the SEISMARMARA Legl seismic aefion survey (Bécel et al., 2009),
which inferred a deeper Moho there. A deep Mohcehénthe Strandja Massif in the northwest
may reflect the presence of an ancient subductioe or suture (Okay et al., 2001a; Bayrak et
al., 2004). The map largely agrees with other gatalished without specific position, e.g. ~32
km beneath Izmit Bay (Horasan et al., 2002) and3&m beneath central Anatolia (Bekler et
al., 2005).

3.1.2 Geometry of the 3D fault system

The geometry of the active fault system is a keyjuiee among the various inputs to the model,
for it controls the kinematics and stress fieldlation in the Marmara region in response to the
outer driving forces.

It was proposed, that the fault system of the NAFthe Marmara region emerged as
reactivation of pre-existent faults and generavbbmew faults (Okay et al., 2000; Alpar and
Yaltirak, 2002; Hubert-Ferrari et al., 2003) durithgg westward propagation of the NAF. As
this work focuses on the contemporary situationpessent fault system is implemented in the
model geometry. The time period of interest herat is1ost a few seismic cycles, within which
no fundamental changes of the fault geometry apeard, e.g. that a unfavourably oriented
fault becomes inactive and is replaced by the eemexg of another fault.

Before several campaigns of high-resolution bathgmmapping and seismics were conducted
commencing about a decade ago, the opinions ofthevault system at the seafloor and beneath
may look like were quite diverse. There is a hunmifefault maps based on seismic images that
differ considerably from each other (e.g. Barka &adlinsky-Cade, 1988; Wong et al., 1995;
Okay et al., 2000imren et al., 2001; Parke et al., 2002; Gékeet al., 2003; Rangin et al., 2004).
The most comprehensive fault maps for the wholenhaa Sea are those of Le Pichon et al.
(2001, 2003) and Armijo et al. (2002; 2005). In Hew of Le Pichon et al. (2001; 2003) there is
mainly the MMF as a single through going strikg-$liult, whereas Armijo et al. (2002) interpret
the fault system as a sequence of pull-apart stest For specific parts of the Marmara Sea
recent fault maps were published for the Cinara&iB (Carton et al., 2007), for the Gulf of Izmit
(Cormier et al., 2006) and the southeast Marmaga(Rertulus and Canbay, 2007). The surface
traces of the main faults in the Marmara Sea aaugritd Armijo et al. (2002) are mapped and
named in Fig. 1.6, supplemented by faults idewtifig Carton et al. (2007).

At least for the Marmara Trough down to mid-cruskapths results from the SEISMARMARA
Leg-1 experiment (Carton et al., 2007; Laigle et 2008; Bécel et al., 2009) provide good
insight into the fault system. While the tracestld faults at the seafloor and their general
picture at depth are known today, the precise g&gnie locally difficult to interpret and still
under debate. Apart from a few exceptions for dmeareas (Okay et al., 2000; Kanbur et al.,
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2007; Bécel et al., 2009) seismic sections arergéipeshown in terms of two-way-travel time,
which complicates estimation of true fault dipsisltnot straightforward to migrate them into
depth images without knowledge of the probably fogfeneous distribution of seismic
velocities. Fault dips are a crucial parameter esificcontrols the style of deformation, in
particular the dip-slip rate at a fault, in respois an acting stress field. At least, relativesdip
of different faults in the same seismic section barestimated more reliably than the absolute
dips. Some authors provided numbers for fault dpkay et al., 1999; Seeber et al., 2004;
Kanbur et al., 2007) or discussed them for modgllthe fault-related kinematics in the
Marmara Sea (Muller and Aydin, 2005). It can beeagaly said that faults dip rather steeply,
also those which are referred to as normal faelts,the Imrali and Cinarcik Faults.

The fault system for the model geometry (Fig. 3v@s constructed based on the mapped fault
traces at the seafloor, seismic sections and rahf®mssumptions. (1) Fault traces at the sea
bottom in the model coincide with the major fagt®wn in Fig. 1.6. (2) For each fault segment
a dip was assumed, either from references or bgsjug Often it is clear from a mechanical
point of view, whether a fault dips non-verticaiynd in which direction. The presence of
sedimentary basins, fault bends and morphologeafures give hints on fault dips. Vertical
faults were assumed where the surface traces dtikgght and are embedded in rather flat
bathymetry as the MMF beneath I1zmit Bay, the Cér8egment linking the Istanbul Bend and
the Central Basin and underneath the Western Higbal sediment accumulation near fault
bends and subsided sea floor along scarps suggastentical dip of the fault, e.g. at the
various basins. This holds also for the smalleinsaas the Kumburgaz Basin or the Darica,
Karamursel and Izmit Basins in the Gulf of Izmit of@ier et al., 2006), which are
correspondingly associated with smaller bends sewpsr dips.

(3) A fault representing a plate boundary and aenodating significant relative motion like
the NAF is likely to strike as straight as possifilais means that local bends or apparent step-
overs at the surface may be present only near uhface and do not necessarily need to
continue at depth in the same manner but rathedghend to a more plane fault surface. It was
therefore assumed that curvatures of the surfaae tprolong at depth but with increasing
curvature radii. An argument supporting this vieMeast for 1zmit Bay may be the 1999 Izmit
earthquake, which revealed that the NAF resemble® ra single strike-slip fault (Alpar and
Yaltirak, 2002; Cormier et al., 2006) than a seoksmall pull-apart basins as presumed before
(e.g. Barka and Kadinsky-Cade, 1988).

(4) Due to the west migration of the Anatolian agith respect to Eurasia, the strike of the
fault at the surface should be shifted to the wéstepth. In case of changes in fault strike the
“retarded” strike at depth is linked to the surfaaee through a non-vertical dip of the fault.
Following this principle the fault in the westernsh@art of the Marmara Sea was assumed to
dip to the north as claimed by Kanbur et al. (208®pposition to previous work.

(5) It was assumed that below 15 km bsl. all faalts vertical. (This pertains only to the MMF
and the middle branch as the next point reved@$)Sécond order faults were assumed to cease
at 7.5 km depth. The Southern Border Fault exténd® km depth. The Cinarcik Fault, Imrah
Fault and the TekirdaFault (Fig. 1.6) reach down to 15 km depth andntigddle branch of the
NAF to 20 km. The MMF was assumed to penetraterhale model (38 km). This may be an
appropriate assumption for a plate boundary fandtiawas proposed by Aksu et al. (2000) that
the MMF extends to depths greater than 30 km. al# ystem in the middle and lower crust
beneath the Marmara Sea is not clearly revealeskisynics. It was proposed, that the Marmara
Sea fault system may represent a large scale medhwer structure (Aksu et al., 2000; Koral,
2007; Laigle et al., 2008), which is not accourftedn the chosen fault geometry.
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Fig. 3.3: Fault system. Top: Topography and bathyynéhree times vertically exaggerated).
Fault surface traces (bright white lines) and fatriices at their lower end (brownish lines)
indicate fault dips. Middle: Surface FE-mesh (greicorporated part of the basement-
topography (coloured) and faults. Lower left: Ciakr Basin (without vertical exaggeration).
View from the northern shelf to ESE. Istanbul B@efl), Izmit Bay (background, left), Central
High (foreground, right), MMF (from background, tiéd foreground, right), inner (middle) and
outer (right to background, left) Cinarcik Faulté/hite lines mark fault traces at the sea
bottom. Visible parts of the faults are within $ediments. Note the vertical step in basement-
topography across the basin bounding faults asalekeby Carton et al. (2007). Lower right:
View from east to west. Central High (foregrour@gntral Basin (middle) and Tekirda@asin
(background). Note that the MMF was assumed agautfh going fault joining the southern
inner rim of the Central Basin.
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The fault structure beneath the Central Basin fiscdlit to interpret (Armijo et al., 2002; Le
Pichon et al., 2003; Laigle et al., 2008). It wad assumed as a pull-apart basin with a fault
step-over. The MMF was rather assumed as a thrgoeghg fault with a local bend in its
uppermost part marking the southern inner rim @f blasin. The constructed fault system is
presented in Fig. 3.3.

3.2 Coefficient of friction

The faults implemented in the model (3.1.2) obeg thoulomb friction law (eq. 1.1).
Technically this is done by creating two surfaceisdach fault, a so-called master and slave
surface, where the slave surface is not allowegettetrate the master surface and to separate
from it. The tangential behaviour of the interfaseletermined by the coefficient of friction p.

It is a sensitive parameter since it influencesdlife rate on a fault and the stress field in the
surrounding. In the following the choice of p isaissed.

i) Byerlee’s law

K of crustal rocks ranges between 0.6 and 0.8%uasdf by Byerlee (1978) from frictional
sliding experiments for a broad range of rock tyfgesed on these experiments Byerlee’s law
relates the critical shear strasander a given normal stressat which brittle fracturing of the
rock occurs:

T = 0.850, for 5 s, <200 MPa
T =50 + 0.60, fors, > 200 MPa,

which is basically the Mohr-Coulomb criterion (et)l) applied to crustal rocks. Byerlee
friction coefficients (0.6 < p < 0.85) have beemrfd widely applicable to natural sliding
surfaces in the Earth’s crust (e.g. Sibson, 192430 stress magnitude measurements in
boreholes strongly support the general validityByerlee’'s law in the crust (Townend and
Zoback, 2000). From these observations there iseagent, that the state of stress in the brittle
crust is maintained by fractures whose frictionailure is governed by Byerlee friction
coefficients and hydrostatic fluid pressures (Tomhend Zoback, 2000; Townend, 2007).
Thus, it is suggestive to assume coefficients iotién in the range of 0.6-0.85 according to
Byerlee’s law for the faults to be implementedktie finite element model.

i) Observational indicators for weak large plateibdary faults

There are a number of observations that cast doubtByerlee friction coefficients to be
characteristic for large-scale plate boundary &aahd lead to the ongoing debate on whether
the San Andreas Fault (SAF) is a weak fault orrangt fault (Zoback, 2000). From these
observations it could be concluded that large-offaelts exhibit much lower effective friction
coefficients. (1) The axis of maximum horizontahgqwessionoy is oriented at high angles to
the strike of major strike-slip faults (Townend02), the most prominent example of which is
the SAF with nearly fault-normal compression (Zdbat al., 1987; Townend and Zoback,
2004). This is much more than ~30° between the mamxi principle strese; and fault strike
expectable for an optimally oriented fault with Bge friction coefficients (Sibson, 1994) and
suggests that these faults have “extremely lowrssteangth” (Zoback et al., 1987). (2) Stress
magnitude measurements in the Cajon Pass drilldrudethe SAFOD Pilot Hole near the SAF
revealed that lateral shear stress is compatilite aviveak fault (Zoback et al., 1987; Hickman
and Zoback, 2004). (3) Ongoing slip at high rateth Byerlee friction coefficients should
develop a heat flow anomaly at major strike-sliplt®a which, however, is not observed
(Lachenbruch and Sass, 1980; Fulton et al., 2q@#)Analysis of seismicity induced by stress
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changes due to major earthquakes revealed thatetiporal and spatial occurrence of
seismicity is best explained by effective coeffitge of friction of ~0.2 for the SAF system
(Raesenberg and Simpson, 1992; Gross and Burgrh888). (5) Weak plate boundaries were
also suggested for subduction zones. Based on streas tests on clay minerals Brown et al.
(2003) estimated effective friction coefficients @R2-32 for the Nankei Trough, Japan. Lamb
(2006) inferred values <0.1 from calculation of ahstresses at various subduction zones and
Wang and He (1999) reported values of ~0.05 forkdaand Cascadia.

iii) Lessons from numerical models

In recent years several approaches were undertakaiodel faults considering their frictional
properties. The conclusion from these models was ralistic slip rates in accordance with
geodetic observations are only obtained with vew toefficients of friction. With global finite
element models Bird (1998) found the lowest misfitshe model to observed velocities and
stress orientations for p only 0.03. Also from nuca modelling Geist and Andrews (2000)
found u=0.09 at the SAF to best explain geodetgenlations and orientations @f. Results of
numerical models from Bird and Kong (1994) implyQuE7 for the faults in California and an
even lower value of u=0.12 for the SAF due to viiyoweakening. Similar optimum effective
friction values of ~0.17 were found for faultsAtaska by Bird (1996) and for New Zealand’
faults by Liu and Bird (2002). Vernant and Chér@@) modelled faults in the Zagros belt and
found minimum residuals between modelled slip raaed GPS observations for apparent
coefficients of friction of only 0.02. d’Alessio @l. (2006) inferred from numerical modelling
that observed heat flow data at the SAF are bgdtiged by apparent friction coefficients of
~0.1. Hence, these results differ considerably frohat would be expected from Byerlee
friction coefficients.

iv) Effective coefficient of friction '

It seems contradictory that a fault should haveftictional properties than the very rocks in
contact at the fault. The lowest friction coeffitie of rock expectable in considerable quantity
in fault zones were found in the range of 0.2 < 0.4 for montmorillonite clay, which
represents a rare exception from Byerlee frictiavefficients. Hence, apparent friction
coefficients of < 0.2 cannot be explained by lowues of  alone. A glance on eq. (1.1) reveals
that not only u pertains to frictional resistangmiast shear stress but also cohesion, normal
stress and pore fluid pressure. For this reasomwvapparent or effective coefficient of friction
on a fault does not necessarily imply a low coedfit of friction of the rock. An effective
coefficient of friction ' can be introduced in tidohr-Coulomb criterion (eq. 1.1), which
accounts for the effect of pore pressure:

T=Wo,+Cy, (3.1)

where

M =p (1-B).

B is the Skempton coefficient, which ranges betweero for drained rock and one for
completely undrained conditions (Rice, 1992).

Low shear strength on a fault was mostly attributeligh pore fluid pressures (Blanpied et al.,
1992; Hardebeck and Hauksson, 1999; Faulkner amtgfiR@2001). Theories on how high pore
fluid pressures could emerge and be maintainedaudt fzones, in contrast to presumably
hydrostatic pore pressures in the surrounding cagicentrate on sealing due to clay fault
gauge with vanishing permeability.
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Byerlee (1990) himself proposed a theory relying tba observation that below a certain
pressure gradient water cannot flow through detag evhich is expectable in fault zones.
Within the central zone of the fault, pore pressmay be as high as the lithostatic pressure,
which yields low shear strength of the fault and & possible under fault normal compression.
Byerlee (1990) calculated a minimum width of thelfezone of zero at the surface and an
increase by 60 m per kilometre depth for this matdm to work. In case of the NAF this
precondition is fulfilled since a fault zone widdf 80 m near the surface was reported by
Dietrich et al. (2004) who inferred this width frarsharp decrease of seismic velocities and the
damping parameter within the fault zone.

Apart from low inherent friction coefficients p amigh pore fluid pressure®, also reduced
normal stresses, may contribute to low apparent fault friction aadiag to eq.(3.1). Parsons
(2002) proposed nearly frictionless faulting froault unclamping in long-term interactions
with other faults. From finite element modelling foeind that increased complexity of a fault
system causes locally reduction of fault-normasgtrdown to hydrostatic values, which implies
an almost frictionless fault.

Holdsworth (2004) explained the weakness of fablgsrepeated deformation during their
existence ending up in rotten fault cores. He foewidlence for this by investigating ancient
fault cores exposed at the surface. Cataclasttarexwere overprinted by platy weak minerals
like micas and clays due to alteration by fluiduwf The resulting permanent weakening effect
is expressed in shear strengths, which are more30&6 lower than shear strength expectable
from Byerlee’s law (Holdsworth, 2004).

To summarise, stresses in the crust seem to beltedtby fractures governed by Byerlee friction

and hydrostatic pore fluid pressures, whereasnt@shanical behaviour breaks down on large-
offset plate boundary faults (Townend, 2007). Alto the view of strong plate boundary faults
as strong as the surrounding crust is defended(&5cP000), low apparent frictional strength is

characteristic of large-displacement faults, mosbably due to high pore fluid pressures.

v) Choice of 1’ in the finite element model

Although there is debate on the amount of totadaiflacross the NAF in the Marmara region
(Sengor et al., 2005), the NAF is supposed to begelaffset plate boundary fault. Several of the
above mentioned indicators ascribed to weak fadttain also to the NAF. Data from the World
Stress Map (WSM) (Reinecker et al., 2005) reveat thaximum horizontal stress is oriented
either at rather high angles or subparallel tosthike of the NAF which can be interpreted as low
shear strength of the fault (Fig. 3.12). It hadéomentioned, however, that WSM data near the
NAF originate predominantly from earthquake foc&amanisms and it was suggested that stress
orientations from focal mechanisms at plate boundanlts may be controlled by the plate
boundary kinematics and fault geometry rather theing indicative of the prevailing stress field
(Heidbach and Reinecker, 2004). In terms of heat-fhbservations, no pronounced anomalies of
fault-related origin are recognisable near the NRfister et al., 1998). High heat-flow is locally
observed but mainly associated with geothermaldiel

In ACFS analyses most authors assume " ~ 0.4 (Stain £097; Nalbant et al., 1998; Cakir et
al., 2003a), which implies p=0.85 according to Baerfriction and B~0.5. Parsons (2004) used a
lower value of u'=0.2. From numerical modellingtbé geodynamics of Anatolia Jiménez-Munt
and Sabadini (2002), Jiménez-Munt et al. (2003) Rravost et al. (2003) agree on p’'=0.05 for
the NAF as the optimum value, when taking minimueviations between model results and
geodetic velocities, seismic strain rates andrientations as a measure for appropriate '. For
u'=0.2 they found much too low velocities incomphiwith the geodetic constraints.

The friction coefficient assigned to the faultsttire model is an effective coefficient of friction
accounting for the effect of pore pressure, whichat directly considered in the model (2.3). A
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parameter study will be performed to find an optimpu’ that minimises deviations between
model results and data (3.6). Based on the ab®origBion, low p’ for the MMF and Byerlee
friction coefficients for the smaller faults aretied as well (ch. 4).

Cohesion, which is difficult to ascertain, is nexgézl in this study. At greater depth of several
kilometres, cementation processes due to hydrotiditow were proposed by Angevine et al.
(1982). Based on in situ stress measurements itswggested, that cohesion is negligible at
least near the surface (Jamison and Cook, 198@ugrhp’ was shown to vary with slip rate
and temperature at elevated temperatures in wiks (@lanpied et al., 1995), it is assumed that
W’ is constant.

3.3 Rock properties

As discussed in 2.3, elastic rheology is assumetiénmodel. The elastic rock properties are
provided in terms of Young’'s Modulus E and Poissordtiov and are assigned to the finite
elements. Four different material distributions eoasidered (Tab. 3.1). First, a homogeneous
material distribution MAT_hom with average rock pesties of continental crust (Turcotte and
Schubert, 2002). A second rock distribution studiesinfluence of the Moho (MAT_moho), a
third one addresses the role of sediments takirgy khsement-topography into account
(MAT_sedi).

Table 3.1: Elastic parameters and densities forr fdifferent material distributions. In the
inhomogeneous models the first number refers ts¢kdements above the basement-topography,
the third number to the mantle beneath the Moho thedsecond one addresses the crustal
basement in between. Values for MAT grad are exgthin Fig. 3.4.

Label Description E [GPa] v p [g/cm?]
MAT hom | homogeneous$ 70 0.25 2.65
MAT_moho Moho 70/70/150 0.25 2.65/2.65/3.3
MAT_sedi | basement-topp 10/70/70 0.35/0.25/0.25 2.2/2.65/2.65
MAT grad | depth-gradient 1-20/50-75-120 /1%0 0.4Z#(0.25/0.25 1.7-2.3/2.5-2.7-3.0 /3|3

The fourth material distribution is intended to dngorate material parameters as deducible
from data. Due to the geologic history of Anatolath the collision of continents and
accompanying processes, the lithology in the regsomuite heterogeneous as evident on
geologic maps (e.g. Okay et al., 2001b). It isicliff to assign representative material
parameters to these heterogeneous lithologies #$ime distribution at depth is not clear in
most cases. Information on the distribution of @taparameters and density is contained in
seismic velocities. Therefore, seismic velocitiesived from various seismic or seismological
experiments were used to estimate the elastic packmeters. The relations linking Poisson’s
ratio and Young's modulus to seismic velocities dadsity are given by:

vV, 2-2v,?
Ve (3.2)
2(v,2-v,?)
3v,2-4v,?
Sy (3:3)
V2=V

where y and v are the p-wave and s-wave velocities, respectialgip density. Since in most
cases only yis available, empirical relations are employed deriving « and p from v,
(Brocher, 2005):

Vs (km/s) = 0.7858 — 1.2344, v 0.7949 \2 — 0.1238 # + 0.0064 y' (3.4)

p (g/cm3)= 1.6612 v, - 0.4721 )2 + 0.0671 - 0.0043 \* + 0.000106 y’ (3.5).
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Equation 3.5 is the Nafe-Drake curve (Ludwig et 8970) expressed in polynomials. It has to
be kept in mind that the Young's modulus derivednfrseismic velocities is the dynamic
Young's modulus that is generally not the samehasstatic Young’s modulus and in most
cases somewhat higher than the latter (CiccottiMuothrgia, 2004) for the reasons explained
by Sayers and Schutjens (2007). Furthermore, edeseismic velocities may be affected by
anisotropy, that can emerge from the acting stfiedd (e.g. Sayers and Schutjens, 2007).
However, in view of the remaining uncertaintieghe distribution of seismic velocities this is
neglected.

Vertical profiles of seismic velocities in the Maama region were given e.g. by Gurbiz et al.
(2000), Horasan et al. (2002) and Clévédé et &04p They differ by the resolved depth
intervals but show no fundamental discrepanciebleT8.2 shows the 1D-velocity model by
(Gurbuz et al., 2000) as well as the calculatedtielgroperties and densities using equations
(3.2)-(3.5).

Tab. 3.2:vy(z)-profile from Gurbuz et al. (2000) for the Mamaaegion and calculated elastic
properties and density using eq. 3.2-3.5.

depth [km] Vp [M/s] Vs [M/s] p [g/cm3] v E [GPa]
(eq. 3.4) (eq. 3.5) (eq. 3.2) (eq. 3.3)

0 3000 1413 2.224 0.36 12

4.8 5300 3191 2.583 0.22 64
9.5 5900 3503 2.696 0.23 81
12.5 6200 3640 2.761 0.24 91

17 6500 3773 2.833 0.25 100

24 7300 4150 3.058 0.26 133

29 7900 4534 3.256 0.25 168

However, a 1D distribution can only be a first ardgproximation in view of the pronounced
undulations in the basement-topography in the Meaimagion. Velocities in the basins of the
Marmara Sea are as low as 1.5-1.7 km/s in the opsdriayer with maximum thickness of
~750 m (Carton et al.,, 2007; Kanbur et al., 20@Wjch means EX 1 GPa,v = 0.47 and

p =~ 1.7 g/cm3.Velocity increases below to 3.8 km/s (E = 27 GPa,0.27 andp = 2.35g/cm3).
Average velocities of the sediments in the basmesimthe range of 2-2.5 km/s (Carton et al.,
2007), which corresponds to~E4 GPa, v ~0.43 andp = 2.0 g/cm?. The limestone basement-
topography, which was taken as the 4.5 km/s istaser implies E = 43 GPa,=0.23 and

p = 2.46 g/cm3.From refraction seismics along a EW profile crogdime whole Marmara Sea
Becel et al. (2009) inferred,\= 5.7-6.3 km/s for the crystalline basement (E5=94 GPa,

p =2.66-2.78 g/cm?3) and y= 6.7 km/s (E = 108 GPa,= 2.88g/cm?3) for a ~10 km thick lower
crust.

This information is incorporated into the fourthterdal distribution (MAT_grad) that accounts
for the local geometry of topography/bathymetrysdraent-topography and Moho and
additionally for a vertically stratified velocityrgfile in the crust. This is done by introducing
vertical gradients in rock properties within the pilemented geometric volumes, with
predefined values at the top and base of the régpdayers as sketched in Fig. 3.4. As a result,
the combined constraints on geometry and tf@-profile reflect lateral changes in density and
elastic properties since the respective horizony laterally with depth. Poisson’s ratio is
assumed as constant £ 0.25) throughout the crust and mantle, exceptife sediments that
exhibit higher values (Brocher, 2005). Rock prapsrin the mantle are assumed as constant.
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Fig. 3.4: MAT_grad rock property distribution: Déptlependent E angaccounting for both
published 1D-velocity profiles and geometrical doasts from topography/bathymetry,
basement-topography and Moho. In those areas, whasement-topography coincides with
topography (i.e. no sediments; Fig. 3.3 middleario start with the values for the basement-
topography at the surface. This pertains also ®régional model introduced in 3.6 in which
sediments are not incorporated.

3.4 Static loads

Gravity is applied as a distributed load on eaditdielement in negative z-direction with an
acceleration of 9.81 m/s2. Areas below sea levekabjected to hydrostatic pressure due to the
weight of the water column above. This is perfornbgdapplying a distributed surface load
acting perpendicular to the local bathymetry atresgure corresponding to the local water
depth. At the bottom of the model vertical displaeats are constrained to zero, whereas lateral
motions are permitted. Except the water load theupurface of the model is free.

3.5 Prestressing

Within this subchapter it will be shown that nuncafigeomechanical models focussing on the
absolute stress state need to be appropriatelyrggeed (3.5.1), and a way to do so will be
presented (3.5.2). The conceptions shown in tHeviidg were developed within the Tectonic
Stress Group at the Geophysical Institute at thizddsity of Karlsruhe and were presented by
Eckert et al. (2007) and Hergert and Heidbach (2007

3.5.1 Gravity requires prestressing.

Subjecting a model to gravity poses two key demaordshe initial stress field in the model.
This will be explained in the following.

Fig. 3.5 depicts a rectangular portion of the Eartiust such as the hitherto described model.
Subjecting this model to gravity while constrainitegeral displacements at the sides of the
model and vertical displacements at its bottometm zleads to subsidence in the model volume
due to elastic compaction. The model is squeezéeruts own weight. The reason for this is
that the model is initially stress free. Therefdreorder to avoid this compaction the model
requires an initial stress field that acts to naimthe original shape of the model volume by
balancing the gravitational forces. One of the fasstress fields that fulfil this condition is
simply that one, which results from the procedust pxplained (Fig. 3.5). Including this state
of stress as initial conditions in a non-deformeédsim keeps the model in equilibrium with
gravity so that the initially defined model georyatemains preserved.
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Fig. 3.5: Intuitive model set-up for obtaining grational prestress. The model is subjected to
gravity with uniaxial strain condition.
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The acquired prestress described above with zesgladiement at the boundaries and acting
gravity is an intuitive stress state commonly assdirfor the Earth’s crust in the absence of
plate tectonic stresses (McGarr, 1988). The hot&astress in this configuration is defined by
the Poisson’s rativ and vertical stressy,

0, =——0, =kao, (3.6)

where k denotes the ratio of mean horizontal stgss (0, + 0, )/2 to vertical stressy. oy

can be approximated by the load due to the weiflihe overburden. Assuming a Poisson’s
ratio of 0.25 as an average for crustal rocks (Otecand Schubert, 2002) yields a k-ratio of
~1/3 in the crust. In view of the comparably lowikontal stresses predicted by this assumption
it is hardly imaginable how strike-slip or even quessive stress regimes (i@, > oy)
(Anderson, 1905) can exist in the Earth’'s crustwkleer, these stress regimes are common as
seen, e.g. in the World Stress Map (Reinecker. e2@05).

A global dataset of ~ 600 stress magnitude measmesnwas compiled with depth > 300 m

(Fig. 3.6). The state of stress reflected by tha daclearly more compressive than implied by
the uniaxial strain condition. It has to be conelddhat the k-ratio observed in the crust is not
solely due to Poisson’s constraint. Evoking plagetdnic stresses to account for this
discrepancy seems suggestive. However, the dajmaté from a broad range of tectonic stress
regimes and even the k-ratio in provinces undegrestbn exceeds the value resulting from the
approach sketched in Fig. 3.5.

k=S4 /Sy
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Fig. 3.6: Global compilation of stress magnitudeasi@ements (>300m depth) including data
from the KTB site (Brudy et al., 1997) and the SBHgilot hole (Hickman and Zoback, 2004).
Solid curves represent k-ratios (k& o) after Sheorey (1994) for different Young’s modgex;.
3.7). Dashed line is k-ratio from Poisson’s consttdor 1=0.25 (eq. 3.6; Fig. 3.5). Dotted line
is the same in poroelastic rock withHydrostatic,a =1 and g=2.65 g/cm3 (eq. 3.8).
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A comprehensive approach to describe stress maigsitin the crust was proposed by Sheorey
(1994). He assumed a 1D layered spherical mod#ieoEarth and considered the structure of
crust and mantle in terms of elastic propertieasig, temperature gradient and the temperature
dependent thermal expansion coefficient. Sheor894)l showed that stress in the upper crust
and thus the k-ratio is a result of equilibriumvie¢n gravitational compaction and thermal
expansion in a sphere. This means that surfacesstiepends on material properties and state
variables down to the Earth’s core. For the uppstrkdometres of the crust Sheorey (1994)
provides the following approximation for the k-ati

k=0.25 + 7E (0.001 +1/2) (3.7)

where E is the Young's modulus [GPa] and H depth [frhe behaviour of the k-ratio against
depth according to this formula is shown by the twoves in Fig. 3.6, which correspond to two
different Young's moduli. The first one for E = &Pa, which is a typical value of crustal rock,
represents the data cloud from worldwide stresssoreanents. The second curve addresses the
KTB borehole in southeast Germany, where Brudy.gt1897) reported the Young’s modulus
to be ~95 GPa. The KTB project probably represt#rgsmost thoroughly investigated dataset
on deepin situ stresses (Brudy et al., 1997). The prediction bédsey (1994) yields a
remarkable fit to the KTB borehole data (Fig. 3.6).

The theoretical model of Sheorey (1994) is of sigaésymmetry as mentioned above. Hence,
if preconditions such as flat topography and theeabe of geological structures and plate
tectonic forces are fulfilled, this theory should &pplicable to estimate the k-ratio. The KTB
drilling site is located in a tectonically relatiyejuiet area with no pronounced topography and
thus satisfies the mentioned preconditions. An gtanfor a place at which the presence of
geological structures like faults, plate tectoracgopography becomes relevant is the SAFOD
pilot hole near the San Andreas Fault (Hickman @othack, 2004). Here, the k-ratio is
tectonically increased (Fig. 3.6).

The lesson from these observations for the modgiinhat the application of gravity requires not
only a prestress acting against the downward @idegtavitational load of the rock mass but also
an appropriate initial ratio of horizontal to vedi stress. Eq. 3.7 obviously describes the data. F
this reason the k-ratio given by Sheorey (1994sed to prestress the model.

Actually, the observed k-ratios probably reflecscalbther contributions. In poroelastic rock
another term adds to the horizontal stress undéxiah strain conditions (Engelder and
Fischer, 1994):

o.=— ¢ +orl_2\}
Ho1-y Y 1-v

R (3.8)

where R is pore fluid pressure armlthe Biot coefficient of effective stress (Fabrici2906).
Assuming hydrostatic pore fluid pressure amdl, the k-ratio is significantly increased
compared to k=1/3 from eq. 3.6 (Fig. 3.6). Nevdab®, the k-ratio proposed by Sheorey (1994)
is used since it fairly represents the data.

How to obtain this stress state technically inrtt@del is explained in the following subchapter
3.5.2. The role of prestress on the model ressiltiiscussed in 4.2.4 by comparing the effects of
the two different prestress definitions given by &6 and 3.7.

3.5.2 Obtaining an initial stress state

The k-ratio proposed by Sheorey (1994) that wastiitked to largely represent the observed ratio
of horizontal to vertical stress in the crust, s&ablished in the model by a modelling procedure
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presented in the following. Whether or not the maisprocesses behind Sheorey's (1994)
concept are actually responsible for the stres¢s,stanot investigated here. The k-ratio proposed
by Sheorey (1994) is established in the model paioulating physical processes resulting in the
desired stress state but instead in a technicalt simple way, as explained in the following.

The model is extended laterally and underlain 3eeond layer (Fig. 3.7a). The sides of the
outer layer are inclined at an angle, which is rdedi by lines linking the upper corners of the
model to the centre of the Earth. The upper modeindary remains unconstrained. At the
lateral and lower model boundaries displacemenizapelicular to the faces are not allowed.

a) b) c)

> oy —» . f——
mode\l/;/rc;}L:]me l — 8mode|vo|ume lg 8 -+ model volume ig —
i I I 1O stress o O OO0 0 O O O 0O O
ower layer
vary E ’ gl sttegecs & Blcftgﬁégcﬁglocncgcnditions

00 D0 g0

Fig. 3.7: Prestressing procedure. a) Model set-apeimploying the effect of elastic compaction
to simultaneously obtain gravitational prestressddfulfilling the k-ratio given by Sheorey

(1994) (eq. 3.7). b) Stresses from model a) arkidsd in an non-deformed mesh with uniaxial
strain condition and gravity is applied. After aalilising step, stresses at test sites are
compared to the stresses proposed by Sheorey (1084, this state of stress is obtained, c)
boundary conditions addressing the problem to theesbare applied to the internally deformed
and prestressed model b).

The effect of elastic compaction is used as a feahmvay to obtain the k-ratio according to
Sheorey’s formula (eq. 3.7) in the model. Dependingthe model dimensions and on the
thickness of the lower layer the Poisson’s ratiohie upper layer and the Young’s modulus in
the lower layer has to be increased until the stetate in the model corresponds to that of
Sheorey (1994). The effect of changing E in thedolayer is to alter the slope of the k(z)-
curve in the model. Increasing Poisson’s ratichi@ aipper layer shifts the k-ratio uniformly to
higher values.

To control the initial stress in the model threetical profiles were selected, one in the NE, one
in the NW and one in the S of the model area (Fig). The sites were chosen as a compromise
between the following criteria. On the one hane, slies should be close to the area of interest
at the centre of the model and at some distant®etonodel boundaries that may be influenced
by boundary effects. On the other hand, the steslld not be located in the vicinity of faults
and near pronounced gradients of the topograplge dimese cause perturbations of the stress
field that are not included in Sheorey’s formula.

Due to faults and lateral density and stiffnesstramts the original model volume is non-
uniformly deformed within the enlarged model in F7a). Therefore, when inserting the
stress field from this model into the non-deforntadsh with uniaxial strain condition, an
unstable state is present that eventually causesdtened stress field. For this reason, stresses
have to be controlled after a balancing step inotiginal model volume (Fig. 3.7b). Normally,
the displacements during this balancing step ameost in the order of a few metres so that the
constructed geometry is not affected in its preacisi

At each of the three sites depth profilesogf o andoy, were extracted and the corresponding
k-ratio was compared to the theoretical k-raticeraftheorey (1994). For the homogeneous
material model (Tab. 3.1) the best fit was obtaifoed) = 0.425 in the upper layer and E = 400
GPa in the lower layer (Fig. 3.7a; 3.8). The misthait depths less than ~2 km is related to the
size of the finite elements. The stresses in alitiimite element are determined only at one
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integration point within the element. As a consemee high stress gradients cannot be resolved
and the extracted stress from an element is teesstit the depth of this single integration point.

Apart from that, the upper one or two element layae generally found to yield inadequate

stresses, which is probably related to the fretasarand displacement boundary conditions at
the model sides. As a consequence, the resultiregssts at shallow depths are not as
compressive as they should be.

It is emphasised that the values for Young’'s moslalnd Poisson’s ratio used in this step are
not physically meaningful and do not reflect theetproperties of the rock! The effect of elastic
compaction and Poisson’s constraint is only usea &shnical way to simply obtain the stress
state according to the k-ratio proposed by She(¥894) in the model as an initial stress state.
Surely, in the consecutive modelling steps (Figb) a realistic Poisson’s ratio is used.

Proceeding from this initial stress state in Figgb3 that represents a stable stress state, plate
tectonic boundary conditions are applied, thatpesented in the next chapter 3.6. The initial
stress state is laterally isotropic, given effemtdopography, lateral density variations, faults
and other complexities are negligible. The plattaieic boundary conditions act to change the
stress regime by altering mainly the horizontastes so that, ando, start to diverge.

[3,]
T

depth [km]

-
o
T

15 i i . . :

Fig. 3.8: Modelled k(z)-profiles (dashed lines)}latee test sites indicated on the map using the
approach sketched in Fig. 3.7a and b. Solid red limarks the theoretical stress state given by
eq. (3.7) (Sheorey, 1994), against which the madehlibrated. For comparison, the low k-
ratio resulting from eq. (3.6) is shown (black lne

3.6 Plate tectonic boundary conditions - regional wdel

Plate tectonic forces determine the pattern ofsst@nd strain within the region of interest,
depending on the structure and constitutive beh@vio its interior. Therefore, appropriate
boundary conditions have to be found for the maléskcribed so far (Fig. 2.2 and 3.3), which is
termed as the Marmara model in the following. Tdaob suitable plate tectonic boundary
conditions for the Marmara model, a second modeke, that covers northwest Anatolia and
hence a wider area (Fig. 3.9). This model will efered to as the regional model. The regional
model serves to generate a velocity field of NogkiwAnatolia, that is used to drive the local
Marmara model at its boundaries by interpolating tiodal velocities of the regional model
onto the boundary nodes of the Marmara model. Tharaage of this so-called sub-modelling
approach is that the complicated boundary conditidor the Marmara model evolve
consistently with the surrounding of the model aaiad can be obtained with relatively simple
boundary conditions for the regional model (2.1).
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The regional model covers an area given by 25-38fE38.8-42°N (735x395 km) and reaches
down to 42 km bsl. The regional model includes gwpphy, the Moho and the northern, middle
and southern branch of the NAF but not the basetopoigraphy and the smaller faults

included in the Marmara model. The mesh of theomgi model is coarser than that of the
Marmara model, which implies a lower resolutioriied km (1.541.892 linear elements).

The regional model is run for 20 kyrs. Several atiohs of the regional model are tested
concerning boundary conditions, coefficient oftiba and distribution of density and Young's

modulus. The goodness of a model is evaluated byadng the model results to independent
constraints as GPS observations (3.6.1) and maxitmnizontal stress orientations (3.6.2). A
velocity misfit is defined as

Z Vs =V

m=—. (3.9

ID3HES 3
i i

mod

where \7@,5 and (/mod denote the observed and modelled horizontal vedscitespectively, and it

is summed over all observation sites. The misfiapeter is however not committing for two
reasons. First, the seismic cycle with locked faidtnot implemented here. As a consequence,
the modelled velocities near the faults have téedfrom the observed ones, which contain the
effect of interseismic deformation. Further explaoraon this issue is given in 3.6.1. Second,
the model results should fit the data particulavbil near the boundary of the Marmara model
since the Marmara model is driven by the noded@frégional model, which are closest to the
boundaries of the Marmara model. Correspondingduiations at greater distance from the
boundary do not matter for the results of the Maenmodel.

3.6.1 Lateral boundary conditions and velocity fied

Different boundary conditions for the regional mbdes set up in order to find out how to
optimally drive the Marmara region. A first setlwdundary conditions for the regional model
makes use of published rotation rates around tHer fwles of the involved tectonic plates.
These block rotations rely on the assumption oifdriglates and are determined as to best
explain the GPS observations on each plate. Ofseptine model is not rigid but compressible.
Nevertheless, the geodetic observations can berepiesented by rigid body rotations over
wide areas of the region and are therefore usediast approximation. This model series is run
with u=0.05 and homogeneous rock properties (E=F&,8 = 0.25,p = 2.65 g/cm?, i.e
material distribution MAT_hom in Tab. 3.1).

Regional Model 1 (REG_1) applies the rotation ef Amatolian Plate with respect to Eurasia after
Reilinger et al. (2006) (32.1°E, 30.8°N, 1.231°/Mgt the boundary of the regional model south
of the northern branch of the NAF. The nodes antiréhern model boundary are laterally fixed,
since vanishing velocities are observed there. iibdes at the eastern and western model
boundary north of the NAF are constrained to zar&W direction and are free parallel to the
boundary (rollers). REG_2 is the same as REG_1péxiteat it applies the rotation of the
Marmara Plate after Reilinger et al. (2006) (28,43&1°N, 2.370°/Myr) at the western model
boundary between the northern and southern braihntte diNAF. REG_3 is the same as REG_2
south of the northern branch of the NAF. At the leHaoundary north of the NAF the Black Sea
Plate rotation after Reilinger et al. (2006) (3E443.3°N, 0.231°/Myr) is applied. The results of
these three models are very similar (Tab. 3.3). REfis the observations slightly better than the
other two and is shown in Fig. 3.9. The rather Istaiorthern block as well as the westward
motion south of the NAF with a turn to southwesthe west is well reproduced. However, the



46

modelled velocities along the southern shore ofMlaemara Sea and on Armutlu Peninsula are
too southerly directed and too small in magnitiRight there, between the middle and southern
branch of the NAF, the modelled velocities shoulteh the observed ones as good as possible
since the southern boundary of the Marmara mods$sgsaalong there (Fig. 3.9). Using the
velocity field of REG_2 to drive the Marmara moaeuld introduce an artificial NS-extension
into the Marmara model due to the overrated soathponent in velocity. Besides, slip rates
along the NAF would be underestimated due to tifieidst EW-rate.

Other descriptions of the Anatolian Plate rotasonth of the northern branch of the NAF were
tested. REG_4 and REG_5 apply the Anatolian Platation after McClusky et al. (2000)
(32.6°E, 30.8°N, 1.2°/Myr) and Meade et al. (2001.72°E, 32.37°N, 1.59°/Myr),
respectively (the value of the latter was publishgd_e Pichon et al., 2003). Due to the more
easterly located Euler Pole and the smaller rotative by McClusky et al. (2000) compared to
Reilinger et al. (2006) the former rotation suitt as good as the latter for northwest Anatolia
and the situation near the southern shore of thenlsliaa Sea outlined in the previous paragraph
becomes worse. In contrast, the rotation by Meade. €2002) slightly improves the modelled
velocity field (Fig. 3.9; Tab. 3.3). The smallergfii is mainly due to increased rates. The
modelled velocities in the east have too high naimponents due to the more northerly
located Euler Pole and the smaller circle. Thishasvever well beyond the area, which is
relevant for the Marmara model.

It has to be noted, that the rotations from theee8ve authors rely on GPS observations in
similar but different defined Eurasia-fixed refecenframes and therefore the modelled
velocities should be compared only with the coroesiing observations and in the associated
reference frame. The aim here is however findinginmgm boundary conditions for one
observed velocity field in its reference frame d@ni@ irrelevant, where the optimum boundary
conditions come from. The velocity field observeg Reilinger et al. (2006) is used as
comparison since this dataset comprises the lomgestd and more observation sites.

In order to find more appropriate boundary condgiothe observed velocity field is
decomposed into its NS- and EW-velocity field (F3gL0). A velocity pattern appears that is
difficult to reconcile with rigid body rotations. ast of 28-29°E observed velocities are
remarkably straight and uniformly EW directed. Bta¢ KPKL and FIST with small south and
north components, respectively, do not impair tbenclusion. Both stations have an
observation period of 1 % years, which is much thas the other stations in the region and is
reason for their higher standard deviations. Théhnmmponent of station FIST is not observed
in more recent observations (Ergintav et al., 200Vgst of 28°E observed velocities show
significant south components. It seems that theeerelatively sharp transition between 29° and
28°E, where velocities experience this change enNB-component (Fig. 3.10). Mechanically,
this can be understood by the presence of a nuofbgrabens in west Anatolia, such as the
Akcay, Kitahya, Simav, Bakircay, Gediz and Mendayexbens (Akman and Tufekgi, 2004;
Bozkurt and Sozbilir, 2004). These grabens are ljn&V oriented and accommodate NS
extension originating from the Hellenic subductinane. Maybe also elevated heat flow
observed in distinct areas around 28°E (Pfistat.e1998) is related to this transition.

The presence of a transition as described imphiasthe assumption of rigid body rotation of
the Anatolian Plate is misleading in west Anatddiace with pure rotation the onset of

southward motion would be considerably farther d@hsn observed and the rather sharp
transition in southward motion would not be accednfor. Based on this finding, the hitherto

models are modified. REG_6 attempts to incorpoth&e transition in southward motion by

applying the rigid block rotation velocity of REG a2 32°E uniformly between 32°E and 29°E
along the southern boundary (Fig. 3.9). BetweerE28d 28°E a linear interpolation bridges
the accrued gap to the Euler rotation west of 28He results of REG_6 show a clear
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Fig. 3.9: Regional model: Comparison between medelired arrows) and GPS derived
velocities (blue arrows, Reilinger et al., 2006¥eén symbols indicate applied plate tectonic
boundary conditions. Orange box marks boundarphefiarmara Model.

42=N L 1 n 1 L 1 n 1 n 1 n 1 n 1
.
AN, ~ TN . -
2
o <> FIST
e
) <t KPKL
40&%{? \\4— ¥ iy |
_ \ N\ -
\ N\
u \ e
39°NH \ @ \ L
i \ -~ &
- W | )
25°E T 26°E T 27" 28°E 2%E  30°'E 31'E 32°E 33°E

Fig. 3.10: Observed velocity field (Reilinger et, &006) decomposed into EW (blue) and NS
(red) components. A transition at ~28-29°E (dasliads) separates uniform EW directed
velocities in the east from motion with clear soctmponents west of it.

improvement and most important, the modelled vékxiare now in good agreement in
direction with the GPS observations near the sontbleore of the Marmara Sea (Fig. 3.9). But
still, they are somewhat too small in rate. Fos ttdason, REG_7 applies additionally the EW
components of the rotation of the Anatolian Pldttha bottom nodes south of the NAF east of
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28°E (Fig. 3.9). In the previous models the bottoodes are laterally unconstrained. The
modelled velocity field of REG_7 shows only minavihtions from the GPS observations near
the southern shore of the Marmara Sea.

Tab. 3.3: Regional model: description and misfiihwespect to observed velocities and stress tatems.

No. Model description Model results
boundary conditions vy material distr. | vel. misfit | mean abs.
(more detailed in the text) (Tab. 3.1) (eq. 3.9) oy dev.
1 | N fixed, S+W Anatolia rotation (Reilinger| 0.05 MAT_hom 0.097 19.5°
et al., 2006)
2 | REG_1, but W Marmara rotation (Reilinger *“ “ 0.097 20.2°
et al., 2006)
3 | REG_2, but N Black Sea rotation (Reilinger “ “ 0.101 19.7°
et al., 2006)
4 | REG_1/2, but S+W McClusky et al. (200D) “ “ 0.102] 21.1°
5 | REG_1/2, but S+W Meade et al. (2002) “ “ 0.093 .219
6 | REG_2, but Anat. rot (Reil. et al., 2006) at “ “ 0.096 22.7°

32°E uniform between 32°E and 29°E,
transition between 28 and 29°E

7 | REG_6, east of 28°E south of NAF east “ “ 0.088 23.2°
comp. of vel. from Anat. rot. (Reilinger et
al., 2006) at bottom nodes

8 REG_2 0.0 ) 0.099 30.7°
9 “ 0.6 “ 0.166 17.8°
10 “ 0.05 MAT_moho 0.099 20.2°
11 “ “ MAT_grad 0.099 20.4°

A parameter study was performed for the effectigefficient of friction u’ on the faults.
REG_2 was run with g’ in the range okOu’ < 0.7. These values cover the full range between
p’ at elevated pore fluid pressures and frictiotuea from laboratory experiments (3.2). The
results depicted in Fig. 3.11 reveal almost cortstaisfits above p’'~0.2. For lower W', the
misfit decreases and reaches a minimum for p’ 3.0Fdr p approaching zero, modelled
velocities become worse again.
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Fig. 3.11: Variability of the velocity misfit (e®.9) with coefficient of friction for regional
model REG_2.

The velocity field obtained for p’ = 0.0 and p’ =60(REG_8 and REG_9, respectively) is
shown in Fig. 3.9. In the former case, the blodlesdecoupled from each other. In contrast, for
high W’ the northern block is pulled to the weseda the drag exerted from the west moving
southern block, which is in turn decelerated. Sithee seismic cycle with locked faults is not
incorporated here, optimum values of 4’ have taltda overestimated velocities south of the
NAF and lower velocities than observed north ofThis pertains in particular to the northern



49

branch of the NAF that accommodates most of thativel plate motion. For this reason,
modelled velocities just south of the Ganos Faudt emit Bay are fine though they exceed the
observed velocities. With u’ = 0.6, the much tost feelocities on the northern block and the
too slow velocities south of the NAF imply that ¢mbtory friction coefficients are not
applicable to the NAF. Optimum values for p’ arghtibelow 0.1. A value of p’=0.05 will be
used in all following models. In 5.3 it will be shin that a model with locked faults at
seismogenic depths and otherwise 1’=0.05 widelyodyces the observations.

The influence of inhomogeneous distribution of rpckperties on the velocity field and stress
orientations was investigated with two additionaddals. REG_10 and REG_11 include the
Moho and the latter additionally a vertical gradienrock properties in the crust (MAT_moho
and MAT _grad in Table 3.1, respectively).

Increasing E in the whole model volume or partstathould lead to faster velocities in the
centre of the model since the dissipation of stemargy with distance from the model boundary
is reduced. However, the models show that intradyrihomogeneous rock properties does not
substantially alter the modelled velocities (Tal3)3

It can be concluded that at least for the kinematiiensity and elastic rock properties are of
minor importance and that boundary conditions asdamtinuities by faults and their frictional
behaviour are the key elements controlling the rasilts.

3.6.2 Stress orientations

The World Stress Map (WSM) databaiea global compilation of the orientation of nmaxim
horizontal stressoy and provides independent constraints to checkntiogel results. In
northwest Anatolia information ooy, comes predominantly from earthquake focal mechasis
using the definition of Zoback (1992) that considigre plunges of the PTB axes. Besides, there
are geological indicators fooy orientation and a few data points from overcorsigess
measurements in the study area. The WSM data seextanded by ~200 data records so that
in total ~300 data records are available in the ehadea (Fig. 3.12). The broader Marmara
region is characterised by a NW-SE orientatioro@f which turns to WNW-ESE towards the
Aegean and is NNW-SSE oriented in the east. Styasatations in west Anatolia reflect the
back-arc extension in the broader Aegean.

The trajectories in Fig. 3.12 were calculated ediclg the data from geological indicators and
WSM D quality data. It appears that the geologiedicators in the northwest Aegean, that are
EW to WSW-ENE oriented, do not reflect the conterapp stress orientations represented by
the focal mechanism solutions (~-WNW-ESE), so thtgnaporal change igy orientation may
have occurred. Stress data relying on the acoestission technique (Tuncay et al., 2002; not
shown in Fig. 3.12) confirm the coast-normal oraioin of oy at the Black Sea coast in the
northeast of the model area and NS to NW-SE otienisin the east but are otherwise difficult
to reconcile with the focal mechanism data. Thiy fd@ due the shallow depths the specimens
were taken from in mines so that local effectsapography could overprint regional stress
orientations. This may also hold for the overcorifaga point in the centre of Fig. 3.12 close by
Uludag mountain.

The maximum horizontal stress orientations of tloelehs presented in Fig. 3.9 were compared
with the data (without geological and WSM D qualithata) (Fig. 3.13). The modelled
orientations were calculated from the stress teas@rid points using the definition of Lund
and Townend (2007), i.e. both the orientations madnitudes of all three principle stresses are

2 http://www.world-stress-map.org
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considered. Comparison was performed at constgothdef 5 km since many of the focal
mechanisms are without depth information or talealatith a standard depth.

24 25 2§ 2|7 2§ 2? 39 31 32 33 34

Method: Regime Quality:

?/ focal mechanism ONF A
overcoring @ss (Eé 42
geol. indicators .TF D _ ﬂ‘r

Fig. 3.12: Maximum horizontal stress orientationsdastress regime in Northwest Anatolia
from the supplemented World Stress Map (WSM) 28i@ase. Red box indicates boundaries of
the regional model (3.6). Thick black lines showangaults. Thin black lines show trajectories
calculated from the stress data using a searchusdf 70 km and requiring that at least three
data points are within that range (data from gead@d) indicators and WSM D quality data
excluded for this purpose).

North of the NAF the models show the same pattéymrientations since the same boundary
conditions were applied (Fig. 3.9). The modelledWH$SE orientation in the NE reflect WSW
extension due to the boundary constraint in EWctiva and the SW directed pull in the SW of
the model. In contrasty is oriented perpendicular to the northwest modeinolary since the
northern block experiences drag from the west ngwouthern block but is not allowed to
move to the west at the boundary and is accordiogigpressed in EW direction. Although in
this way modelledy orientations are a result of the boundary conaltjdhe data nevertheless
show this rotation of, from NS to EW orientations north of the NAF as lwel

The section between the northern and southern brahthe NAF along the western model
boundary is characterised by NNW to NW trending elledl o, whereas the data trend NW to
W. Since an extensional displacement boundary @ondiimplies oy to be oriented
perpendicular to the pulling direction it is diffiit to simultaneously obtain a good velocity
field andoy orientations with displacement boundary conditibeee.

With vanishing fault friction modelledy orientations become scattered since zero faatidn
implies that the fault cannot withstand any sheésass, so thaby is oriented either parallel or
perpendicular to the local fault strike (Fig. 3.REG_8). In contrast, with high fault friction the
stress field is smooth across the faults (REG_9).

Apart from REG_8 (u'=0.0) all models resemble thseyved WNW-ESE orientaal; along the
coast of northwest Anatolia in the southwest ofrifedel area. In the southeast model quadrant
however, only some of the tested boundary conditave capable of reproducing the obsexwgd
pattern. The observedy orientations in the south show a fan-like arrangetmwith WNW
trendingoy west of an inflection point at ~30°E and NE trewpy, east of it. Only the models
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Fig. 3.13: Modelledgy orientations (black lines) at 5 km bsl. in comgan to WSM data
(coloured lines; without geological indicators aBdquality data). Legend see Fig. 3.11.
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Fig. 3.14 a) Black lines indicate smoothed WSM detdoured lines; excluding geological and
D quality data) on a grid (0.25°E x 0.2°N), requigi at least one data point within 30 km
distance to a grid point. Only data within the sgaradius (30 km) pertain to the orientation at
a grid point. b) Histograms of the deviations betwehe modelledr; orientations and the
smoothed WSM data at grid points in (a). Positigkies indicate clockwise deviations of the
model with respect to the data and negative coutitezkwise. The mean absolute deviation m
at all grid points is shown in the right top corner
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with either u'=0.0 (REG_8) or boundary conditiohattdeviate from pure rotations (REG_6 and
REG_7) yield NE-SW orientedby in the SE, whereas all other models show roughly
perpendicular orientations there.

A gquantitative measure of the deviations betweedeatied orientations and data is shown in
Fig. 3.14. In order to reduce the influence of spatata distribution on overall deviation, the
WSM data were smoothed. The smoothed data poinEsgin3.14a) represent a compromise
between data coverage and resolution and the neodelientations were compared to these
(Fig. 3.14b). Models with rotation as boundary atod south of the NAF (REG_2 and
REG_5) show more or less Gauss-like distributionsiad ~0°. The mean absolute deviation of
~20° is less than the accuracy of the data, whickt2b® for WSM C quality data as all single
focal mechanisms. For REG_6 and REG_7 the distabu$s wider and subgroups of data are
not matched as the data cluster from normal fapléarthquakes in the Kitahya graben. The
smallest deviation is obtained for u'=0.6 (REG Whereas REG_8 with u'=0.0 yields a clearly
asymmetric distribution and the highest mean alsalaviation.

3.6.3 The preferred regional model

Coming back to the question which model to choasgfoviding boundary conditions for the
local Marmara model, it turns out that the best ehdanl terms of kinematics (REG_7) is not the
best in terms of stress orientations (Fig. 3.1348). The stress orientations of REG_6 and
REG_7 indicate, that the presumed transition pigimtot between 28 and 29°E but somewhat
farther east (Fig. 3.13). Placing the transitiobwaen 29 and 30°E (REG_6%#) yields a smaller
deviation andiy orientations that meet the principle featureshefdata in the south (Fig. 3.15).
However, velocities of REG_6# (not shown) are toatkerly directed south of the Marmara
Sea (velocity misfit 0.095).
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Fig. 3.15: Like REG_6, except the presumed traorsishifted 1° to the east (29-30°E).

REG_7, which provides the best velocity field, imsen as the one to drive the Marmara model
although the observed orientations in the south pamly not well reproduced. Taking the
observed velocity field as key criterion is congagusince not the modelled stress field but the
modelled velocity field is used as boundary conoditior the Marmara model. Besides, WSM C
quality data, as all data from single focal meckiasi have an accuracy of £25°, which falls short
of the precision of GPS observations. Eventuathgss orientations in the area of the Marmara
Model hardly differ among the various models (exxdbp models with extreme p’) (Fig. 3.13).

Fig. 3.16 provides some observations and suggestiased on the results that may explain why
the presented models can either reproduce theiwefald in the southern Marmara Sea area
(REG_7) or the stress orientations in the soutlthef regional model area (REG_6#). GPS
observations demonstrate that the area south dflnmara Sea clearly deviates from the small



53

circle rotation of the Anatolian Plate (Fig. 3.16gveral reasons may account for that. First, slip
along the Eskehir Fault. Velocities east of the Egnir Fault point inward of small circles
whereas velocities west of it have an outward caorept This can be explained by right-lateral
slip along the Eskehir Fault. Geological fault slip analyses founis tiormal fault to be active
with a right-lateral component (Kogyt and Ozacar, 2003; Tokay and Altunel, 2005;
Ocakalu, 2007; Okay et al., 2008). Therefore, a mode¢hwbundary conditions as in REG_6#
including the Eskiehir and other NW-SE striking normal faults withghi-lateral slip
component might result in EW directed velocitiesngl the southern shore of the Marmara Sea
due to relative motion on these faults. Secondaitnot be excluded that the geometry of the
middle and in particular the southern branch ofNi#d= is oversimplified in the model and that
a more detailed representation of the fault systenthis area could explain the observed
velocity field. Third, the deviation from plate ation may be related to the Izmir-Ankara
Suture, which approximately borders this area ® sbuth (Fig. 3.16). The Sakarya Zone
encompassed by the Izmir-Ankara and Intra-Pontidar8s is made up of subduction-accretion
units. Different lithologies on each side of thenizAnkara Suture (Okay and Tlysiz, 1999;
Okay et al., 2008) may imply contrasts in rockfs&gs and different styles of deformation in
the Sakarya Zone and the Anatolide-Tauride Blodg. (8.16). Eventually, stress orientations in
the south of the regional model could be influenbgdfaults, which are not included in the
model such as the faults encompassing the SimaKétahya grabens, the faults forming the
Isparta Angle and the Eskhir fault system (Fig. 3.16). Whatever the rea®orthe deviation
from Anatolian Plate rotation south of the Marm&®a may be, the boundary conditions of
REG_7 effectively account for them, so that theeobsd velocity field is satisfactorily matched
in this area.
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Fig. 3.16: Pink shaded area deviates from Anatoldate rotation. Blue arrows indicate GPS
observations after Reilinger et al. (2006), sokdilines are small circles around the Euler Pole
of the Anatolian Plate after Reilinger et al. (200thd dashed red lines after Meade et al.
(2002). Green lines mark sutures, grey line madiglgern boundary of the regional model and
grey box the boundary of the Marmara Model.

3.6.4 Stress regime and decomposition of the strefsld in Northwest Anatolia

Before applying the modelled velocity field to tharmara Model, additional results from the
regional model are presented in the following asrribution to the geodynamics of northwest
Anatolia. Fig. 3.17 shows the stress regime for REG@epresentatively for all models. A



54

common characteristic of all models is a dominéiites-slip regime north of the NAF, whereas
south of the NAF extension prevails. This genesdtgun is largely reflected by the WSM data
(Fig. 3.12). Near the eastern model boundary sofithe NAF REG_7 shows extension due to
the applied bottom pull whereas the other modetsvsh strike-slip regime there. Areas under
compression in the model are confined to a fewaashg fault bends, which is confirmed by
the data apart from some additional local thrugltifag events (Fig. 3.12). The most significant
difference among the models results from the modéls zero and high fault friction (REG_8
and REG_9). In the first case extension spreadh mbrthe NAF, whereas in the latter case a
coherent strike-slip regime reaches to the soutbeanch of the NAF.

compression
2.33

strike-slip
1.67

extension

1

Fig. 3.17: Modelled stress regime for REG_7 at Sdepth. See Fig. 3.12 for comparison with WSM
data.
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Fig. 3.18: Maximum horizontal stress orientatiofdatk lines) at 5 km depth without plate
tectonic boundary conditions in comparison to WSatadcoloured lines). a) Homogeneous
model (MAT_hom; Tab. 3.1), i.e. only topography aader load determiney orientations. b)
MAT_moho, i.e. combined effects of topography aatdV

In general, it has to be noted that the stressmeglepends on the directions and relative
magnitudes of the principle stresses and that schalhges, in particular in transitional stress

regimes, can flip the axes and the regime. Thim&sreason why the scattered patterns of both
data and model results not fully agree. All inthls result agrees with the general view that the
Marmara region is in a transitional stress regimigvieen strike-slip and extension.

Some characteristics of the regional stress fieddravealed by decomposing the stress field
into its various components. Fig. 3.18 shows stoggntations due to gravitational potential
energy, without the influence of plate tectoniesses. Stress orientations from topography
(Fig. 3.18a) resemble the orientations from platadnic boundary conditions (Fig. 3.13) in
most parts of the model area. This can be expldigdatie elevated Anatolian Plateau (Fig. 1.2),
which exerts stresses oriented towards the topbgrapws of the Black Sea, Marmara Sea and
Aegean Sea. One may conclude, that at least to sxtemt gravitational potential energy
contributes to the plate tectonic stresses inrdugon. Similarly, the Moho acts to compress the
overlying crust in the surrounding of shallow Moheeas. Saoy is oriented radially with
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respect to the Marmara Sea (Fig. 3.18b), which feaad as an area of relatively thin crust
(Fig. 3.2). The same holds for the elevated Mohwehth the Black Sea and the Aegean.

Fig. 3.19: a)agy magnitude at 5 km bsl. due to the overlying raott water column for material
distribution MAT_hom. b) Effect of Moho @pn magnitudes. Difference a@f; magnitude at 5
km depth between material distribution MAT_moho AT _hom (Tab. 3.1), both models
without plate tectonic boundary conditions. c) Effef plate tectonic boundary conditions on
oy magnitudes. Difference igy magnitude at 5 km depth for MAT_hom (Tab. 3.1)veen
REG_2 (Tab. 3.3) including plate tectonic boundaonditions and the same model without
plate tectonic boundary conditions. The total strésld (not shown) is approximately the sum
of a), b) and c).

In Fig. 3.19 maximum horizontal stress magnitudes lem bsl. due to the load of the overlying
rock and water column (a), the influence of the bi¢h) and plate tectonic stresses (c) are
separately shown. These three sources of stressbee to the total stress field. The stress
magnitudes in Fig. 3.19a) roughly reflect the tapphy since in first order the stresses are
determined by the densitp£2.65 g/cm?), the local topography and the k-rati® km depth
given in Fig. 3.7. The extensional influence of #levated Moho beneath the Marmara Sea
amounts to a decrease of ~10 MPa in horizontadst@ée 5 km depth beneath the Marmara Sea
(Fig. 3.19b). The area from Biga Peninsula overaRkale Street to Strandja Massif as well as
the area east of the Marmara Sea experience anmambcompression by the Moho. Areas of
high depth gradients and depth differences of th@hdicorrespond to high stress changes,
whereas areas of flat Moho hardly alter stress madgs in the upper crust (Fig. 3.2; 3.19b).
Therefore, the influence of Moho variations on hontal stress magnitudes might be even
higher when using not a smoothed Moho surface as, hmt the actual one with shorter
wavelengths and steeper flanks. On the other Hamddntrast in density and elastic properties
between crust and mantle was chosen appreciablthisn example (material distributions
MAT_hom and MAT_moho in Table 3.1, respectivelygeuwdrtheless, this result shows that the
Moho influences stress magnitudes at seismogepihsgl@nd hence the normal and shear stress
on faults and by that the criticality of a faulth@n assuming the Coulomb criterion (eq.1.1) as
failure criterion. The question whether the uptift®loho is a result of ongoing tectonics or
whether an uplifted Moho caused the Marmara Seaedsion and the features of extension
there like normal faulting, remains open. Fig. 8)18hows the influence of plate tectonic
boundary conditions ooy. The northern and eastern model area is comprésseldte tectonic
stresses whereas in the southwest horizontal sgretescrease. In this way, the plate tectonic
stress pattern reflects the relative orientatiohghe NAF's strike and the Anatolian Plate
motion indicated by the small circles (Fig. 3.168). most areas, the plate tectonic stresses
clearly exceed the stresses caused by the Moh&oemda significant fraction of the stresses by
gravitational potential energy. The highest stressel the highest stress gradients arising from
plate tectonics are induced near faults so thatsthess field beneath the Marmara Sea is
strongly perturbed.
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Having presented the data to be incorporated inéofinite element model and a suitable
velocity field for the northwest Anatolian regiors &#oundary conditions for the Marmara
model, it is passed over to the latter model infthlewing.
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Chapter 4

Steady-state Marmara model

Within this chapter the steady state evolutionta velocity and stress field of the Marmara
model introduced in chapter 3 is presented andudésr. “Steady state” refers to the secular
evolution of stress and strain without the effaftshe seismic cycle. In other words, it means
the sum of interseismic velocity and coseismic ldispment and of interseismic stress
accumulation and coseismic stress drop averagedayeriod of several seismic cycles. In
some respects it is more relevant to know steaate-sjuantities than time-dependent ones that
are affected by the seismic cycle, as for instancease of slip rates on a fault. During the
interseismic period the slip rate at the Earth'dase is zero since the fault is locked. Instead
we want to know the secular rate at which the ttexhs are passing by each other since the
slip rate is a key parameter for estimating thewsat slip deficit that will eventually be released
during an earthquake. Therefore, kinematic resaftsa steady-state Marmara model are
presented excluding the influence of the seismidecyin a technical sense this simply means
that effective fault friction is uniform and low '§0.05) throughout the whole depth extent of
the faults, as already done in case of the regimoalel (3.6).

The boundary conditions for the Marmara model aréodows. The northern model boundary
is laterally fixed and at the NW and NE boundaf#¥ displacements are constraint to zero as
for the models presented in Fig. 3.9. The lateedbaity field of Regional model REG_7 (Fig.
3.9) is used to drive the Marmara model south efrtiain branch of the NAF. The model is run
for 20 kyrs starting from the initial stress st(8e5).

Results of the Marmara model are presented in tefrkiematics (4.1), stress regime (4.2.1),

stress orientations (4.2.2) and stress magnitude& 3). The results are compared with

independent data and discussed. Chapter 4.3 susawashat the results of the steady-state
Marmara model imply for seismic hazard.

4.1 Kinematics of the Marmara model

The nodal displacements of the finite element mash part of the model output of the
performed stress-displacement analysis (Fig. Z/8g kinematics of the Marmara model is
shown in terms of the horizontal (4.1.1) and veitti@.1.2) velocity field, including lateral and
dip-slip rates on faults as well as profiles oftiele plate motion across the plate boundary zone
and of vertical motion across the Marmara Trough.

4.1.1 Horizontal velocity field

The modelled steady state horizontal velocity fisldhown in Fig. 4.1. North of the NAF the
modelled velocities are almost vanishing due to #pplied boundary conditions, which
constrain velocities to zero at the northern mdmeindary and prevent east-west motion at the
eastern and western model sides north of the NAfe dGounter-clockwise rotation of the
Anatolian plate is visible in the southern parttbé model area where the EW directed
velocities in the SE turn gradually to SW in theitbevest part of the model area. North of the
NAF velocities are uniformly EW directed east of @entral Basin (hardly visible due to small
rates) and at about the longitude of this basiy theperience a clear south component so that
velocities are directed in southwest directionthenNW model area.
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The MMF represents a major discontinuity in theoedy field as velocities south of it are
clearly increased by more than 1 cm/yr comparetbtth of it and velocities further increase to
the south. Also smaller faults coincide with diserehanges in velocity. The change in rate
across the NAF is more sharp at Sapanca Lake (pastelel boundary) and at the Ganos fault
(western model boundary) than in the Marmara Searevthe same velocity change is taken up
between the northern and southern rim of the Nigidihmara Trough rather than exclusively at
the MMF. This becomes apparent when tracing then¥ymand 17 mm/yr velocity isolines,
which more or less border the North Marmara Trougglocities in the Cinarcik Basin show a
slight north component and are significantly reducempared to other areas south of the NAF.
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Fig. 4.1: Modelled horizontal surface velocity fleh terms of rate (contours) and direction
(arrows) relative to stable Eurasia (MAT_hom; Tat)3Black lines mark implemented faults.

Fig. 4.2: Difference in horizontal velocity withgjgect to the homogeneous reference model in
Fig. 4.1 of three inhomogeneous models (Tab. 3wlg, models with modified coefficient of
friction (0’ = 0.6 except MMF and p’ = 0.03, resgeely) and one with modified boundary
conditions (Meade). Strictly speaking, also the ehosith p’ = 0.03 has changed boundary
conditions since here the regional model with 1.0.83 was used to drive the Marmara model.
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The homogeneous reference model (Fig. 4.1) witk+ |0.05 and boundary conditions from
regional Model REG_7 was modified in order to ass#d®e effects of rock properties,
coefficient of friction and boundary conditions welocities (Fig. 4.2). All three inhomogeneous
rock distributions introduced in Tab. 3.1 yield Inéy horizontal velocities south of the MMF
than the homogeneous model in Fig. 4.1 by up tp@%and 1.3 mm/yr, respectively. A model
with @’ = 0.6 on all faults except the MMF (1’ =08) yields maximum increase of 2.4 mm/yr
in the eastern Imrali Basin. Lowering p’ on alllfaudo 0.03 yields moderate positive velocity
changes in the North Marmara Trough and decreageeaame amount in the north and south.
This model was driven by the velocity field genedcaby the same regional Model REG_7 as
the models before except that p’ = 0.03 was asdigodghe faults. Two further models with
changed boundary conditions were tested. Theifiratmodification of regional Model REG_7
using the Euler pole and rotation rate from Meadad.€2002) instead of Reilinger et al. (2006).
In response to this boundary condition the soutidock of the Marmara model is faster by
1.5-2 mm/yr. Finally, a model driven not only latky but also in z-direction according to
regional Model REG_7 was run. However, horizontdbeities are not much influenced by that
(< 0.2 mml/yr, not shown in Fig. 4.2).

4.1.1.1 Lateral fault slip rates

From the nodal displacements on top of the consacfaces (faults) the lateral relative
displacements between the nodes on either sideedfault were calculated. The result are the
right-lateral slip rates at the surface presentedrig. 4.3 for the homogeneous model. The
northern branch is found to accommodate the laggstof the relative plate motion. Slip rates
vary significantly along fault strike. In the eastéarmara Sea and especially along the Prince
Islands segment the slip rate is smaller than énGhlf of Izmit and in the western Marmara
Sea. A minimum slip rate of 12.4 mm/yr is foundtbe Prince Islands segment and a maximum
rate of 17.8 mm/yr at the easternmost part of theds Fault. Between the eastern end of Izmit
Bay and Tuzla Bend the slip rate decreases frord hvm/yr to ~14 mm/yr, which is a
reduction of ~20 %.

Fig. 4.3: Right-lateral surface fault slip ratesrfihe homogeneous model (MAT_hom, Tab. 3.1).

The other faults exhibit right-lateral slip rates the range of 0-3.2 mm/yr. Generally, the
segments striking EW to ENE-WSW, which is the digt of plate motion, slip at higher rates
than those oriented oblique to it. The modelled &ites also depend on the length and depth
extent of the faults. The main branch, which trats¢he whole model and reaches down to its
base, shows the highest slip rates. The middlechrémeaching down to 20 km depth), Imrali
Fault, outer Cinarcik Fault and Tekigdgault (all 15 km), Southern Border Fault and the o
between Marmara Island and Kagid@enisnula (10 km) and the other faults (7.5 kngwsh
decreasing rates.
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Fig. 4.4: Difference in lateral fault slip rate itrespect to the homogeneous reference model in
Fig. 4.2 of three inhomogeneous models (Tab. 3wlg, models with modified coefficient of
friction (W’ = 0.6 except MMF and p’' = 0.03, resgaely) and two models with modified
boundary conditions (also in z-direction at theelal boundaries and Meade). Strictly
speaking, also the model with g’ = 0.03 has changedndary conditions since here the
regional model with p’ = 0.03 was used to drive Marmara model. The figure on the lower
right shows slip rate on the MMF of the homogenemisrence model in Fig. 4.3 at 15 km
depth. Here, white lines mark surface traces ofl@mented faults.

The model variations introduced above affect rigkéral slip rates (Fig. 4.4) as implied by the
results previously presented (Fig. 4.2). Incorgorabf the Moho raises the slip rate by 0-0.6
mm/yr on the MMF, whereas rates slightly decreasdéhe other faults. Consideration of the
sediments yields an increase of slip rates onMMF by up to 0.5 mm/yr for material

distribution MAT_sedi and by 1.5 mm/yr for MAT_grafissigning p’ = 0.6 to all faults apart

from the northern branch reduces slip rates onsthaller faults by up to 2.2 mm/yr on the
middle branch of the NAF while the slip rate on MBF moderately increases (< 1.2 mm/yr).
By about the same amount the slip rate increaseseoMMF with 1’ = 0.03 whereas rates on
the other faults show only minor changes. Appltimg other definition of Anatolia’s rotation as
boundary condition (Meade) brings about signifidactease of slip rate by up to 1.8 mm/yr on
the MMF and also moderate increase on the othdtsfaln contrast to the other model
variations the maximum changes here are not coratedtin the central parts of the MMF but
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instead more or less uniformly increased throughwhole model. Slip rates remain unchanged
when driving the Marmara model also in z-direct&nthe model sides.

The right-lateral slip rate on the MMF of the refiece model (Fig. 4.3) was also controlled at
15 km depth (Fig. 4.4, bottom right). Slip ratesdapth are similar compared to surface slip
rates. However, the rate is constant between lateBénd and Ganos Bend while surface slip
rates show small variations. The minimum in sligran the Prince’s Islands Segment is shifted
to the southeast at depth.

4.1.1.2 EW velocities across the plate boundary

Fig. 4.5 shows how relative plate motion is accomated across the plate boundary zone
based on the velocity field shown in Fig. 4.1. 8inelative plate motion is roughly EW directed

in the Marmara region, EW velocities across théegbmundary zone were controlled at four NS
profiles at 28, 28.5, 29 and 29.5°E. The northaanbh accounts for the dominating part of
relative plate motion with strong increase of westivmotion from north to south across this

fault. Qualitatively, this is a common feature ki@ngitudes, but the importance of the slip rate
on the MMF with respect to total relative plate maptacross the model area is different at the
respective longitudes.

The profile at 29°E crosses from north to southNtdF, the inner and outer Cinarcik Faults,
the Imral Fault and the middle branch of the NARjch is expressed by the five steps in Fig.
4.5 from north to south. In contrast, the profite28.5°E crosses only the main and middle
branches of the NAF, visible by the two pronouns&zps in Fig. 4.5. The EW velocity just

south of the Imrali Fault at profile 29°E is thereaas on profile 29.5°E just south of the main
branch of the NAF, and also north of the main bnalBeV velocity is the same on both profiles,
so that the difference in EW velocity across thénntanch at 29.5°E is jointly taken up by

four faults at 29°E (Fig. 4.5).

Between the steps in EW velocity indicating slip fawlts, EW velocities are mostly not
constant with latitude. For instance, EW velocitgreases by 1 mm/yr between the main and
middle branch of the NAF at 29.5°E.
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Fig. 4.5: EW velocities along four NS-profiles angitudes shown on the inlay map.
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Tab. 4.1: Summation of slip on the MMF, on the ofhelts and of internal deformation to total
relative EW velocities between northern and southaopdel boundary at the four longitudes
shown in Fig. 4.5. Percentage numbers indicatetioacof slip rate on the MMF to total
relative EW velocity across the model width.

Right-lateral slip rate on | Sum of right-lateral slip | Internal 3 [mmlyr]

the MMF rate on the other faults | deformation

[mm/yr] [mm/yr] [mml/yr]
28°E 14.4/75 % 7.6 -2.8 19.2
28.5°E 14.7/75% 5.4 -0.5 19.6
29°E 12.8/64 % 5.7 1.4 19.9
29.5°E 15.3/76 % 1.7 3.2 20.2

4.1.1.3 Rotation rates

From the modelled horizontal velocity field shown Fig. 4.1 rotation rates were calculated
(Fig. 4.6). More precisely, the anti-symmetric pafrthe velocity gradient field at the surface

1fdve _dvy
2 N dE )’

which can be identified with the rotation rate, wammputed at the centre of each surface
triangle element from the velocities at the elersembdes (e.g. Cai and Grafarend, 2007).

The eastern Cinarcik Basin, Armutlu Peninsula d&darea north of the NAF are found to
rotate clockwise, whereas the Tekigdgasin, Central Basin, Imrali Basin and Westerra@ark
Basin as well as the area south of the basins stmumter-clockwise rotations. The highest
rotation rates are associated with fault bends.
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Fig. 4.6: Rotation rates calculated from the moeellvelocity field. Blue colours indicate
clockwise rotation, red colours counter-clockwiggations. Black lines indicate implemented
faults.

4.1.2 Vertical velocity field

The modelled vertical velocities are shown in Eig.. The most striking characteristic of the
vertical motion pattern is subsidence of rather@ebounded areas in the Marmara Sea with
clearly increased subsidence rates compared tsutiheunding. Pronounced changes in vertical
velocity coincide with implemented faults. Modelledbsidence rates reach 3.4 mm/yr in the
Tekirdgg Basin, 2.6 mm/yr in the Central Basin and 1.5 mnify the Imrali Basin. The
maximum subsidence rate is found in the CinarcdrBaith 4.1 mm/yr.
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Uplift is confined to basically two areas. Betweka western shore of the Marmara Sea and the
western model boundary the maximum uplift rate heacl.2 mm/yr and the plateau in uplift
pattern there is raised at rates of ~ 0.7 mm/yuttSof 1zmit Bay between the northern and
middle branch of the NAF and further to the sot#nihodel shows uplift at a peak uplift rate of
0.8 mm/yr just south of the northern branch andsaf 0.1-0.4 mm/yr over most of the uplifted
area. Another area of uplift, though at moderatesraf 0-0.2 mm/yr, is the northern shelf and
coastal area to the north of the Central SegmetiteoMMF.

The footwalls of faults are quite stable with mirsoibsidence rates or slight uplift as along the
Prince Islands segment, the western part of thalinkault, the Southern Border Fault, the
Tekirdas Fault and the MMF south of the Tekigd®asin. The block south of the Southern
Border Fault hosting Marmara Island is tilting b tsouth. This can be seen by the increasing
modelled subsidence rate across the Island froiti norsouth between the two faults adjacent
to the Island.

30 mm/yr1

—

T | ' | ' -4

Fig. 4.7: Modelled vertical motion pattern at tharface for the homogeneous model. Blue
colours indicate subsidence, red colours uplift.
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Fig. 4.8: Difference in vertical velocity with resgt to the homogeneous reference model in Fig.
4.7 of an inhomogeneous model (MAT_grad; Tab. &ljodel with modified coefficient of
friction (W' = 0.6 except MMF and p’ = 0.03, respgiely) and two with modified boundary
conditions (also in z-direction at the lateral baolamies and Meade). The other models in Fig.
4.4 show negligible deviations (< 0.2 mm/yr) intieal velocity from the reference model.

Both positive (1.1 mm/yr) and negative (-0.8 mmiyrdximum changes in vertical velocity of
the various models were obtained by the model uliegrock distribution MAT_grad (Fig.
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4.8). The additional subsidence holds for the @ukaand Central Basins while the positive
changes concentrate on the southwest model arssggniitsg a high friction coefficient to the
smaller faults results in an uplift component wittspect to the reference model which is
highest close to the faults. In contrast a subsideromponent of up to —-0.5 mm/yr which is
similar in pattern to that of the reference modab( 4.7) results from applying the Meade
boundary conditions. Constraining vertical velasti at the model boundaries by the
corresponding velocities in the regional model dgelprimarily an uplift component
(< 1.1 mml/yr) which drops towards the model cen&kl.other model variations show only
small changes in vertical velocity (< 0.3 mm/yr butstly < 0.1 mm/yr).

4.1.2.1 Dip-slip rates at faults

The vertical relative motion between neighbouringles on the northern and southern sides of
the faults at the surface is shown in Fig. 4.9. Buéhe steep dips of the faults the presented
rates are almost the same as dip-slip rates witieiriault planes (for the fault segments with the
lowest dips the deviation is less than 5 %).

The highest dip-slip rates occur on the on thet§aalbng the rims of the basins. Slip rates vary
along strike of these basin bounding faults indncatpreferred sections for subsidence.
Generally, high dip-slip rates are found at faelgrments that dip at the lowest angles (Fig. 3.3)
and which also exhibit relatively high lateral stgges. The fault segments linking the Cinarcik
and the Central Basin and the latter with the T&iBasin as well as the fault in the Izmit Bay
hardly show dip-slip since these faults were immatad almost vertical. Maximum dip-slip
rates reach up to 4.3 mm/yr at the Prince’s Isl&atgment and 3.8 mm/yr at the MMF just east
of the Ganos Bend. These values are a little higinen absolute subsidence rates since the
footwalls show small uplift rates there (Fig. 4.7).

Fig. 4.9: Vertical slip rate on the faults. Red @ats indicate that the northern block subsides
relative to the southern one. Blue vice verca.

4.1.2.2 Vertical motion across the basins

The vertical motion on a profile crossing the Imiatd Cinarcik Basins is shown in Fig. 4.10.

Subsidence in these basins is clearly expressekigher subsidence rates within the basin

bounding faults. The footwalls of the normal fawte rather stable. Modelled subsidence in the
Cinarcik Basin is faster in the north than in thetk and the Imrali Basin tilts to the south.
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Fig. 4.10: Vertical velocity on a SW-NE profile sging the Imrall and Cinarcik Basins (dashed
line on inlay map).

4.1.3 Discussion kinematics

How do the presented results agree or disagreeoltkrvational data, other calculations and
suppositions in the literature? Investigating ikisiot only important to range in the presented
kinematics whether it approximates the actual 8gneor not. A comparison with independent
data provides also the basis for assessing thabilgly of the combined stress-displacement
analysis. Though kinematics does not provide digformation on stress, it nevertheless sets
some constraints on the stress field. Any corré@ss field should yield kinematic results
consistent with observations.

4.1.3.1 Horizontal velocity field

From the results presented in chapter 4.1, theivelalate motion between the Anatolian and
Eurasian Plates across the Marmara Sea can bestowtbras an interplay between several
processes. Though the major part (60-80 % in thdemarea) of relative plate motion is
accommodated by the MMF (Fig. 4.3; 4.5; Tab. 4.#)ep factors contribute as well. Slip
partitioning is evident from Fig. 4.3 and 4.5, &attthe cumulative slip rates on the smaller
faults of the Marmara fault system account for gni§icant fraction of total relative plate
motion (Tab. 4.1). Changes in EW velocity in NSfjes are however not restricted to faults as
visible in Fig. 4.5. West velocities are not consthetween the faults which means that also
deformation within the blocks is involved. The distited deformation in the volume can be
understood as the sum of rotations (Fig. 4.6), sfipsecond order faults not included in the
model and permanent strain. From Fig. 4.8 it becoohear that also dip-slip on normal faults
oriented oblique to plate motion take up some paortf relative plate motion, e.g. the western
part of the Imrali Fault or the Prince’s Islandgy®ent. The change in west velocity across
these normal faults due to dip-slip is however ssgiate the faults dip steeply.

Both the Moho and the sediments enhance horizentfdce velocities and right-lateral slip rate
on the MMF (Fig. 4.2; 4.4). This can be explaingdabdecrease in fault normal stress in both
cases. The bulge of the Moho with a local minimmndépth beneath the Marmara Sea causes
extension above. Therefore, at a given coefficiehffriction the reduced normal stresses
facilitate fault slip (eq. 1.1). Besides, the stifMoho transmits the displacements applied at the
lateral model boundaries more effectively into thedel’s interior than a weaker material does
since in the latter case stronger deformation makesprovided energy to dissipate within a
shorter range from the boundaries. The sedimembsceesfault normal stress by their lower
density, which results in a lower vertical load dndthat in lower horizontal and hence fault
normal stresses (eq. 3.6). The mentioned effectisigifer Young’'s modulus and less dense
sediments are also responsible for the still fasters with rock distribution MAT_grad since
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here the average crustal Young's modulus is highdrthe average sediment density lower than
in the other inhomogeneous rock property distrimgi(Fig. 3.4; Tab. 3.1). The higher slip rate
along the MMF comes along with reduced slip rateghe other faults (Fig. 4.4) since total
relative motion between northern and southern bapndemains the same for the same
boundary conditions were applied.

The model with p’ = 0.6 on all faults but the MMé&presents an upper bound slip rate for the
MMF as far as the coefficient of friction is conged since p’ = 0.6 implies Byerlee friction
values under completely drained conditions at #hdt$. Accordingly, the slip rates on the faults
with high friction strongly fall off whereas theteaon the MMF increases (Fig. 4.4). The
decrease of slip rates on the former faults is ésgton fault segments oriented oblique in a
restraining sense with respect to plate motion. (#i4) so that the push from the southern block
is transmitted across the faults as can be seéhnebiypcreased velocities on the northwest sides
of those fault segments. The model with overalluoed coefficient of friction (u’ = 0.03)
concentrates relative plate motion in the modeh ane the MMF, whereas the role of internal
deformation becomes less important (Fig. 4.2; 4I))s is even more apparent when noticing
that total relative motion between the northern sodthern model boundary is reduced in this
model (Fig. 4.2) since in the regional model thetkern branch, which is beyond the southern
model boundary of the Marmara model, accommodateigleer portion of total relative plate
motion due to the reduced p'. By that the moderaygs that deformation is localised at faults
in case of widely decoupled blocks whereas distetudeformation in the volume gains
importance as the degree of coupling increaseshigtier fault friction.

In case of increased velocities at the model batieslgMeade) the additional relative motion
between northern and southern model boundary idyneatirely taken up by the MMF (up to
1.8 mm/yr slip rate increase at a maximum velocityease of 1.9 mm/yr).

Information on slip rates comes from different &g, the most common of which are briefly
introduced in the following. Geodetic observatidns GPS, INSAR or other techniques are
either directly used to evaluate the slip rate daudt by taking the velocity difference on either
side of a fault while assuming that the two bloeks rigid (geod). Geodetic observations are
also used within the framework of pole analyseschviim to evaluate the velocities of rotating
blocks describing piecewise circles along a faulicé (pole). Furthermore, geodetic
observations form the basis for finding optimumatation rates at faults in numerical or block
models (mod). Slip rates are inferred from eartkquaatalogues by summing seismic moments
and deriving the shear strain rate (seism). Ingatdsmological investigations measurements
of coseismic displacements of subsequent histoedhquakes in the subsurface (and dating of
the appertaining soil specimens in case of unknevemt times) are used to infer fault slip rates
(paleo). Geological investigations infer slip rabesn offsets at a fault during a certain period,
either total offset since initiation of a fault affsets of markers preserved in datable
sedimentary strata (geol).

An overview on published slip rates of the NAF iseq by Tab. 4.2 and Fig. 4.11. The
published slip rates comprise a broad range ofegaletween less than 10 and 30 mm/yr.
Generally, geodetic slip rates or those deriveth wiethods relying on them (pole, mod) exceed
slip rates from geological or paleo-seismologic#lgses. However, there are also differences
between reported slip rates relying on the saménadetExplanatory remarks on that will be
given later on during discussion.

The modelled slip rates (Fig. 4.3) largely agreethwihose from paleo-seismological
investigations (Tab. 4.2). Restrictively, one sldosdy that the paleo-data listed in Tab. 4.2 refer
almost exclusively to the Ganos Fault and onlyahsternmost part of which is included in the
Marmara model. The model predicts slip rates ofl8 7m/yr at this short section in good
agreement to the reported values. The town of &eiedocated beyond the eastern model
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boundary east of Almacik lens and represents theae of the NAF, where it is constituted of
only one single fault strand. Nevertheless, thel94nm/yr reported there (Tab. 4.2) do not
contradict the modelled slip rate of ~17 mm/yrhegt €astern model boundary.

Tab. 4.2: Overview on reported slip rates / relatplate motion / right-lateral shear rates

Slip rate [mm/yr] Fault / Location Method Reference
25 NAF geod. Oral et al. (1995)
22+ 3 Marmara region geod. Straub et al. (1997)
<24x1 NAF geod. McClusky et al. (2000)
24-25 NAF geod Reilinger et al. (2006)
22.9 NAF geod Noomen et al. (1996)
<30%2 NAF geod. Reilinger et al. (1997)
11/13/26 Izmit / 1zmit Bay / Marmara Sea geod yhan et al. (2002)
16/19 NAF: at 30°E / Marmara pole Westawayod)9
28 NAF pole Le Pichon et al. (1995)
23 MMF, including Prince Isl. Seg, pole Le Pichdrak (2003)
24/6 Northern/southern branch moq Meade et al.p00
18-24 Ganos Fault mod Motagh et al. (2007)
17 NAF mod Provost et al. (2003)
16/ 12.1 Western NAF / Marmara Sea seism Kirazi Papazachos (1995
5.6 (at 31°E) Marmara region seisn). Pinar et 896)
20+ 4 Marmara region seism Ambraseys (2006)
24 Marmara region seism Eyighn (1988)
16 NAF western part seism Kiratzi (1993)
~ 20 Marmara region seism Papazachos and Kira@8i§)1
16-24 /3 Marmara region / southern brapctseism Ambraseys (2002)
18 Ganos Fault paleo Rockwell et al. (2006)
14-18/19 NAF (Gerede / 1944 eq.) palep Rockwedll e2006)
17.5-20 Ganos Fault paleg Aksoy et al. (2006)
18 Ganos Fault (Saros Bay) palep Rockwell et 8012
6.3 Yenice-Gonen Fault paled Kircer et al. (2008)
>17 Ganos Fault paleo Meghraoui et al. (2004)
20.5+55 NAF (Eksik) geol Kozaci et al. (2007)
18.6 +3.5 NAF (Tahtakopri) geol Kozaci et al.fjiess)
5-8 NAF geol Barka and Kadinsky-Cade (1988)
18 +3.5 NAF geol. Hubert-Ferrari et al. (2002)
17 Marmara region geol. Armijo et al. (1999)
14 MMF geol. Armijo et al. (1999)
105+15 NAF in western lzmit Bay geol. Polonfak (2004)

Observed coseismic surface displacements are qttié@ heterogeneous along the fault trace,
e.g. as documented for the 1999 Izmit earthquakei(Pand Kalafat, 2002; Barka et al., 2002)
and accordingly resulting slip rates can dependloich place a trench is excavated. If disposed
soil layers cannot be related to known historicatiejuakes, dating of soil specimens becomes
necessary and these are generally afflicted witisiderable uncertainties. Nevertheless, the
published paleo-slip rates in Tab. 4.2 well ageeedch other, which strengthens confidence in
them.

Reported seismic slip rates for the Marmara Semmeagre 12-24 mm/yr, which is markedly

greater in range compared to the paleo-data (T&), dnd the modelled slip rates are well

included within this range. This uncertainty isated to basically two circumstances. First,
seismic slip rates are only as good as the ussthgecatalogue concerning its completeness in
magnitude, its spatial resolution and particulddycovered time period. Second, in a complex
fault system as present beneath the Marmara Semiselip rates denote the right-lateral shear
rate of the whole region rather than the slip cata single fault strand. For this reason, the slip
rate on the MMF should be lower than the correspmndalues in Tab. 4.2. On the other hand,
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a pre-requirement for identifying seismic slip seateith true slip rates on a fault is the absence
of aseismic creep. In this respect, seismic slipsraepresent a lower bound. When taking the
seismic slip rates as dextral regional shear ritheoMarmara region, the model results also
agree with the data as can be seen on Fig. 4.4&ndhowing that relative motion between

northern and southern model boundary is ~18-22 mm/y

25 26 27 28 29 30 31 32 33 25 26 27 28 29 30 31 32 33
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Meade et‘al‘(2002) k / Reilinger et al. (2006 /
9+0.3 24.610.3

12.7£0.5

Fig. 4.11: Published slip rates for faults in theaivhara region from block models (Meade et
al, 2002; Reilinger et al. 2006) and an elasticlaisition model (Flerit et al., 2004). The first
number at each segment stands for the right-latsligl rate and the second one for opening
(positive) or closing (negative) rate in mm/yr. Dad boxes mark boundaries of the Marmara
Model.

Geological slip rates are also diverse (Tab. 4&jich reflects the respective assumptions on
total fault offset and uncertainties in dating. .Barka (1997) estimated a total offset of 10-15
km and Schindler (1997) 55-60 km meaning slip rad&2-4 mm/yr and 15-22 mmlyr,
respectively. The most frequently cited geologaligd rate for the MMF is the one from Armijo
et al. (1999) with 70 km total offset at Gelibolarfhsula and 85 km across the Marmara region
implying 14 mm/yr on the MMF and 17 mm/yr betweenatolia and Eurasia. This is only
slightly less than the rate quantified in this stdiig. 4.3).

Published slip rates from numerical models basedemudetic observations are also similar to
the results presented in Fig. 4.3 (Provost et28103; Motagh et al., 2007). There are three
references providing slip rates for single segmefitthe fault system in the Marmara region
based on evaluation of GPS observations (Fig. 4Nlgépde et al. (2002) and Reilinger et al.
(2006) used block models and Flerit et al. (2004 gkstic dislocation model to evaluate fault
slip rates, which fit the observed GPS velocitiesttfor their presumed fault geometry. They
considered the interseismic effect in the obsemmatby locking the faults above a seismogenic
depth and determined optimum slip rates by variregdisplacement rates, which they imposed
at the lower portions of the faults beneath theilug depth. Fig. 4.11 shows their used fault
geometries and the appertaining slip rates. Metadé €2002) found a right-lateral slip rate of
24.4-25.2 mm/yr for the northern branch of the NwRh simplified fault geometry, which
considers only three segments in the area of thensta model of this study. Reilinger et al.
(2006) used a similar fault geometry consistinghaf northern and southern branch, but with a
few additional segments for a better representabibthe curvature of the fault trace. The
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resulting right-lateral slip rates of 24.6-28.0 rgndn the northern branch show more variation
compared to those of Meade et al. (2002) and &@er2n/yr higher. Flerit et al. (2004) used a

more detailed fault geometry including not only tie@thern and southern branches of the NAF
but also the middle branch along the southern sbibtlee Marmara Sea and accounted also for
deformation in the blocks between the faults. Thbtained slip rates of 17-20 mm/yr for the

northern branch, which is 6-9 mm/yr or ~30 % ldsantthe rates obtained by Reilinger et al.
(2006). The above presented slip rates (Fig. 48pdew (1-5) mm/yr less than those obtained
by Flerit et al. (2004) but drastically fall beldive rates reported by Meade et al. (2002) (7-12
mm/yr less) and Reilinger et al. (2006) (9-14 mnh&gs).

Similarly, slip rates directly deduced from geodetbservations (Tab. 4.2) are in the range of 22-
25 mm/yr and decidedly exceed the previously pteseresults (Fig. 4.3). Nowadays, mostly
geodetic slip rates are referred to and recentigailans state a slip rate of ~20 mm/yr for the
northern branch of the NAF. This value comes frova tonsideration that total relative plate
motion observed by GPS is 24-25 mm/yr (McCluskglet2000; Reilinger et al., 2006) and the
assumption that the northern branch accommodatét 8Dthe relative plate motion, which was
proposed by Meade et al. (2002) based on the ahemtoned block model (Fig. 4.11).

The presented model results (Fig. 4.3) differ frans literature value (20 mm/yr) in two
respects. First, modelled slip rates vary alondt fstuike and second they are lower by ~2-7
mm/yr. This difference has to be thoroughly disedssince geodetic slip rates are widely
thought of being most reliable for they are basedrery precise measurements in contrast to
e.g. the dating of soils and they reflect the conmterary situation rather than an average over
long time periods.

The reported slip rates in Tab. 4.2 generally implgonstant slip rate along the NAF. At least
Le Pichon et al. (2003) stresses this circumstanpdicitly while saying that the MMF slips at
uniform rate “on its whole length”, including “theorthern Cinarcik margin”. In contrast to the
view of uniform slip rate the presented resultg(Bi.3) show significant (>5 mm/yr) variability
of slip rate along the MMF. The effect of slip ratariability along the MMF would be even
more pronounced if a velocity weakening frictiow la&wvould be applied. Slip rate variability is
supported by the block and elastic dislocation nedeFig. 4.11, which all agree at least on
reduced right-lateral slip rates on the Princdarnds Segment.

The discrepancy in slip rate on the MMF betweemtioelel and the literature value (20 mm/yr)
can be referred to basically two reasons alreadwptioreed in the first paragraph of this

subchapter (4.1.3.1). First, the role of slip piaming on several faults. As shown in Fig. 4.3
and Tab. 4.1 the other faults besides the MMF aotodate a small but in sum not negligible
slip rate of a few (~1-7) mm/yr and by that a digaint fraction of total relative plate motion.

These smaller faults were not considered in thes&loentioned block and elastic dislocation
models, except the middle branch of the NAF inl#tier case (Fig. 4.11). The additional faults
permit a lower slip rate on the MMF while totalate plate motion is maintained.

Second, the role of internal deformation. Occadlpntotal relative plate motion geodetically
observed at some distance from a plate boundaltyiaiaken as the slip rate on this fault. This
is however only valid if the two blocks are rigiddaslide relative to each other without internal
deformation. Because of this, McClusky et al. (208@d Reilinger et al. (2006) correctly state
that such geodetic slip rates represent upper Isodrey proofed by GPS observations that this
pre-requirement is approximately fulfilled in mgetrts of Anatolia where internal deformation
is small (<1-2 mm/yr). Localised deformation at thF east of Bolu (31.4°E) was also found
from the characteristics of fault related offsetsinly geological times (Hubert-Ferrari et al.,
2002). In its western part however the NAF is not enore a single vertical and rather straight
strike-slip fault but exhibits marked bends andtsphto several branches forming a broad and
complex system of faults which elastically interaough the rock masses in between. At least,
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this is shown by the modelled rotations (Fig. 46§l deformation in the volume visible in the
gradients of west velocity between the faults ig. E.5. Internal deformation can explain the
difference between the high slip rates predictedth®y block models (Meade et al., 2002;
Reilinger et al. 2006), which are made up of rigidcks, and the lower slip rates resulting from
the elastic dislocation model (Flerit et al., 2084y the model of this study, which both allow
for internal deformation (Fig. 4.11). Keeping theler of slip partitioning and internal
deformation in mind Straub et al. (1997) reported bbserved relative velocity across the
whole Marmara region instead of a fault slip ratel(. 4.2).

As previously declared, the term “internal deforim&t summarises the effects of rotations, slip
on not considered second order faults and permatem. To better illustrate the deformation
the velocity gradient field calculated from the rabed velocity field could be further
decomposed into dilation and strain beside theiostahown in Fig. 4.6, which however was
not done here. In agreement to the model resutkelise rotation of Armutlu Peninsula was
reported based on structural fault characterigtideating dextral shear, GPS observations and
paleomagnetic measurements (Schindler, 1997; Sttiah, 1997; Alpar and Yaltirak, 2002).
Clockwise rotation in the eastern Cinarcik Basirs waantified by Seeber et al. (2006) to
0.018°/kyr based on geometrical considerations lwfiis quite well the modelled rotation rates
there (Fig. 4.6). Modelled clockwise rotations oncldeli and Istanbul Peninsulas are confirmed
by left-lateral faults emerged in a dextral shagrsetting (Oktay et al., 2002). Counter-
clockwise modelled rotation characterises moshefNMarmara Sea area south of the MMF and
in particular the basins. This agrees to the imetgtion of Aksu et al. (2000) who suggested
this from the structural setting revealed by setsnais interplay of plate motion and southward
retreat of the southern border of the North Marmiaugh. Overall counter-clockwise rotation
of the Anatolian Plate is evident from GPS obséowat (Fig. 1.3).

Third, the implemented fault geometry accountstier lower slip rate on the MMF. The faults
of the block and elastic dislocation models in Fidll comprise plane and vertical segments
and hence are “highly idealised”, as Reilingerle{(2006) admitted. Though the fault system
used in the present study (Fig. 3.3) is necessalsly reliant on simplifications, it nevertheless
considers mapped and seismically imaged strucimr@smooth representation concerning fault
orientations and dips. Fault bends, also small ,dees to lower the slip rate compared to plane
segments. Modelled dip-slip on non-vertical fawltsose strike encloses an angle relative to the
direction of plate motion produce an additionabtiee EW velocity not accounted for by the
other models.

Maodifications of the model brought about some clesngompared to the reference model (Fig.
4.3; 4.4). Based on the investigated elastic raokgrty and density distributions lithology may
account for an increase of right-lateral slip ratethe MMF by <1.5 mm/yr (Fig. 4.4). Though
with higher Young’s modulus and lower densitiep stite on the MMF increases at the expense
of internal deformation, expectable rock properti@sinot account for the total difference
between the model results and the literature value20 mm/yr. Also both of the tested
alternative friction hypotheses cannot accountterfull difference, at least for 1.2 mm/yr. The
same holds for the alternative boundary conditiMeade) which enhances slip rate on the
MMF by <1.8 mm/yr.

As noticed during description of the results, mtteklip rates depend on the extensions of a
fault. While the length of the implemented fault® anostly well known from bathymetric
mapping surveys and shallow seismics, the deepertstes are uncertain and in part unknown.
The faults could be assumed as essentially vetgcalinating at some depth or could merge at
depth forming a large scale negative flower stmgcincluding the middle branch of the NAF
(Aksu et al., 2000; Koral, 2007; Laigle et al., 8pOwhich could have fundamental
consequences for surface velocities and slip r@es®n the smaller faults apart from the MMF
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would cease at shallower depths than assumed, fact®n of the cumulative slip rate on

these faults would be additionally taken up by rien branch. In turn, if their lower end is at
greater depth than presumed, the slip rate on thH-Mould decrease whereas rates would
increase in particular on the middle branch ofi\iAd-.

Higher slip rates at depth could be imagined wtemembering that all but the MMF and the
middle branch of the NAF terminate at mid crustepttis (15 km) or yet above so that the
MMF should take over at depth some part of thetivdanotion accommodated by the smaller
faults at shallow depths. However, at least at h5diepth there is only a small increase of slip
rate on the MMF compared to the surface (Fig. 4.4).

In summary, uncertainties in the model parametaestd elastic parameters, friction coefficient
and boundary conditions may each account for att he&s mm/yr of the difference to the

common 20 mm/yr. It can however not be excludetl their cumulative effect could make up
the whole difference at least at some fault sestion

Within the discussion of reliable fault slip raiegs mandatory to check whether observed total
relative plate motion is reproduced by the modet éxplained previously, deformation
gradually loses its localised character at the Nvdfn east to west and the plate boundary zone
becomes distributed over a width of ~100 km anderinrthe Marmara region. The relative
EW-velocity across the plate boundary zone betwsiambul (station ITAY) on stable Eurasia
and sites ULUD on Uludag mountain and GIRE, bo#tiahs are south of the southern branch
of the NAF (Fig. 5.5), were observed to be 22+3 yin{Straub et al., 1997), which was
recently affirmed (21.4+1.5 mm/yr) by Reilinger at (2006). This is slightly less than
observed further east (~24 mm/yr; McClusky et 2000), suggesting that a small fraction of
relative plate motion is accommodated still southtiis GPS site. Modelled relative EW-
velocities between the northern and southern mbdehdary are between 17.2 mm/yr right
west of where the middle branch quits the model 2h@ mm/yr at the southeast edge of the
model (Fig. 4.1; 4.5). It is important to note, tthize former value does not include slip on the
middle branch, since the model boundary transdtssfault, and in particular the southern
branch of the NAF runs beyond the southern modehdary. This means that the model does
not cover the whole plate boundary zone and comsgtyupredicts a lower total relative motion
between its northern and southern boundaries. Tissimg fraction to the observed relative
motion at site ULUD, which is located right southtiee southern branch of the NAF, can be
referred to slip on this fault. Okay et al. (20@8kribed a slip rate of 1-2 mm/yr to the southern
branch based on the GPS observations of Straub(@987) so that the model is in agreement
to the data there. Of course, further to the westwamm/yr are left since the plate boundary
zone widens to the west.

Another crucial issue with geodetic slip rates as discriminate between interseismically
observed velocities and long-term fault slip raf@isregarding effects of the seismic cycle leads
to very small apparent slip rates when interseisralocity differences at GPS sites close to the
fault are used (Tab. 4.2; Ayhan et al., 2002). Eig.is obvious from the interseismic velocities
at stations SISL and SMAS nearby the main brancth@fNAF (Fig. 4.12). Since during the
interseismic period the fault is locked the obsdregmall relative velocities across a fault are
due to the associated deformation, which graduatlgnds over several kilometres on either
side of the fault (Deniz et al., 1993). Also th&ateely high amount of internal deformation of
7 mm/yr on Armutlu Peninsula reported by Straulalet(1997) and their observed 7 mm/yr
across Izmit Bay have to be understood in the abwteinterseismic strain accumulation rather
than as the long-term value. Because of this ietemsc signal in geodetic observations they
cannot be directly used to evaluate fault slipgates a consequence, the modelled velocities
should coincide with observations only at someadiisé from faults but not nearby. Fig. 4.12
shows that this is largely fulfilled when comparingdelled steady-state and GPS derived
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velocities at stations ITAY and DTAS. Modelled stgsstate velocities north of the NAF are so
small that they are hardly visible in Fig. 4.12thilugh geodetic observations provide no direct
information on fault slip rates, geodetic obsemadi represent a hard constraint for fault slip
rates. Therefore, the model has to be modified nmprporating the seismic cycle so that
modelled velocities can be fully compared with olsed ones. This will be presented and
further discussed in chapter 5.

2|8 2|9 3|o
|=———=> modelled

steadly-statle velc;citiesl L
—> Reilinger et al. (2006) ITAY
20 mm/yr -

Fig. 4.12: Modelled steady-state velocities (frdme welocity field in Fig. 4.1) in comparison
with (interseismic) GPS observations. Note, thaincddence is expectable only at some
distance to the NAF, not in its vicinity.

4.1.3.2 Vertical velocity field

The highest dip-slip rates occur on the faults gléime rims of the basins (Fig. 4.9). This
illustrates that the modelled subsidence in theénka@-ig. 4.7) is fault related. The modelled
dip-slip rates correlate with implemented faultdiphich are lowest along the Prince’s Islands
Segment, TekirgaBasin and Imrali Fault. Furthermore, dip-slip satiepend on the orientation
of the fault with respect to plate motion (EW) ahd acting direction of extension (~NE-SW)
so that the releasing sides of bends and NW-SKrgjrfaults are preferred fault sections for
increased dip-slip rates. Eventually, dip-slip satiepend on the lateral slip rate on a fault so
that dip-slip rates on the MMF exceed those orsthaller faults.

A comparison of the subsidence pattern in the MearB@a with the bathymetry reveals that the
striking areas of high subsidence rates coincidb thie location and extent of the deep basins,
namely the TekirdaBasin in the west, the Central Basin in the midthe Cinarcik Basin in
the east and the Imrali Basin in the south (Fi@). ISubsidence is slower between the Telgrda
and Central Basins and the area between the ktgtrthe Cinarcik Basin is quite stable in
correlation with the Western High and Central Higdspectively (Fig. 1.6).

In agreement to observations the highest modeiledlgp rates are found at the narrow ends of
the Cinarcik and TekirgaBasins (Seeber et al., 2004; 2006). The depocenfrénese basins
are visible in seismic profiles where fanning aflisgents in the basins towards the depocentres
is observed (Seeber et al., 2004; 2006; Cartoh,&t097; Laigle et al., 2008).

The footwalls of the implemented oblique-normalltfsuare quite stable or show slight uplift
(Fig. 4.7). This agrees to the findings of Seebtrak (2004; 2006) and is generally
characteristic for large normal faults in areasasrektension (Okay and Okay, 2002). Okay and
Okay (2002) reported footwall uplift on the MMF a&l/e to the present sea level at a rate
corresponding to 13 % of the hanging wall's subsideat the TekirdaBasin. This is similar to
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the model results which show footwall uplift adjate the Tekirdg and Cinarcik Basins of 8-
12 % of the subsiding hanging-walls.

In the following the modelled vertical motion paiteis discussed for single subareas of the
model one after another.

Imrali Basin

In contrast to the other basins the Imrali Basihdsdly expressed in the bathymetry whereas
the model predicts relatively high subsidence rdtese. The explanation for this is elucidated
by seismic profiles crossing the basin showing thatbasement is submerged by ~4 s TWT
(Parke et al., 2002; Laigle et al., 2008) corresio to a vertical offset of up to 4 km across
the Imrali Fault at the southern rim of the baSine depression is almost filled by sediments
concealing the downthrown basement. For sedimentgtrocesses are not included in the
model, the Imrali Basin is expressed in the modedigbsidence rates but hardly in the actual
seafloor morphology. The Imrali Basin is locatest joorth of the mouth of the Kocasu River
which carries about 90 % of the total fluvial sednt influx into the Marmara Sea (Okay and
Ergiin, 2005). At the Imrali Fault near its soutmeost point McHugh et al. (2006) report
subsidence due to footwall collapse at a scarpratteaof 1 mm/yr based on radiocarbon dating.
They consider an additional 1 mm/yr as possiblenmiaking into account a receding normal
fault scarp. At the place of investigation the modelds a dip-slip rate of 0.5-1 mm/yr which is
further increasing to the west (Fig. 4.9) and asohlie subsidence of the same amount (Fig.
4.7) in rough agreement to this finding.

Cinarcik Basin

The maximum subsidence rate in the model aredlish/yr in the eastern Cinarcik Basin. In
agreement to that Seeber et al. (2006) found teatdepocentre of this basin is located in its
eastern part. Concerning subsidence rate at thecdefre the maximum modelled rate is in the
same order of magnitude but less than the 7.7 sninByr subsidence inferred by Seeber et al.
(2006). They used the interaction between faultrotled subsidence and sedimentation, which
changed in rate at the lake—sea transition in tlanMra Sea ~14 kyrs ago, to infer this
subsidence rate. Some part of the discrepancy cbeldexplained by the performed
modifications of the reference model. Using the rmtary conditions “Meade” increases
subsidence by up to 0.5 mm/yr, which is due to fhmter relative plate motion. Increased
subsidence rates of locally up to 0.8 mm/yr anisenfanother distribution of density and elastic
parameters (Fig. 4.8). The effect of sedimentatiohich leads to compaction and hence
subsidence, can be excluded since reported seditimnrates inferred to be 3.4+0.3 mm/yr
(Seeber et al.,, 2006) are much too low. A probabplanation for the underestimation of
subsidence concerns the fault geometry - in twpegs. First, the dip of the Prince’s Islands
Segment in the model is 75-85° and hence relatistelgp. Earlier simple test models showed a
strong dependence of fault dip and dip-slip motiath increasing dip-slip rate as fault dip
decreases. Therefore, higher subsidence rates vbaulobtained with a less steeply dipping
fault. Seeber et al. (2006) and Okay et al. (2@@0gulated and interpreted distinct lower dips
of 60/74° and ~45-80° (their Fig. 6), respectiveéljne second aspect of potentially improper
fault geometry is related to the discovery thatrehare actually two faults along the northern
rim of the Cinarcik Basin, a steeper inner one asthallower outer one (Carton et al., 2007).
Therefore, lateral and dip-slip on the Prince ldlrsegment may be partitioned and more
complex than captured by the anticipated geometry.

The Cinarcik Fault was modelled with dominant dip-sear its southern turning point where it
joins the Imralh Fault (Fig. 4.9) and dominant tidgiteral slip in the west (Fig. 4.3). From
seismic images the contrary is more likely (Caebal. 2007). This is either due to an improper
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deep geometry of this fault in the model or duee@sons that will be discussed later (chapter
stress regime).

For the Central Basin Armijo et al. (2005) repor2-& mm/yr throw rate at the inner faults of
the Basin. Laigle et al. (2008) assumed a 2 mmugsislence rate. The maximum modelled dip-
slip rate is 2.1 mm/yr on the southern inner ring(A.9) and maximum subsidence rate 2.6
mm/yr (Fig. 4.7).

At the western end of the Tekigl8asin Seeber et al. (2004) inferred a subsideaigeaf 2.8
mm/yr based on a back-stripping analysis of thenfreast to west progressively tilted and
subsided sediments resulting in a rake of 8° artkuthe assumption of a 20 mm/yr right-
lateral slip rate. This is similar to the modelkdsidence rates of <3.4 mml/yr there (Fig. 4.7).
To the west of the TekirgaBasin on the shelf close to the coast however Sesthal. (2004)
derived subsidence of 4-6 mm/yr from an unconformit sedimentary strata vertically
disposed by the MMF since the lake-sea transit@eber et al. (2004) concluded that this rapid
subsidence is recent and has to be seen in thextoot west-moving subsidence on the
laterally fixed northern block while the westmovirsguthern block and the Ganos bend
belonging to it are stable. Though time dependertical motion would not be captured in Fig.
4.7 since steady-state velocities were controllieid, contradicts the uplift modelled there and
may be due to an oversimplified fault geometry.

Southern and northern rim of the Marmara Trough

With increased subsidence north of the Southera@drault this fault marks the shelf break in

the southwest of the Marmara Trough (Fig. 4.7). filgher subsidence rates in the western part
of this fault and lower rates in the east are cordd by the increase in vertical offset of the

basement topography in seismic NS profiles from @asvest (Parke et al., 2002) and is also

seen but less pronounced in the bathymetric grediehnich steepen from east to west.

In contrast, the northern margin of the Marmarasgtois hardly imaged by a distinct change in
modelled subsidence rates. This is not what onddaexpect from the rather sharp break in the
bathymetry. The model does not include a deep dofatelt at the northern rim of the trough
since several authors agree on the lack of activkisfthere from seismic profiles (Le Pichon et
al., 2001; Parke et al., 2002). Possibly landslatethe steep slopes are responsible for the shelf
break at the northern side of the trough. At Idastsome sections landslides are documented
(Armijo et al. 2002). This kind of mass movememas considered in the model.

The modelled southward tilt of Marmara Island andpKl& Peninsula to the south of the
Southern Border Fault agrees with a series ofdtitasement blocks found by Parke et al.
(2002) from seismic sections.

Western shore

The uplifting area near the western model bound@iy. 4.7) is characterised by pronounced
topography. The Ganos Mountain near the westerresbibthe Marmara Sea reaches 924 m
above sea level (Fig. 1.5). The presence of thiclare was ascribed to uplift related to the
Ganos Bend (Seeber et al., 2004), which is theaiastg bend of the MMF near the western
shore of the Marmara Sea. The Ganos Mountain &ddcat the transpressive side of the bend.
Along the western shore of the Marmara Sea maeirrades are present onshore. Yaltirak et al.
(2002) dated shells from these marine depositgusidiometric methods. Under consideration
of sea level changes they found neogene uplifsrat®.3 mm/yr in Gazikdy, which is located
close to where the NAF enters the Marmara Seaniduel shows uplift only north of the fault
whereas the southern block is stable. In cont¥adtirak et al. (2002) found average uplift rates
of ~0.4 mm/yr also south of the NAF on the entirestern shore of the Marmara Sea including
the Strait of Canakkale (Dardanelles). The modeallyaipg the MAT grad rock property
distribution shows 0.1-0.2 mm/yr uplift relative toe reference model there and thus better



75

approaches these observations (Fig. 4.8). Thisshalsb for the model applying the vertical
velocities of the regional model as additional ldany conditions (Fig. 4.8). In this case the
uplift cannot be explained by processes withinrtifoglel area but have to be seen in context of
the surrounding which influences the stress-digptsnt pattern there. Probably, this is in
relation to the southwestward turn of the middlenoh of the NAF near Kapigdeninsula and

of the southern branch near Génen (Kircer et @82compressing the area to the west similar
to the restraining Ganos bend. If so, this in guarent in favour of the applied sub-modelling
technique since the regional model implicitly irads this effect.

Southern shore

Along the middle branch of the NAF modelled relatixertical motion due to dip-slip is mostly
absent (Fig. 4.9) which is confirmed by seismicfifgs lacking appreciable throw components
perpendicular to this vertical strike-slip fault Kulus and Canbay, 2007). However, at
Bandirma Bay next to Kapigd@eninsula and around Iznik Lake the southernsithsides with
respect to the northern side while one would exgleetcontrary. Several inadequacies of the
model may could account for this mismatch. The lseut boundary of the model was
unfavourably chosen since it follows the Bursa grabnd the fault along the southern rim of
which is beyond the southern model boundary. Théens to cause an improper
accommodation of the NS-extension in the volumaeltieg in subsidence south of the middle
branch instead of dip-slip on a normal fault. Tlegional model accounting for this roughly
reverses the subsidence south of Bandirma Bay @if. 4.8). There is evidence for the
presence of normal faults in Bandirma Bay (Kuguwdnd Canbay, 2007) and the fault along the
northern edge of KapigaPeninsula obviously exhibits a significant digestiomponent with
the hanging wall being the northern one since Patkd. (2002) imaged a vertical offset in the
basement of ~1.5 s TWT across this fault (theifilerddar97-13). Implementing this fault less
steep and consideration of omitted normal faultdcttherefore avoid the obtained subsidence
pattern. Accordingly, a north dipping middle branwar Iznik Lake and incorporation of the
south dipping normal fault north of this Lake maglgt improved results there as well as usage
of stiffer material in the model volume (Fig. 4.8).

Armutlu Peninsula, Samanlida massive and lzmit Bay

A striking mountain range (Samanhti#assive) elongates along the middle branch of tA& N
to the north of it where the model shows upliftg{FL.5; 4.7). This mountain range may be a
consequence of the vertical WSW oriented middlendhiaand the EW directed plate motion.
Emre et al. (1998) interpreted the mountainous aefdhe Samanliddassive as a large scale
pressure ridge between the northern and middlecsivathe NAF. Uplift to the south of Izmit
Bay is indicated by marine terraces including ogsthat are found 12-15 m above the present
sea level. Cgatay et al. (2003) inferred an age of ~36 kyr Far top of these terraces frofe-
dating which would imply an average uplift rate €8.4 mm/yr. Yaltirak and Alpar (2002)
inferred an uplift rate of 0.224 mm/yr of the blasbuth of Izmit Bay. In good agreement to that
the modelled uplift is 0.2-0.4 mm/yr there (Fig7)4.The Karamursel Basin in the Izmit Bay
however is not reproduced by the model, which naydbated to the observation that the high
subsidence rates there are localised (Cormier .et28D6) due to not considered smaller
structures. In any case, the model shows the pyipattern of relative uplift of the southern
side of 1zmit Bay with respect to the northern side

There is evidence for moderate subsidence nortlzroft Bay as predicted by the model.
Cormier et al. (2006) found an escarpment betwhenNAF and the northern shore of Izmit
Bay by bathymetry mapping and high-resolution sasrand interpreted it as a paleoshoreline
of the Marmara Lake during the last glacial maximimthe western Izmit Bay this escarpment
is 90-95 m bsl. Southwest of Istanbul, at ~4.5 kstashce from the NAF, this escarpment is 87
m bsl. Cormier et al. (2006) assumed the latter teitbe hardly affected by fault tectonics and
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therefore to represent the reference for the ahcea level ~12 kyrs before present. They
conclude that the northern block in the Izmit Bapsides at a rate of <1 mm/yr. In agreement
to that the modelled subsidence rates there atreirange of 0.2-0.3 mm/yr. Also the modelled
relative vertical velocities between the discovepateoshoreline southwest of Istanbul and the
one in the western Izmit Bay match the observed +8-subsidence of the latter site with
respect to the former one since the last glaciaimam quite well. The model predicts uplift of
~0.2 mm/yr and subsidence of 0.2-0.3 mm/yr, respsyt at these sites which means a vertical
offset of 4.8-6.0 m between them after 12 kyrs.

Northern shore and Istanbul

There is evidence for uplift of the northern shofehe Marmara Sea in the past. Okay and
Okay (2002) draw this conclusion from the preseoiceteep cliffs along the northern shore,
from marine terrace deposits onshore, from thendrg diversion of the Maritsa River which
once was flowing into the Marmara Sea but today the Aegean and from northward tilt of
the Thracian erosion surface. They referred thétupl a tectonic origin related to the NAF.
Oktay et al. (2002) reported 75 m of uplift on tierthern part of Istanbul Peninsula during the
Late Quaternary. The model shows a stable cental @f the northern coast whereas
subsidence prevails in the northwest and north@agt 4.7). Again, uplift at small rates is
obtained when constraining the vertical velocitytteg model boundary by the velocity field
emerged in he regional model (Fig. 4.8).

Within the Terrafirma project of the European Spagency (ESA) the vertical motion of
Istanbul was investigated using the technique ofiBtent Scatterer Interferometry. Comprising
numerous satellite images out of 15 years, avesagsidence rates of 0-2 mm/yr were found in
Istanbul but locally also subsidence rates of up tom/yr’. The model results show subsidence
in Istanbul at a rate of 0.3-0.6 mm/yr (Fig. 4.Thus, the modelled rates are comparable in
magnitude to the observed ones but they do natatefthe observed heterogeneous pattern of
subsidence since the resolution of the finite el@mnmesh in this area 81.5 km and local
heterogeneities may be due to soft soils or urstiahindation geology as well as ground water
effects. In view of the reported uplift in the pastd the contemporary subsidence a temporal
change in vertical motion pattern could have oadinvhich may be related to the spreading
influence of extension arising from the retreatitetp in the Hellenic subduction zone.

Marmara region

GPS based vertical velocities are available fomthele Marmara region (Ergintav et al., 2007).
They show a heterogeneous pattern and in part iaptd vertical motion exceeding 10 mm/yr
with uncertainties of several mm/yr. Vertical vetms by GPS are known to be less accurate
than horizontal ones due to a number of botherigigass from e.g. the troposhpere or electron
content in the ionosphere. Besides, it is diffidaltdiscriminate between vertical motion of
tectonic origin and local signals from ground waflectuations and extraction, compaction,
creeping slopes and others which often reach ddtt®e same order.

The published slip rate models in Fig. 4.11 fourekima in fault-normal opening rates at the
Prince’s Islands Segment, which is consistent wighslip on this segment and subsidence of
the hanging wall (Fig. 4.7; 4.9). Muller and Ayd{8005) modelled vertical motion of the
seafloor of the Marmara Sea using different faglbrgetries in an elastic boundary element
dislocation model. They obtained maximum subsidencéhe basins of 6 mm/yr but also
subsidence for the whole Marmara region exceedimg?yr. By that their relative subsidence
rate across e.g. the Prince’s Islands Segmentxsmaan 3 mm/yr, which is similar to the dip-

® http://www.spiegel.de/wissenschaft/weltall/0,1513,204,00.html
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slip rates in Fig. 4.9. Eygan et al. (1988) calculated a crustal thinning fatethe Marmara
region of 0.13 mm/yr from seismic moment tensormajor earthquakes. This may be taken as
an average subsidence rate for this region anansistent with the prevailing extensional
influence from the Hellenic subduction zone.

Several tectonic models were proposed on how trprét the origin of the basins and the
pertaining role and nature of the fault geomeWio(g et al., 1995, Aksu et al. 2000; Okay et
al. 2000; Imren et al. 2001, Armijo et al. 2002, Riehon et al. 2001; 2003, Parke et al. 2002).
Debate came to a head between mainly two hypothasi®ichon et al. (2001; 2003) claimed

that there is only one single through going stskp-fault in the Marmara trough. In contrast,

Armijo et al. (2002) resisted on the view that #armara trough as a whole is a pull-apart
basin and also the single basins.

In order to take a stand on that by means of thdeirtbe vertical motion on a profile crossing the
Cinarcik and Imrali Basins was considered (Figdyvihich corresponds to profile No. 8 of the
SEISMARMARA seismic experiment (Laigle et al., 2D08he vertical motion on this cross
section clearly expresses the subsidence in thisbdige to oblique slip with down component at
the Prince’s Islands Segment, Outer Cinarcik Fandt Imrali Fault. Evidence for more rapid
subsidence along the northern rim of the Cinar@agimcompared to the south is found by north
tilting sediments (Carton et al. 2007) and likewsseith dipping sedimentary layers in the Imrali
Basin (Laigle et al. 2008). The small south dipdigjt in the northern Imrali Basin seems not to
cut into the basement on seismic images (Laigkd.e2008) so that this fault was erroneously
implemented to penetrate also the basement praglaciireater vertical throw rate relative to the
other faults than observed. The footwall soutthef@inarcik Basin slowly subsides relative to the
footwall of the Imrali Fault which is by the seisally imaged basement topography (Laigle et al,
2008). By that, the modelled subsidence patterosacthe basins agrees to the interpretation of
Laigle et al. (2008) that submergence and tiltihg tuge basement block is involved which is
downthrown on its southern side at the Imrali Fantt retreats to the south.

These results cannot be fully integrated into eitiighe existing two main kinematic models of
the Marmara region. At greater depth the fault getoynin the FE model is comparable to the
point of view represented by Le Pichon et al. (2003) since beneath 15 km only the MMF
is implement beneath the Marmara Sea. Although single through going strike-slip fault
seems to be prevalent at greater depth as projyskd Pichon et al. (2001; 2003) the model
shows also significant dip-slip components and slipsubsidiary faults at shallower depths.
The FE model includes the faults according to thdase trace fault map of Armijo et al.
(2002) and the FE results agree on their opinicet ®everal faults are involved in the
accommodation of relative plate motion. Howeveg HE results were obtained using a fault
geometry at depth which does not represent cldgsitlapart structures as they emphasize to
exist and fault step-overs at depth in earlier nwgelded strongly decreased slip rates. The
preferred fault geometry in this study can be dbedras a through going main fault with
dominant strike-slip character which however alsmprises non-vertical sections exhibiting
obligue slip and is accompanied by normal faultseréby, a prominent role is exerted by the
bends of the main branch. Near the Tuzla and G&wsls the fault becomes less steep
allowing dip-slip at the releasing sides of thedwernThe Cinarcik and Tekirgd@asins can be
interpreted as half grabens that tilt toward thepotig border fault. An extensional component is
taken up by dip-slip on normal faults with the fwatl blocks remaining stable leading to
subsidence and tilting of basement blocks (FigO@.1

41.4 Conclusions kinematics

The main results of the modelled kinematics ar®i®wvs
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= Right-lateral slip rate on the MMF is variable ajostrike and is in the range of 12.5-18
mm/yr in the model area and amounts to ~15 mm/ytherCentral Segment. Slip rate may
be higher by up to ~2-4 mm/yr depending on roclpprbies, coefficient of friction and the
preferred regional velocity field.

= The inferred fault slip rates are not a result@frobservations but due to another physical
conception. Fault slip rates cannot be directhgedrined from geodetic observations. A
physical model based on assumptions is requirdédace fault slip rates from observed
surface velocities. In contrast to plane and vatficst-order faults as boundaries of rigid
blocks, a 3D fault geometry, including second-offdeiits, with reasonable effective
coefficient of friction, embedded in a deformingdnen, was set up. Fault slip rates were
quantified, not by forcing fault slip rates to matinematic observations but instead by
establishing a stress field by applying remote eifdooundary conditions to an initially
stressed volume. This enables slip rates to eobaly in response to stress, and the
resulting velocity field is in agreement to obs¢isas. The lower slip rates with respect to
the frequently reported 20 mm/yr are primarily expéd by slip partitioning on several
faults and by internal deformation that involvesoalotations. Though the MMF accounts
for the dominant part of relative plate motion thedel results rise the demand to
distinguish relative plate motion from slip ratetbe MMF. The view of localised
deformation restricted to the two main strand$hefNAF in the Marmara region has to be
questioned.

= The modelled uplift and subsidence rates largelyoide with the observed pattern and rates.

= The present morphology is reflected by the modetkxtical motion suggesting that the
surface was shaped at least to some extent byntegmcesses which are still ongoing.

= The largely properly modelled characteristics @f snbsidence in the basins suggest that
the implemented fault geometry is reasonableasgmmetric half-grabens bounded by a
dominating throughgoing MMF on one side and symth&irmal faults on the other.

= vertical motion is fault controlled, either dirgctly dip-slip on non-vertical faults or as
deformation caused by stresses exerted by thes faulesponse to plate motion.

= the modelled vertical velocity field can be takendflect though not an appropriate but
consistent stress field.

4.2 Stress

The stress tensor at the element’s integrationtpa@inthe second basic output from the finite
element analysis besides the previously preserdddl misplacements (Fig. 2.3). The absolute
stress at 5 km depth resulting from the homogenesfgsence model is shown in Fig. 4.13 in
terms of orientations (trend and plunge) and magde# of the principle stresses.

The maximum principle stress plunges at low angles in the western model areaedth the
Samanlida Massive and in most of the area northeoNAF whereas it plunges steeply beneath
the basins in the Marmara Sea and south of thelenimtench of the NAF (Fig. 4.13). In contrast,
the intermediate principle stress plunges at almost complementary angles with régpea;
about the bisector plunge of 45°. This is a consege of the very low plunges of throughout
almost the whole model area so that the threeiptinstresses are mutually perpendicular.

The trend of the maximum principle stress is oadrapproximately colinear with the maximum
horizontal stres®y in areas in whicto; plunges subhorizontally. Accordingly, the trendopf
corresponds toy in areas of steeply plungimg. Thus, maximum compression is found in a NW-
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SE orientation in most of the model area. The tr@ihok is oriented mostly NE-SW and can be
identified with the minimum horizontal stresgsinceas; plunges subhorizontally.

The maximum principle stress plunging at high asgieans an extensional stress regime and
0, andos plunging subhorizontally is equivalent to a striip regime. Hence, the basins are
under an extensional stress regime as well asoththexrn model area whereas the area south of
Izmit Bay and the northern and southern shelf mr® strike-slip regime. There are four distinct
small areas with steeply plunging minimum princiglieess axis which is equivalent to a
compressional stress regime. These are the are@adreHersek Peninsula and Tuzla Bend, the
area east of the Central Basin, around Ganos Bahteas pronounced in the eastern part of the
Central Segment.

Fig. 4.13: Full stress tensor at 5 km bsl. from Hemogeneous model in terms of orientations
(trends left column, plunges right column) and nitagies (bottom) of the three principle stresses.
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The modelled stress field displayed in Fig. 4.1Brissented in more convenient quantities in the
following which allow comparison to various obsdiwas. The stress regime will be shown in

chapter 4.2.1. Stress orientations will be showmasimum horizontal stress orientations at 5 km
depth and as trend and plunge at earthquake hyjpes€d.2.2). Stress magnitudes will be shown
in terms of differential stress at 5 km depth aadnal stress on the MMF (4.2.3). Eventually, the
crucial role of prestress on resulting stressdsiisonstrated and discussed in chapter 4.2.4.

4.2.1 Stress regime

The modelled stress regime at 5 km bsl is presenté&dy. 4.14 in terms of the regime stress
ratio (RSR), that is defined in App. 2. Most of theodel area is in a strike-slip regime
(1<RSR<2). More precisely, within this range RSRuea between 1 and 1.5 prevail indicating
a stress regime between strike-slip and transtensio

While transtension is quite widespread, a pure reskbmal stress regime characterises only
relatively small areas. These are the depressiotige dNorth Marmara Trough, in particular the
Cinarcik and Imrali Basins as well as between theti@l and TekirdaBasins and further a NS
oriented band across Armutlu Peninsula, east ofdéapPeninsula along the southern shore of
the Marmara Sea and south of it.

Areas of transpression or compression (RSR > 2)ratteer small and are confined to the
vicinity of faults. The most prominent area of spression and compression among these is
located between Hersek Peninsula in the 1zmit Bathe Tuzla Bend as noticed previously. In
the western Marmara Sea around the Ganos Bendigptessional state of stress results from
the model as well as in the eastern Central Basfiew kilometres to the west of the Istanbul
Bend and around some small restraining bends iizthi Bay.

L | L r— | L |

constriction
compression
transpression
strike-slip
ranstension
extension

radial extension

0

Fig. 4.14: Modelled stress regime at 5 km bsl. énms of RSR (App. 2). Homogeneous
reference model (top), MAT_grad rock propertiesv@o left) and Byerlee friction coefficients
on all faults but the MMF (lower right).

The modelled dominant strike-slip regime with ademcy to extension agrees with the frequently
proposed general view that the Marmara region teua strike-slip stress regime characteristic
for the NAF throughout most of its length from easttolia to the Marmara Sea but in transition
to extension which prevails in west Anatolia anéége (e.g. Taymaz et al., 1991).
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3.0 constriction

2.5 compression

2.0 transpression

1.5 strike-slip

1.0 transtension
0.5 extension

0.0 radial extension

Fig. 4.15: Modelled stress regime from Fig. 4.14&amparison to earthquake focal mechanisms
reported by Eydgan et al. (1988) and references therein, Taymaal.e{1991), Polat et al.
(2002a), Pinar et al. (2003), Bohnhoff et al. (20@ondrelli et al. (2004; 2007), Harvard CMT.
The two lower figures show enlarged areas framethéylack boxes in the top figure.

Conclusions on the stress regime are often draam farthquake focal mechanisms. So they
are used as independent information for companigitm the modelled stress regime. Before,
however, it has to be pointed out that this congoariis not unconditional for the following
reasons:

= The type of faulting does not necessarily reflbetprevailing stress regime. Slip occurs not
only on optimally oriented faults emerged underghesent stress field but also on non-
optimally oriented reactivated faults. E.g. slipaowertical fault will occur in a strike-slip
sense even though the stress regime may exhibpaoents of extension or compression
(e.g. Célérier, 1995). Often sets of different faybes altogether represent the associated
stress regime rather than one single fault witlspiscific type of faulting. In particular focal
mechanisms of aftershocks can be quite differemh fthe prevailing stress regime (e.g.
Gahalaut and Gahalaut, 2008).

= Focal mechanisms of large earthquakes cannot egmdal properties of the stress regime
since they represent an average over an extendad ar

= The fact that the accuracy of earthquake hypoceetiermination is generally in the
kilometre range, may lead in unfavourable case®maparison of the focal mechanism at
one place with the modelled stress regime at anpthee. An extreme case in this respect
may be the 1963 M=6.3 normal faulting event oritfinbcated near the shore between
Istanbul and Tuzla (Taymaz et al., 1991) but wisceded by Bulut and Aktar (2007) on
Armutlu Peninsula.

Therefore, given the focal mechanisms are uneqalveautions, one has to be aware of these
issues when comparing the modelled RSR to focalhamsms (Fig. 4.15). It is not

distinguished between different depths and moghefdisplayed focal mechanisms are from
aftershocks which may reflect stress perturbatéhresto the main rupture. On the one hand this
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further weakens the basis for comparison, on theerohand a better coverage of focal
mechanisms is provided.

In the western Marmara Sea near the western erndeoSouthern Border Fault a cluster of
strike-slip and thrust faulting focal mechanismsswabserved. The model shows slight
transpression there. In the TekigdBasin, Western High and Central Basin mostly nbérma
faulting earthquakes occurred as expectable frenmtbdelled stress regime.

Strike-slip faulting prevails on the Prince’s IstisnSegment. The model however shows almost
extension there. Possible reason for this disc@pas that the type of faulting may not
represent the stress regime here as pointed oueaBpart, the type of faulting may be depth
dependent with normal faulting earthquakes at shatlepths and pure strike-slip earthquakes
at greater depth as reported by Karabulut et 80D3Ror the strike-slip earthquakes may have
all occurred on the steeper southern splay of thiec®s Islands Segment that actually
comprises two faults as revealed by seismic sex{i@arton et al. 2007; 4.1.3).

Focal mechanisms to the northwest of the Cinar@gkiBshow mainly strike-slip to normal

faulting events in rough agreement to the modedledss regime ranging between strike-slip
and extension in this area. A cluster of small rarfaulting earthquakes north of the Tuzla
Bend is not reflected by the modelled strike-slipess regime. However, Bulut and Aktar
(2007) reported that these hypocentres are aligmed vertical plane contrary to the reported
normal faulting mechanisms. In the southeasternai€ik Basin near the Cinarcik Fault
dominant strike-slip events agree with the modedleitte-slip regime.

The prominent cluster of earthquakes near Yalovamnutlu Peninsula shows predominantly
normal faulting focal mechanisms on EW striking [faplanes. In agreement to that the
modelled stress regime is close to extension th&ig. 4.14) with EW orientedo,
corresponding taoy and NS orientedy; corresponding tao, (Fig. 4.13). Interestingly, the
eastern termination of this cluster is right abaidiere a sharp transition from extension to
transpression is modelled. Strike-slip earthquakethe southern Marmara Sea between the
western tip of Armutlu Peninsula and the southdwore correspond to the modelled strike-slip
regime there. The earthquakes to the east and ofidbese show dominant normal faulting
which is reflected by a modelled transtensionaxiensional stress regime.

The area between the westernmost Izmit Bay ande#istern end of the Cinarcik Basin is
characterised by a transpressive stress regimenigigupported by a number of thrust faulting
mechanisms reported for this area though also sstmile-slip and normal faulting events
indicate a complex stress field. Of course, theenled thrust faulting earthquakes are at most
of moderate magnitude since the modelled area ofpoession is small. Other indicators
affirming compression in this area are a mountaimerging on Hersek Peninsula near a
restraining bend of the NAF (Ozaksoy et al., 208@&) mud volcanoes on the sea floor to the
west of Hersek Peninsula (Cormier et al., 2006).

The effect of the sediments is a slight increasextension which is visible in the western
Central Basin and the western Cinarcik Basin aadatkas under compression are still smaller
(Fig. 4.14). Byerlee friction coefficients on allifithe main fault shifts the stress regime in the
Imrali Basin, the southern shelf and southern omslaweas from transtension/extension to
strike-slip/transtension.

To summarise, the modelled stress regime largdlgcte the earthquake focal mechanisms
while keeping in mind that the preconditions foll ftoincidence between model results and
focal mechanisms may be not fulfiled in any cagke areas under strike-slip regime or
compression widely correspond to stable or uplifaneas, whereas areas under extension tend
to subside (Fig. 4.7). By that, the modelled stafestress and kinematics are related
meaningfully.
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4.2.2 Stress orientations

Fig. 4.16 shows the orientation of maximum horiabstresy calculated from Fig. 4.13 using
the definition of Lund and Townend (2007), is oriented basically NW-SE in the Marmara
region as noticed previously while analysing thgiaeal model (Fig. 3.11). The Marmara
model reveals locally deviations from this regior@ientation. The swing towards NS
orientations in the northwest model edge is dueotendary conditions and is not present in the
regional models (Fig. 3.12). Near the faults oaéiohs are in part scattered due to the low
friction coefficient requiring either very low oigh angles oby orientation with respect to the
local fault strike. However, WSM data confirm a NNS$E oriented compression northwest of
the Cinarcik Basin and more or less EW orientatinrike western Sea of Marmara beneath the
Western High, Tekirda Basin and to the south towards Marmara Island. dled oy
orientations at the earthquake cluster near YalmvaArmutlu Peninsula clearly show EW
orientations as affirmed by the orientations detifrem the focal mechanism solutions. At fault
segments for which a significant dip-slip componesis modelled (Fig. 4.9y is oriented
widely parallel to fault strike e.g. at the westgrart of Imrali Fault, along the MMF on the
southern side of the TekirgaBasin and at the faults bounding the Cinarcik ®Bas$his is
consistent withas or g, oriented perpendicular to these basin boundindtsfan opening
direction (Fig. 4.13). Remembering that most of WM data in this region come from focal
mechanism solutions of small to intermediate eardlkgs that potentially are affected by small-
scale structures not considered in the model aadttle accuracy of WSM C quality data is +
25 °, most of the data points in the model regios rmatched fairly well by the model. The
sediments and fault friction have only minor infige on the:H orientations.
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Fig. 4.16: Modelled maximum horizontal stress ataions (black lines) calculated from the
stress field displayed in Fig. 4.13. Coloured lisb®w WSM data.

A more profound comparison than between modedigdbrientations and WSM data can be
performed based on the numerous reported analysearthquake focal mechanisms in the
Marmara region. P and T axes for single earthquakescompared with modelled minimum
and maximum principle strain axes respectively he# hypocentres. Additionally, principle
stress orientations from stress tensor inversioms@mpared with modelled stress orientations.

Three datasets of earthquake focal mechanisms eveptoyed for the comparison, which are
each divided into two subsets specific for paricubreas. The first dataset comprises
aftershocks of the 1999 Izmit earthquake (Bohnbofil., 2006). This dataset is composed of a
subset of events occurred in the eastern Marmaaarsiuding events on Armutlu Peninsula
(termed Seg. 1 in Bohnhoff et al., 2006) and asubkearthquakes in Izmit Bay and farther to
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the east (Seg. 2; Fig. 4.17). The second datasd®ihgr et al. (2003) is a compilation of
earthquakes in the whole Marmara Sea, dividedwestern (W) and an eastern (E) subset (Fig.
4.17). Some of the events in the eastern partfaeshocks of the Izmit earthquake and are also
contained in the dataset of Bohnhoff et al. (200®)e third dataset from Polat et al. (2002a)
comprises focal mechanisms from the whole Marmaadecurred in the two months after the
1999 Izmit earthquake and separately considersatea west of lzmit Bay (Fig. 4.17).
Additionally, there are two more stress inversioalgses for the whole Marmara region on
which will be referred to. The first one is basedmicroearthquakes in the whole Marmara Sea
area from 1995 and the second one on M>5 earthquskeveen 1943 and 1997 (Gurbuz et al.,
2000; Polat et al., 2002b).

Fig. 4.18 shows the orientations of the three [iplacstresses at 5 km depth on a dense grid of
0.01°E x 0.01°N (i.e. ~ 0.85 x 1.1 km) spacing otlee whole model area. This is simply
another representation of the results shown in&i3. Botho, ando, show either a preferred
trend in NW or SE directions or are steeply dippitigus both principle stresses either
correspond t@y or oy. This clearly expresses the transitional stregsme between strike-slip
and extension. All in all steeply plungimg is little more frequent thaa; whereaso; slightly
prevails at near horizontal orientations. The mummprinciple stress is almost horizontal
trending in NE or SW directions.
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Fig. 4.17: Overview map of focal mechanism dats setd areas for which results of stress
tensor inversions are available. This map referEith 4.19.

Fig. 4.18: Modelled principle stresseg; (left, g middle, g; right) at 5 km depth at grid points

(0.01°E x 0.01°N) over the whole model area. Bldoks mark reported orientations of the
principle stresses from stress tensor inversiongarthquake focal mechanisms in various
subareas (Gurbuz et al., 2000; Polat et al., 200Ranar et al., 2003; Bohnhoff et al., 2006).
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This result is in good agreement to published sttessor inversions of focal mechanisms.
Almost every point denoting the published oriemtatiof a principle stress axis can be
correlated with a cloud indicating the modelledessr orientations (Fig. 4.18). The only
exception is the western subset of Pinar et aO3p@hich may be due to the relatively few and
heterogeneous focal mechanism in this set. Fi@ dotrelates the reported stress orientations
shown in Fig. 4.18 to their respective area antleitomes clear that the modelled stress
orientations in Fig. 4.18, which represent the wholodel area, better match the inversions
from the regional scale datasets than those frarsthaller subareas (Fig. 4.17). The regional
datasets in which aftershocks are absent and theamprising major earthquakes (Girbuz et
al., 2000; Polat et al., 2000b) yield the best cidi@nce. Most of the published inversions show
a strike-slip regime while Polat et al. (2002a) rfduextension witho, being the steepest
principle stress. As explained above both can bB meeonciled with the modelled stress
orientations.

W Pinar et al. (2003) E Segment 1 Bohnhoff et al. (2006) Segment 2

Marmara Sea Polat et al. (2002a) West of Izmit Bay microseis. exp.  Gurbuz et aI.EZOOOl) 1943-1997
. 1995 o ) . M>5

& Polat et al. (2002
330
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Fig. 4.19: First and third row show reported P/Tesxof earthquake focal mechanisms as well
as results of stress tensor inversions for the sittadisplayed in Fig. 4.17. The figures below,
in the second and fourth row, show orientationsnodelled minimum and maximum principle

strain axes at the hypocentres of the earthquakexse/P/T axes are shown in the plots above,
respectively.
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The polar plots in the first and third row of Fi§19 also show the orientations of the reported
P- and T axes of the focal mechanisms. The pldtsbnem show the modelled minimum and
maximum principle strain axes and g, respectively, at the hypocentres for comparigdre
pattern of single dots is mostly not well reprodiibeit the general behaviour of all data is well
modelled. In general;@xes point in NW or SE directions as the P axesnthie the g axes
trend in NE or SW directions like the reported TesxThe modelled orientations are more
focused whereas the reported axes are more digmib@rhis is surely because most of the
analysed earthquakes occurred close to each atdetha model provides only one orientation
at one point whereas focal mechanisms may exhgpitfcant variety even in small volumes. It
should also be noted that the reported focal mesimnof those earthquakes which were
reported by at least two authors in part differnfr@ach other by an amount that inhibits
rejection of single modelled orientations.

4.2.3 Stress magnitudes

One of the main goals of this thesis is to modeldhsolute stress field in the Marmara region.
However, it is difficult to validate whether thie@ is actually accomplished since there are no
stress magnitude measurement data at greater depthkble. Nevertheless, qualitative
conclusions from the modelled stress magnitudesbeadirawn and there are observations that
might provide indirect constraints on the streskifas will be explained.

4.2.3.1 Differential stress

The modelled differential stregg - 03 at 5 km bsl. based on the stress field in Fig34sl
shown in Fig. 4.20 (upper row). High differentitdesses are confined to the vicinity of faults in
particular at the Ganos Bend, Central Basin an@r€ik Basin where faults are strongly curved
or different faults approach each other. Low défaral stresses are predicted on the northern
shelf between Istanbul and the Central Basin, @ehtigh and at most of the southern shelf as
well as around the four corners of the model aifdwe sediments act to reduce differential
stresses (Fig. 4.20 upper row, middle figure) duéheir lower density decreasing the load of
the overlying rock mass and their much lower Yosngiodulus which responds by lower
stresses to a given strain. In contrast, applyiperie friction coefficients on all but the main
fault increases differential stress in particulartbe southern shelf and the southern onshore
areas (Fig. 4.20 upper row, right).

Rock strength is a certain differential stress hictv intact rock subjected to this critical stress
responds by brittle failure. Rock strength is balbycdetermined by the internal coefficient of
friction W and by the cohesion,f the rock. A measure for the likelihood of fraet
generation due to critical differential stressethis Fracture Potential (FP) which is defined in
App. 3. FP was calculated from the modelled diffiéisd stress using;p= 0.64 and €= 31
MPa, which are the values reported for granite gpiaal crustal rock (Jaeger and Cook, 1969).
One could term this as post-processing rheologgesthe model was run with purely elastic
rheology and the plastic yield criterion is applfterwards to the modelled stress field. Of
course, the FP values reflect the characteristitiseodifferential stress on which they are based
on (Fig. 4.20, second row). Actually, it would beor® meaningful to assume a lower rock
strength for the model considering the sedimentthab a lower differential stress would be
sufficient for failure in this case.

Fracturing of rock is manifested by seismicity. $hthe observed seismicity pattern could be
used to check the modelled differential stressepatin view of its meaningfulness. In turn, the
modelled differential stress should predict thengiple features of the spatial seismicity
distribution. It is important to note that thisugesdoes not directly concern seismic hazard since
large damaging earthquakes normally rupture alreadsting faults whereas here the fracturing
of an intact rock volume is addressed which is gahe associated with earthquakes of
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moderate magnitude due to local peak differentr@sses evolving during plate motion in the
surrounding of a given fault geometry. Seismicandavill be the topic of chapters 5 and 6.

0 50 100 150 200 250
01-03 MPa

Fig. 4.20: Modelled differential stres - o3 at 5 km depth (top row) and calculated fracture
potential FP (App. 3) (middle row) in comparisonsgismicity (bottom; 1973-1989 and 2005-
August 2008 from USGS NEIC catalogue and 1990-2@04 Kandilli catalogue).

Fig. 4.20 (bottom) shows the seismicity between318id 2008 from all depths for a better
spatial coverage. Though not in detail, the maatuiees of the FP pattern can be found in the
seismicity distribution. High FP values in the Wast Marmara Sea in the Central Basin,
Western High, TekirdaBasin as well as south of it towards Marmara I$lalearly correlate
with increased seismicity. A high likelihood forafiture generation predicted for the eastern
Cinarcik Basin and the northwest of Armutlu Penimswe also confirmed by dense seismicity
including the Yalova cluster. Good coincidencels® dound for the central part of the Marmara
Sea with low FP values on the northern shelf, Géritigh and the area to the west and
southwest of Imrali Basin. Seismicity is almosteatisor at a moderate level there supporting
this result. Also the NW, NE and SE model areaswibich low FP values are predicted are
almost aseismic. In the southwestern part chatiaeteby more or less uniform intermediate FP
values distributed seismicity is observed at anike intermediate level. Increased seismicity in
the southern part of Armutlu Peninsula, Gemlik Bayd along the southern shore of the
Marmara Sea are best explained by the model wigth taiult friction.

In some areas the FP results cannot be correlatibe bbserved seismicity. In the middle of the
Central Segment of the MMF a marked patch of highwkas inferred whereas seismicity was
hardly observed there. A bend of the MMF in the gldd responsible for the high differential

stresses there. However, there is no evidencehptesence of this fault bend at depth in
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seismic profiles and the bend was only anticipétech the peculiarities of the mapped surface
trace of the MMF there. Thus, the stress conceatrstcould be due to a misinterpreted fault
geometry and with a plane fault segment differérgtaesses could be as low as in the
surrounding. Similarly, in the northwest of therfee’s Islands Segment high FP values occur
right were a slight fault bend was constructed widg the Cinarcik Basin and associated with a
lower fault dip than nearby. This leads to a loicalrease in dip-slip motion (Fig. 4.9) and
consequently to a reduction @y (Fig. 4.13) and thus increase in differential streThe stress
concentration spreads to the southwest towards/éiséern tip of the Cinarcik Fault. AM = 4.8
event occurred there but seismicity is otherwissrssm Again, it is not clear whether this fault
bend actually exists at depth. High FP values ¢ontbrtheast of the Prince Island’s Segment are
supported by increased seismicity only in the seasgtern part, a M = 4.1 earthquake near the
coast among them, but not in the northwesterntpasrds Istanbul.

Low FP values in areas of increased seismicity ssclvest of 1znik Lake and south of it, along
the southern shore of the Marmara Sea and westaidul may be explained by the omission
of faults in the model which were found to be th@®kagan et al., 2002; Yaltirak and Alpar,

2002; Kurtulg and Canbay, 2007; Oztiirk et al., in press). Ino@ion of these faults should

increase differential stresses there since theseraky arise in the vicinity of faults in case of
complex geometry, fault interactions and near ftip#. Besides, most of the seismicity around
Istanbul, particular to the west, are of artifiaiaigin due to quarry blasts (Horasan et al., 2009)

In summary, apart from the deficiencies due to tbasons discussed the distribution of
seismicity of low to intermediate magnitude in tlarmara region could be widely explained

by fracture generation due to critical differenstdesses which are mainly a result of interaction
between fault geometry and plate motion. By thag, modelled differential stress is largely

appropriate at least in view of the observed seiiyni

4.2.3.2 Normal stress on the MMF

The last stress quantity presented from the modeéiessing the steady-state situation is the
normal stress on the MMF (Fig. 4.21). Of courseltfaormal stress increases with depth. But
most interestingly, along its path from one modalindary to the other the MMF experiences
considerable changes in fault normal stress ldyerdlhe Prince’s Islands Segment is
characterised by a much lower increase of normasstwith depth than the other fault
segments. At mid-crustal depths the differencedmmal stress between the Prince’s Islands
Segment and the adjacent segments is in the ofd®mveral hundreds of MPa (200-500) or at
least a factor of two. The lateral differencesanlf-normal stress found here are in the same
order of those inferred for the San Andreas FaulParsons (2002) from numerical modelling.
Also in the western Marmara Sea and in particuddous the Tekirdg Basin fault-normal stress

is markedly reduced. In contrast, the fault norstaéss depth gradient is higher in the Izmit
Bay and on the Central Segment. Peak values inala@tress are modelled on the restraining
side of the Ganos Bend and east of Tuzla Bendessidronounced west of Istanbul Bend.

For the MAT _grad rock properties the lateral costtia normal stress between different fault
segments is still more drastically. The fault smtdi experiencing extension (Prince’s Islands
Segment and MMF along the southern rim of the TekiBasin) show lower normal stresses
over the entire model thickness. The other segnstit® lower normal stresses only at shallow
depths due to the lower density and Young's modualushe sediments whereas at greater
depths fault-normal stresses are higher since tA& Mrad rock property distribution assumes
a denser and stiffer basement than the homogemeodal (Tab. 3.1; Fig. 3.4).



89

Istanbul Bend Tuzla Bend

Ganos Bend

MAT grad

fault-normal 0 i 100_ ._20.0 300 400 500 600 700
stress NS I MPa

Fig. 4.21: Normal stress on the main branch of N&F for the homogeneous model and the
one with MAT_grad rock properties.

4.2.4 The role of prestressing

This chapter is intended to address the role oftprssing in models that aim at the absolute
stress field. For this purpose a model is consdlénet is only gravitationally prestressed using
the uniaxial strain condition as depicted in Figh.3and thus without the initial ratio of
horizontal to vertical stress proposed by Sheot®@4). This model is referred to as Model A
in the following. The model presented in the pregiochapters which was prestressed
accounting for both gravitational equilibrium andratio of horizontal to vertical stress
according to Sheorey (1994) as described in ch&e2 (Fig. 3.7) is referred to as Model B in
the following.
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Fig. 4.22: Stress paths at site ,NE* (Fig. 3.8) a@ftprestressing (0 yrs) and temporal evolution
due to plate tectonic boundary conditions. a) MofBelthe vertical stress far exceeds the
horizontal stresses resulting in an extensionaésgrregime &>> g;>a). b) Model B: A
strike-slip regime evolves with timeyé &> ar). (The bends at ~ 2 km depth in the stress paths
are due to element size as explained in 3.5.2 hab dtresses at shallow depths are to be
discarded).
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Fig. 4.23: Consequences of prestress on stressnegstress orientations, differential stress /
failure and kinematics. a) RSR (App. 1) at 5 km faslModel A. Note that extension / radial
extension prevails in contrast to strike-slip /rtséension in the properly prestressed Model B
(Fig. 4.14). b) Orientations of maximum horizonsdtess for Model A (black lines) and
difference Model B — Model A (contours). ¢) Prileiptress orientations for Model A. Note that
o1 is the vertical stress whereas in Model B itigFig. 4.18). d) Fracture Potential FP (App.
2) at 5 km bsl. for Model A. Note, that most ofiiedel area is prone to failure, in contrast to
the properly prestressed Model B (Fig. 4.20, middig). e) Mohr circles at site “NE” (Fig.
3.8) at 5 km bsl. for Model A and B. Failure enpelaassumes & 31 MPa and = 0.64.
Note, that in Model A failure occurs due to diffeial stress between the vertical and minimum
horizontal stress, whereas in Model B differenséless is uncritical and given by the two
horizontal stresses. d) Difference in horizontdbegy between Model A and B. Conclusions:
1) Initial stress has strong impact on stress regiamd differential stresses / rock failure. 2)
Meaningful maximum horizontal stress orientationsl &inematics do not imply a meaningful
3D stress state.
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Proceeding from Fig. 3.8 that shows the staterefstafter prestressing in Model A (k=1/3) and
B (dashed lines), tectonic boundary conditions vegmglied (Fig. 3.9). Fig. 4.22a) and b) show
the stress paths of the vertical stressand of the maximum and minimum horizontal stresses
oy andoy, at site “NE” (Fig. 3.8) for Model A and B, respieety, and their temporal evolution.
The temporal changes of the vertical stress ardigitdg small. Initially, i.e. right after
prestressingpy and o, have roughly the same magnitude. The tectonic deynconditions
makeoy ando, move apart from each other.

Model A is in an extensional tectonic stress regilmeughout the crust since the vertical stress
far exceeds the horizontal stresg®s>>0>0,) (Fig. 4.22a). This corresponds to RSR values
around 0.5 indicating extension (Fig. 4.23a) in kedrcontrast to the results of Model B (Fig.
4.14 top) which yielded a strike slip to transtensil stress regime. In Model B a strike-slip
regime evolves with time agsy becomes gradually higher than the vertical streddch is
initially higher (Fig. 4.22b).

The extensional stress regime in Model A is mategsn the vertically dipping maximum
principle stress (Fig. 4.23c) whereaswas found almost horizontal in Model B in agreetmen
with stress inversions of earthquake focal mechasigFig. 4.18). While principle stress
orientations differ fundamentally between ModelsaAd B, they result in almost the same
maximum horizontal stress orientations (Fig. 4.28®viations inoy between the two models
are <5° over most of the model area. This is sinoloig to the fact that in Model 8y, is given

by 0, whereas in Model B it is eithex or o, — while trend is the same. This demonstrates, that
a model matching observes, orientations, does not necessarily represent animgfal 3D
stress state or in other words stress regime.

The large differences between horizontal and \arstress in Model A cannot be overcome by
the acting boundary conditions which are slightyeasional ¢, decreases at a higher rate than
oy increases; Fig. 4.22). At less than 10 km depéhdifferential stress already exceeds the
shear strength of intact crustal rock (Fig. 4.ZPhis is also demonstrated by the inferred
fracture potential for Model A indicating that inost of the model area fracturing would occur
(Fig. 4.23b) whereas in Model B areas under ctitdieierential stresses were found much

smaller (Fig. 4.20 middle).

Fig. 4.23c depicts the Mohr circles at 5 km bslsig¢ “NE” (Fig. 3.8) together with a failure
envelope assuming,G 31 MPa and = 0.64. Differential stress in Model A is high and
critical whereas differential stress in Model Bnisich smaller and far below critical values. In
Model A g, corresponds toy, while in Model Boy represents,. The large differential stress
in Model A exceeding the yield stress is a consegeieof the too low horizontal stresses
compared to the vertical stress & oy >> 03~ 0,). However, near a major lateral shear zone
such as the NAF shear failure is not expected ise d&rom differential stresses between the
vertical stress and the minimum horizontal strésstead, failure should be due to critical
differences between maximum and minimum horizosti@ss arising from the horizontal shear
exerted by the relative plate motion. In Model Bibhantal stresses are much higher and closer
to the vertical stress due to the additional pesstiso that differential stress is much lower than
in Model A, far below the failure envelope (Fig23,; 4.23c). In Model B high fracture potential
is predicted only locally near the fault where hdjfierential stresses due to the fault geometry
and plate motion evolve (Fig. 4.20 middle).

In Fig. 4.23d) the difference in horizontal sudaelocity between Model A and B is shown.
Of course, the deviations are zero at the bourslaiiece the same displacement boundary
conditions were applied, and they are higher inrtfiddle. The velocity differences between
both models are smaller than 1 mm/yr and negligiak respect to absolute velocities and
similar or even below the accuracy of GPS measungsnd his illustrates that the different
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prestress in both models hardly affects the remplkinematics. Thus, Model A fits the GPS
observations equally well than Model B presentechiapter 4.1.

To conclude, two different initial stresses weragsidered, namely only gravitational prestress
(Model A; Fig. 3.5) and both gravitational prestreend horizontal to vertical initial stress
according to Sheorey (1994) (Model B; Fig. 3.7)pided in Fig. 3.8; and 4.22 (0 yrs). The
following consequences of prestressing arise agsstregime, stress orientations, differential
stress and kinematics:

= A solely gravitationally prestressed model (Modglig\capable of reproducing kinematic
observations and maximum horizontal stress oriemsit In this respect it is essentially
equal to a model that is prestressed accordingetonore advanced prestressing approach
presented in 3.5.2 (Model B).

= However, the models result in completely differsinéss states with fundamental
consequences. Model A fails both to predict
- a realistic stress regime (Fig. 4.22a; 4.23a)
- and rock failure (Fig. 4.23b and c)

since the vertical stress far dominates about tirizdntal stresses (4.22a). In contrast, the
higher initial horizontal stresses according to @bg (1994) are capable of reproducing
meaningful stresses.

This underlines the fact that a model that fulfile kinematic observations must not necessarily
fulfil the dynamic constraints. With the prestregsapproach taking into account an appropriate
initial ratio of horizontal to vertical stress aft&heorey (1994) (3.5) it is possible to
simultaneously model both the kinematics and dynanzccording to observations. Thus,
appropriate prestressing is of fundamental impadan models aiming at the absolute stress
state.

4.2.5 Conclusions stresses

= This model probably represents the first attempmtttiain the absolute stress state in the
Marmara region in contrast to relative stressesdtress differences commonly addressed.

=  Maximum horizontal stress has a preferred NW-SEntation in the Marmara region with
local deviations associated with the fault system.

= The maximum and intermediate principle stressegi#tier the vertical stress or trend at
low plunges in NW or SE directions, depending arateon. The minimum principle stress
is nearly horizontal and oriented in NE-SW direatioBy that, the model agrees with stress
tensor inversions from focal mechanism solutions.

= The stress regime is a strike-slip regime but ctosextension for most of the Marmara Sea
region.

= Modelled differential stress reflects the primaggtures of the observed seismicty pattern
with increased activity in the western Marmara $eatern Cinarcik Basin and adjacent
areas. In contrast, the central part of the MarrBa&ais quite silent.

= Normal stress on the main Marmara Fault undergoesmus changes in excess of
100 MPa along its path through the Marmara Sea clétrly reduced values on the
Prince’s Islands Segment and at the southern ritheoTekirdg Basin, whereas normal
stress is high on the Central Segment.

In particular the orientations of the three priteiptresses put constraints on stress magnitudes.
Since the vertical stresw is primarily given by the density distribution adéepth,o, should be
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well established in the model based on reportesirseivelocities at depth. In most casgscan

be associated with one principle stress. Sincethiree principle stresses are ranked by their
relative magnitudes, knowledge of the absolute ntade of o, places constraints on the
magnitudes of the two more horizontal principleesses. However, a direct validation of
modelled stress magnitudes by stress measuremdgtrel@mains open since they are not
available at relevant depths. It is conceivablet thiaress magnitude measurements were
conducted in some of the numerous wells for oil gasl exploration in the Thrace Basin to the
NW of the Marmara Sea. However, given such dataatlgtexist, they may be of limited value
for the whole Marmara region since there is a nungbeexamples demonstrating that stress
within sedimentary basins sometimes is decoupledh fthe stress field in the underlying
basement (Tingay et al., 2005). To date, it is pdahto drill a borehole for scientific purposes
on Sivriada which is one of the Prince’s Islanderdy a few kilometres distance from the NAF
(Dresen et al., 2008). Apart from establishing ahole observatory allowing detection and
accurate localisation of low-magnitude earthquakes planned to conduct stress magnitude
measurements. This would provide an opportunitypétter validate the modelled stress, in
particular if drilling will not cease within the dienents but will penetrate the basement that is at
~2 km depth according to the constructed basenopaigraphy (Fig. 3.3).

The steady-state Marmara Model focussing on thael@egelocity and stress fields was found
to simultaneously yield meaningful results with pest to observations. In this respect, a
consistent model for stress and strain evolutioavigilable that can be used to address open
guestions the most relevant of which are concewidtdseismic hazard. During discussion of
the results seismic hazard was left aside so fae. donclusions of these findings on seismic
hazard will be drawn in 4.3.

4.3 Implications of the steady-state model on seistrhazard

Unless a fault accommodates relative plate motipadeismic creep, the slip rate on a fault is
directly related to seismic hazard. For greatqr isltes a critical stress level is reached within a
shorter period than at smaller slip rates. Furtloeemif the change in slip rate is significant

along fault strike, the fault will most probablyilfin segments due to the different loading

conditions along the fault. With regard to the Marenregion the disastrous dependency of
seismic hazard on fault slip rates was stated tat@ybey et al. (2002) as follows:

“At present, it is not well known how this totalslrate is partitioned and taken up between
these branches ... In particular, the role of as@stnéep and strain partitioning remains a
critical issue for any realistic assessment ofrseisisk in the Marmara region.”

In this respect, the fault slip rates that werespnted (Fig. 4.3) and satisfactorily explained here
(4.1.3.1; 4.1.4), represent a major contributiorsétssmic hazard assessment in the Marmara
region.

Though aseismic creep on the NAF cannot be exclagelda creeping section on the NAF at
shallow depths at a length of ~70 km around Isnetp@32.6°E) is known from geodetic
observations (Cakir et al., 2005), the NAF is galgrseismogenic since historical times
(Ambraseys and Jackson, 1998). For the Marmaraomegimbraseys and Jackson (2000)
calculated right-lateral shear-velocities from asked seismic moment. Since their result is right
the same than geodetic observations suggest tmeyudked that “perhaps effectively all” fault
slip is seismogenic and that “aseismic creep &tikaly unimportant” in the Marmara region.

The consequences of the presented slip rates smisdiazard are outlined in the following. As
explained in 1.3.2 and 1.3.3 slip rates are comynoskd as integral part of time-dependent
probability analyses of earthquake occurrence. Slip rates were used to constrain the
recurrence interval on the MMF for probability adkltions. For this purpose, Parsons et al.
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(2000) and Erdik et al. (2004) assumed a slip oat22 mm/yr which is 20-75 % higher than
inferred here. (2) Slip rates were used to infer dbtivity rate of characteristic earthquakes of
particular magnitude on each fault segment. Ferphrpose, Kalkan et al. (2008; in press) used
fault slip rates that are in part far beyond frorhatvwas found here, e.g. 20 mm/yr on the
Southern Border Fault in contrast to < 2 mm/yr (@), and as a consequence the summed
slip rates along cross sections over the Marmayiameémply a total relative plate motion that is
2-3 times faster than observed. This is a markeangie of how important it is for resulting
ground motion probabilities to apply fault slipegatthat are consistent with a mechanical model.
(3) If fault interactions are considered by usihg toncept of Coulomb failure stress changes,
the slip rate is required to deduce an annual strgsrate that allows estimation of the
probability change associated with a coseismisstchange from a nearby earthquake. The slip
rates on the MMF applied iCFS studies are in part considerably higher tharelpresented

in Fig. 4.3, namely 16 mm/yr (Stein et al., 199§;20 mm/yr (Armijo et al., 2005; Lorenzo-
Martin et al., 2006; Pondard et al., 2007) basedhenslip model from Flerit et al. (2004), 24
mm/yr (Hubert-Ferrari et al., 2000; Muller et &Q06) and 30 mm/yr (Cakir et al., 2003a). (4)
Slip rates were also used to estimate contempgatgntial slip on particular fault segments
based on the elapsed time since the last earthgBakar et al. (2003) assumed a slip rate of 20
mm/yr on the Prince’s Islands Segment, which i$6@4 faster than inferred in this study, and
end up in a contemporary potential slip of 4.5 mm#o et al. (2005) deduced a slip deficit of
4-5 m on the Central Segment since 1766, whichiesglip rates in the range of 17-21 mm/yr,
whereas in this thesis 14-17 mm/yr were found. HubBerrari et al. (2000) expect 5.5 m of slip
deficit to have accrued on the Central Segmermtesity66 based on their assumed slip rate of
24 mm/yr whereas the results here suggest onlyt&#8wf this value.

It is necessary to point out that reported estiomatiof seismic hazard by the authors above are
based on reported slip rates or assumed slip dateso a lack of information. However, for
future probability calculations of seismic hazard the Marmara region, two issues are
emphasised here. First, total relative plate moigonot the slip rate on the MMF and second,
used slip rates have to be consistent with a tlgirauechanical model that agrees with the
kinematic observations.

The inferred high variations in normal stress alatgke of the MMF (Fig. 4.21) should
considerably affect seismic hazard in the Marmagea. Presuming the validity of Mohr-
Coulomb theory here, a reduction in normal strémsfissthe Mohr circle to the left. Hence, a
lower shear stress is required to exceed the éadumvelope. This is basically equivalent to a
reduction in inter-event time since a critical ghettess is reached after a shorter period of
loading. In this respect, the recurrence rate ofhgaakes on the Prince’s Islands Segment
should be smaller than on the adjacent segmenis. cimclusion holds for a homogeneous
medium and uniform slip-rate along the entire faWtile this is not the case, as the right-
lateral slip rate undergoes a local minimum alomig segment (Fig. 4.3), dip-slip rates are
however much higher than on neighbouring segmeiits 4.9) so that total slip rate along the
Prince’s Islands Segment differs not as drastidadign the rates on the adjacent segments than
the normal stress does. Considering inhomogengittes conclusion of more frequent
earthquakes on the Prince’s Islands Segment camadetained since lateral differences in
normal stress are even greater in the inhomogersmesthan in the homogeneous model (Fig.
4.21) and also dip-slip rate (Fig. 4.8), while tidgiteral slip rate increases slightly less than on
the neighbouring segments (Fig. 4.4). Reported denagscriptions of historical earthquakes
(Ambraseys and Finkel, 1991) can be reconciled witire frequent events on the Prince’s
Islands Segment. Marked peaks in fault normal streg. at the Ganos Bend and less
pronounced at the Istanbul and Tuzla Bends and smes in the 1zmit Bay and Central Basin
(Fig. 4.21) may act as barriers for seismic ruguse that earthquakes terminate at these
locations.
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The deduced characteristics of slip rate and nostraks can be valuable in explaining the
occurrence of past earthquakes or even to figutethair locations and give reasons for the
presence of a seismic gap in the Marmara Sea. ridisk@arthquakes gather in the Izmit Bay
and on the Ganos Fault (Ambraseys, 2002). For tfede segments higher slip rates were
modelled than for those in the Marmara Sea, thagiging an explanation for this pattern (Fig.
4.3). The remarkable decrease in slip rate betweerastern Izmit Bay and Tuzla Bend (3-4
mm/yr) as well as the increasing fault normal streesvards Tuzla Bend may have contributed
to stop the 1999 Izmit earthquake in the westemitlBay. The relative rareness of large
earthquakes on the Central Segment, which at préseconsidered as the segment being
unbroken for the longest time of all segments, lsann part explained by the lower slip rate
(~2-4 mm/yr) compared to the NAF onshore (Fig. 48 by the highest mean fault normal
stress of all MMF segments in the Marmara regiag. (#.21).

The seismic gap on the Central Segment can be=detat another result of the steady-state
model. The analysis of differential stress revedlwat the Central High is characterised by
much lower differential stresses than the westeamméra Sea or I1zmit Bay (Fig. 4.20). This

circumstance was shown to correlate with the seigynpattern that indicates areas of critical

differential stresses. One may argue that the sodiog of the Central Segment is capable of
sustaining long loading periods, based on the btesrin differential stress modelled in the rock
adjacent to this fault. The evolution of differetistresses is primarily governed by the

interaction between fault geometry and plate motinrthe western Marmara Sea, the Cinarcik
Basin or the I1zmit Bay locally high differentiarssses evolve due to small bends of the MMF
and second order faults approaching the main brarudse peak differential stresses are more
or less continuously released by microseismicity eventually inhibit the fault to accrue shear

stress levels as high as expectable on the Ce®digrhent. The plane and comparably simple
nature of the Central Segment is therefore respten$or its apparent capacity to accumulate
high shear stress levels without reaching crititifferential stresses in the surrounding, and
hence for long interevent periods on this segment.

The modelled slip rate and normal stress alond\thE in the Marmara Sea provide a basis for
answering the question whether propagating earkegaaquences such as the one starting in
1939 in east Anatolia and migrating to the easkanmara Sea till the end of the™6entury
(Fig. 1.1) are also characteristic for the Marnfaea. From the modelled variations in slip rate
it has to be concluded that the loading conditiomghe faults beneath the Marmara Sea are not
as uniform as on the NAF in the rest of Anatoliaevehthe NAF has a rather simple structure.
Besides, the deduced normal stress pattern faymarteular fault sections for earlier rupture
compared to others. Therefore, propagating earitegaaquences typical for the NAF east of
the Marmara region are not likely to continue iatttemarkable chronological and spatial order
in the Marmara Sea — at least not in every seisgute. Armijo et al. (2002; 2005) and Pondard
et al. (2007) came to the same conclusion from gresence of the rather complex fault
structure in the Marmara Sea placing natural barige bends or interacting faults which
inhibit uniform propagation of earthquakes. In c¢ast, Le Pichon et al. (2003) claim that the
slip rate is uniform throughout the whole lengthtiled MMF and consequently consider a large
rupture through the whole Marmara Sea as possible.

The direct consequence of a lower slip rate orMMF would be that reported slip rate-based
probabilities for an earthquake on a given fauffnsent were smaller. The probabilities for the
expected future earthquake by Parsons (2004), ichwis mostly referred to when stating
earthquake probabilities for the Marmara Sea, aveelier not based on slip rates but instead on
recurrence rates. According to this outstandingkwibre regional time-dependent probability of
a M>7 earthquake within the next 30 years, considdhe coseismic stress change of the 1999
event, is 53 = 18 % or 69 * 28 %, depending onaitiepted aperiodicity values of the mean
earthquake recurrence rate. For obtaining mearrnmwe rates and aperiodicities two or at
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most three earthquakes for each fault segment wensidered, due to a lack of reliable
information on historical earthquakes. In a laterky Parsons (2005) analysed the reliability of
probability calculations for earthquake occurreand concluded: “Time-dependent probability
calculations may not be warranted for paleoseisratalogs with fewer than ~10 events”. East
of Bolu, where the NAF is a single and rather gtraiand vertical fault, probabilities based on
recurrence rates is surely the best approach towolThe results presented here provide
information that contributes to an understandingeafurrence rates in the Marmara Sea since
they elucidate their physical background. Howeirewnjiew of the uncertainties with locations
of historical earthquakes and the various interections within the fault system it seems
worthwhile to attempt estimation of earthquake omce in the Marmara Sea under avoidance
of recurrence rates. With this intention, in thetnehapter an approach will be presented for
quantification of time-dependent potential seismioment and a very rough estimate of
occurrence time in the order of decades. It isiieiipt accounted for the variability in slip rates,
coseismic stress changes due to historical eardeguand for the stress-strain interconnections
within the fault system. Thus, at least part of timeertainties afflicting mean recurrence rates
are taken into account.
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Chapter 5

Time-dependent Marmara model

The model presented in the previous chapter repiesee steady-state situation with uniform
continuous motion on the faults. However, actuditig secular velocity and stress field are
perturbed by the seismic cycle. The stress field tertain time depends on the time elapsed
since the last earthquake and is thus a time-depémrgiantity not addressable by the previous
steady-state model. In order to estimate the cqmeany state of stress on the faults, the
seismic cycle needs to be incorporated into theahothis basically means that the faults
within the seismogenic zone need to be locked atefmittently released during historical
earthquakes in the Marmara region while steadye diatindary conditions representing plate
motion are further on continuously applied.

This chapter deals with the displacements andssfiekl related to the seismic cycle, both
during the interseismic and coseismic stages. tleidicated to assess seismic hazard in the
Marmara region. In chapter 5.1 the elastic rebahedry is introduced and it is explained how
the seismic cycle including earthquakes is modeledording to this theory. Using this
technique, in 5.2 the contemporary state of stwesthe MMF is modelled by incorporating the
major historical earthquakes into the model. Inpteées 5.3 and 5.4 the reliability of the
technique of modelling the seismic cycle introduded5.1 is assessed. The modelled
interseismic velocity field (5.3) and coseismicpiieements due to the well documented 1999
lzmit earthquake (5.4) are compared with obsermatid hen testing earthquakes are modelled
in order to assess what coseismic slip and earkeqoagnitudes are to be expected if these
earthquakes would happen in the near future (59.likelihood of occurrence of these testing
earthquakes is estimated in 5.6 based on the dbsihess state. The role of the sediments on
seismic hazard in the Marmara Sea is investigatéd7 and the circumstances that facilitate or
impede continuation of rupture propagation at IstdBend are addressed in 5.8.

5.1 Stress-based modelling of earthquakes

The elastic rebound theory (Reid, 1910) is widetcegpted as the basic explanation for
earthquakes at major transform faults. Within thsory earthquakes are thought to arise from
the elastic rebound of previously stored elast@iistenergy in the rocks on either side of a fault
(Fig. 5.1b). During the interseismic period the fglates adjacent to the fault move relatively to
each other while the fault is locked. The far fighthte motions cause the rock in the

neighbourhood of the locked fault to accrue eladgiformation. Once the accumulated strain is
great enough that the associated shear stressesdette frictional strength of the rocks, the
accumulated strain energy is suddenly releasedoelss rsnap back to their original non-

deformed shape.

Commonly, elastic dislocation models of earthqudkesis on mainly two aspects. Numerical
models were used to infer the heterogeneous sipilwlition on a rupture plane from the
geodetically observed coseismic surface displactsr{erg. Burgmann et al., 2002; Cakir et al.,
2003b; Reilinger et al., 2006). Numerical modelsravalso used to calculate changes of
Coulomb failure stress on potential future ruptol@nes due to an earthquake nearby (Stein et
al., 1997; Hubert-Ferrari et al., 2000; Parsonal et2000; Muller et al., 2003; Lorenzo-Martin
et al., 2006). In both cases slip is imposed onfdlaét in an elastic half-space and coseismic
displacements and stress changes at any poinéimdtiiel volume in response to the imposed
slip are determined. This kind of modelling suitslifor the mentioned tasks. However, it is
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dynamically inconsistent as shown in Fig. 5.1a)s&emic displacements and stress changes
are correct but not the absolute stress statessStsebuilt up and not released since energy is
brought into the model while imposing coseismiq.slAs a consequence, without further
assumptions these kind of models do not provideiafyymation on the state of stress on a
fault, on its proximity towards failure or on poteh slip on a fault.
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Fig. 5.1: Displacements and stress associated thithseismic cycle around a strike-slip fault
(solid horizontal line; top view) prior to (upperkatches) and after (lower sketches) an
earthquake. Thick white arrows indicate coseisntig an the fault, bold black arrows in b)
interseismic velocity and bold grey arrows indicateear stress, respectively. Dashed lines
denote a profile that is initially perpendicular tioe fault strike and deforms during loading and
coseismic slip. a) Modelling an earthquake by immpsslip on the fault. b) Modelling an
earthquake by loading a locked fault and releadimg accumulated stress. Note that coseismic

displacements (thin black arrows) and stress change the same in a) and b), whereas
absolute stresses are different.

In this work, it is attempted to model the seispycle in a consistent way with respect to stress
according to elastic rebound theory as illustrameBlig. 5.1b). If this can be accomplished then
to any time the potential slip due to the accunadatress is inferable by unlocking the fault so
that the stored stress is released by slip onatbié f

5.2 The contemporary state of stress on the MMF

The time-dependent model for seismic hazard arsafgsiuses on the MMF since it is located
closest to Istanbul, accommodates the highestatigs and due to its length and depth extent it
has the greatest potential for strong earthquakeisei region. For obtaining the contemporary
state of stress on the MMF all major recent eardkgs have to be considered and incorporated
into the model since the present state of stresh@MNAF depends on the time elapsed since

and extent of past earthquakes. Therefore, an iveand discussion on historical earthquakes
on the MMF is given at first.

5.2.1 Historical earthquakes on the MMF

The noteworthy earthquakes on the MMF during tisé 580 years were the 1509, 1719, 1754,
May 1766, August 1766, 1894, 1912 and 1999 earttepié-ig. 5.2). Only earthquakes with M

> 7 are considered since the influence of smathgaakes on today’s stress field should be
negligible compared to these and since their lonatare mostly not known precisely. Although
the rupture locations and lengths in Fig. 5.2 widedly on the same damage descriptions
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reported by Ambraseys and Finkel (1991) the inttgtions differ in part considerably from
each other so that the fault sections rupturedhdutiese earthquakes cannot be unequivocally
determined. This however is of fundamental impar¢éafor the assessment of contemporary
seismic hazard. In the following, the respectivethepiakes are each briefly introduced and a
preferred set of rupture locations is chosen.

1509

The 1509 earthquake is thought to have hit theegadflarmara Sea, and Ambraseys (2001b)
placed it on the Central Segment so that this qaatke would be much smaller than they
previously reported. From paleo-seismological itigasions it was concluded that this
earthquake also occurred in the Izmit Bay (McHughlg 2006; Ozaksoy et al., 2006; Pavlides
et al., 2006) supporting the interpretation of Bass(2004) (Fig. 5.2) and even reached the Gulf
of Saros (Rockwell et al., 2001) which is howevasdd on Ambrasey’s earlier publications.

1719

The 1719 earthquake was similar in location ancrexts the 1999 Izmit earthquake but
damage in Istanbul was higher so that it eitherd&aigher magnitude or terminated further to
the west (King et al., 2001) which is rewarded lpshof the interpretations in Fig. 5.2.

1754

Since the 1754 earthquake was accompanied by miseiga wave most authors preferred a
non-vertical fault segment to have hosted this gw&ther the Prince’s Islands Segment or the
Cinarcik Fault (Fig. 5.2). Damage was reportedgtanbul but destruction occurred around the
Izmit Bay and further to the east (Ambraseys amdéli 1991) so that a more eastward location
of this earthquake would be also justified (Papétiou et al., 2001). Considering the fact that

the 1754 tsunami was not damaging, hence probaftdyl,sand that the 1999 Izmit earthquake,
though it ruptured a widely vertical fault, genedta tsunami (Altinok et al., 2001; Yalcginer et
al., 2002; Tinti et al., 2006) that was also obedrin Istanbul (Altinok et al., 2003), a location

of the 1754 event in the 1zmit Bay seems alsoYikel

May 1766

The May 1766 earthquake caused a damaging seisgmio/gdve and heavy damage in Istanbul
(Ambraseys and Finkel, 1991) so that again thecBrislands segment is a likely fault segment.
However, rupture must have been longer since darnagerred all around the Marmara Sea
from Edirne to Izmit and also in Gelibolu and BursécHugh et al. (2006) concluded from
dated perturbed sea floor sediments that this gaate occurred also in the western Izmit Bay.
Generally, the accuracy of dating is not as pre@ssto exclude the 1754 event to be responsible
for the documented mass flow. An eastern terminatio the western Izmit Bay can be
reconciled with the interpretations of Ambraseys aackson (2000), Papadimitriou et al.
(2001) and Parsons (2004) whereas Hubert-Ferrati €000), Barka et al. (2002) and Pondard
et al. (2007) place the eastern end of this everithe Istanbul Bend omitting the Prince’s
Islands Segment (Fig. 5.2). They preferred a magstevn location for this earthquake due to
the damage reported in the north and west of thendia Sea (Ambraseys and Finkel, 1991).

August 1766

The August 1766 earthquake struck the broader @aliBeninsula area with heaviest damages
around Tekirdg, Gelibolu and in the north and northwest of theii@ra Sea (Ambraseys and
Finkel, 1991). Damage extended to Istanbul and 8uvkost authors assume the centre of this
event in the Gulf of Saros at the northern shor&elibolu Peninsula. Whereas Hubert-Ferrari
et al. (2000) and Ambraseys and Jackson (2000¢@ldee eastern termination near the western
shore of the Marmara Sea, Barka et al. (2002),0Rar$2004) and Pondard et al. (2007)
suggested that this event reached the Central Baigin5.2). Thus, two authors assume that the
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two 1766 earthquakes occurred adjacent to each wiereas the interpretations of two other
authors imply considerable gaps between the twih@aakes of ~ 45 km (Parsons, 2004) and
over 100 km (Ambraseys and Jackson, 2000).

1509 1719 1754 1766a 1766b 1894 1912 1999
| ‘

. ‘ : |
Hubert-Ferrari et al. (2000)

Fig. 5.2: Published rupture locations and lengtles M > 7 historical earthquakes on the

MMF. Dashed lines indicate different possibilitiesnes for Ambraseys and Jackson (2000)
were drawn using their epicentres and rupture lesgassuming the epicentres in the middle.
Bottom figure displays the preferred set of ruptlweations used in this work (the 1719
earthquake is omitted here since at that time flmaking starts).
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1894

The most affected area of the 1894 earthquake hea$sulf of Izmit and further to the east,
between Yalova and Adapazari (Ambraseys, 200lapviHelamage was reported also in
Istanbul and on the Prince Islands, a seismic s@&was documented, the Sakarya river
flooded its banks and landslides concentrated énattea east of Sapanca. According to this
damage description the interpretation of Ambrasays Jackson (2000) seems probable (Fig.
5.2). Hubert-Ferrari et al. (2000) placed this leguake to the east of Sapanca Lake which
hardly can explain the sea wave of 4.5 m ampli{ddienok et al., 2003) and over 250 deaths in
Istanbul whereas those interpretations locating ¢lient at the Prince’s Islands Segment might
underestimate the destruction in the Sapanca atee80 deaths unless site effects due to soft
sediments around Sapanca Lake and Akyazi Planespensible for the losses there.

1912

The 1912 Ganos earthquake caused extensive dama@elidolu Peninsula with hundreds of
destroyed villages (Ambraseys and Finkel, 1991Yio88 damages were also reported for
Istanbul as well as a seismic sea-wave indicatingthe surface break entered the Marmara Sea
(Altinok et al., 2003). However, there is debatetlom eastern termination of this event. Until
Armijo et al. (2005) discovered fresh looking fastiarps on the sea floor the Ganos earthquake
was thought to have ruptured not far into the Maenea and terminating somewhere around
Ganos Bend. Based on their observations Armijol.ef2805) concluded that the 1912 event
reached as far as to the Central Basin. This véesupported by Pondard et al. (2007) while the
other authors keep to the former interpretation.

1999

The western end of the 1999 Izmit earthquake igpased to be west of Hersek Peninsula
although no surface displacement was observedismpdminsula (Muller et al., 2006; Cormier
et al., 2006). Reconstructions of coseismic sliprians of elastic dislocations require slip on
the MMF 10-30 km west of Hersek Peninsula in omeet the geodetic constraints (Reilinger
et al., 2000; Wright et al., 2001; Feigl et al.020Cakir et al., 2003b) and also inversions of
strong motion waveform data for slip yielded slipstvof Hersek (Bouchon et al., 2002; Delouis
et al., 2002; Sekiguchi and Iwata, 2002). Afterdsoprogressed into the Cinarcik Basin and
along the fault on the northern rim of Armutlu Renila to ~35 km west of Hersek Peninsula
(Ito et al., 2002; Karabulut et al., 2002; Ozalaylaae al., 2002). Evidence for surface rupture
west of Hersek Peninsula was also found from olagiems on the sea floor by sonar techniques
and towed cameras (Gasperini et al., 2003; Armiijl.e2005; Cormier et al., 2006; Ucasket

al., 2006). Giilen et al. (2002) even suggestedndéiraa@tion of the Izmit rupture close to the
Prince Islands based on inversion of teleseismicega

The authors referred in Fig. 5.2 followed differegiide lines for their interpretations.
Ambraseys and Jackson (2000), Papadimitriou €2@01) and Parsons (2004) considered the
damage descriptions quantitatively by applying loattenuation relations to the seismic
intensity distributions. In contrast, Hubert-Fermetral. (2000), Barka et al. (2002) and Pondard
et al. (2007) seem to have assumed that the whdi- Mroke since 1766 and grouped the
single earthquakes in such a way that beside timagi distributions empirical scaling relations
are rewarded, that ruptures terminate at geometaraplexities such as fault bends and that
several earthquakes on the same segment in cloggotal proximity are avoided. This
implicitly assumes a widely uniform slip rate oretNAF or more precisely, that earthquakes
are in principal equally frequent on all segmeritshe MMF. As concluded in 4.3 from the
variations in slip rate and fault normal stress thiprobably not the case. The interpretations of
Ambraseys and Jackson (2000) and Parsons (200gdisupe conclusion that in particular the
Prince’s Islands Segment fails more frequently tbdrer segments of the MMF (Fig. 5.2). On
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the other hand it is unlikely that both the 1754 4766 May events (Ambraseys and Jackson,
2000) and also the 1719 event (Parsons, 2004) hek@rince’s Islands Segment as loading
time would be very short. Concerning tsunamis asbmarine landslides due to ground
shaking have to be kept in mind since Yalciner.e2802) and Tinti et al. (2006) found from
numerical modelling that landslides can accounttéonamis of similar or even higher wave
amplitudes than earthquakes.

Implicitly, the interpretations in Fig. 5.2 assuthat damage is determined by distance from the
rupture plane. However, in the Marmara Sea one thabe aware of anisotropic wave
propagation. The pronounced basement-topographyarations in sediment thickness in the
order of several kilometres (Fig. 3.1; 3.3) implyienormous lateral velocity contrasts may
cause seismic waves to propagate in preferredtdinsc The low-velocity sediments in the
basins of the North Marmara Trough may act as skinek of wave guide focussing the wave
field, so that there possibly is a preferred EWppagation. For most of the earthquakes in the
Izmit Bay damage was reported on the western aufaite Marmara Sea and even as far as
Edirne beyond the Thrace Basin with up to 9 kmKlisiediments, whereas south of the Marmara
Sea, though much closer, damage seemed genesalgdeere. In turn, waves coming from the
west may be channelled by the narrowing CinarcigirBaoncentrating energy onto Armutlu
Peninsula and directing it into the Gulf of Izmit least this can be concluded from finite
difference modelling of wave propagation (A. Otherg communication). The reported
distribution of large historical earthquakes durihg last 2000 years reveals a concentration of
events in the 1zmit Bay and at the Ganos Fault edeevents between Istanbul and Telgrda
occurred comparably rarely (Ambraseys, 2002; Fig). Either this was actually the case or it
is a hint for a preferred EW wave propagation sat thased on the damage distribution,
earthquakes in the centre of the Marmara Sea wappéar to have occurred in the east or west
though the northern shore is closer to the rupplmee. Even without conjecturing a preferred
EW wave propagation, earthquakes may be locatedatom the east than they actually were.
Erdik et al. (2004) calculated the intensity dimttion of a hypothetical M=7.5 earthquake
between Hersek Peninsula and the Central Basinitatoins out that the dominant part of
onshore areas with high intensities concentrateratdhe Izmit Bay although only a small
fraction of the total rupture length is there. Blesi, the distribution of damage surely reflects
soil conditions to some extent. Kudo et al. (2082alysed aftershocks of the 1999 earthquake
and found that ground motion at Avcilar (SW Istahland Adapazari (Fig. 1.5) was much
stronger than at other sites closer to the epiesrdind referred this to thick soft sediments.
However, for taking potential wave propagation aitd effects on derived rupture locations
and lengths into account quantitative investigatioy means of wave propagation modelling
are required, which however is an issue of its own.

Another obstacle for determining the locations wtdrical earthquakes is illustrated by the
highly heterogeneous slip distribution inferred fioe 1999 I1zmit earthquake, both at the surface
(e.g Barka et al., 2002; Aydin et Kalafat, 2002l at depth (e.g. Clévédé et al., 2004). The
sections of small coseismic displacements betweeihigh slip patches can be referred to step-
overs between single fault segments (Barka e2@02) or they are due to stress shadows from
smaller earthquakes such as the 1878 M = 6.6 deinteen Sapanca Lake and east of Golcuk
(Papadimitriou et al., 2001, Barka et al., 2002nbkaseys (2001a) reported that the 1894 event
was felt as three consecutive shocks separate@4y8 keconds. This could be a hint that the
displacement field left behind by this event wasoajuite heterogeneous for the same reasons
and possibly involved different fault segments. iigually, there are numerous obstacles
complicating intensity determination from reportamages so that inferred rupture locations
and lengths are necessarily approximate, in pdatidar large earthquakes at sea (Ambraseys,
2002).
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The preferred set of rupture locations in this wimrlbased on the assumptions stated in the
following. First, the whole MMF broke since 1766elite, it is assumed that the two 1766
earthquakes occurred adjacent to each other whiwh roay presume from the damage
description (Ambraseys and Finkel, 1991) and fromquite short period of only 2 %2 months
between the two earthquakes which gives reasowndkeetriggering of the second event by the
first one due to Coulomb failure stress increasehis case it would be more likely that these
events occurred adjacent to each other. The pbimhigh the first one stopped and the second
one progressed is taken as not relevant for todakess field due to the short inter-event time.
Second, the May 1766 event is assumed not to hamarred in the 1zmit Bay and along the
southern Prince’s Islands Segment since theseomscpirobably hosted the 1719 and 1754
events not long before. Third, the Prince Islandgngent experienced more earthquakes than
the adjacent segments, based on the discussio8.iAllevents that may be associated with the
Cinarcik Fault are assumed to have occurred oRrinee’s Islands Segment based on the much
higher modelled slip rate on the latter comparetheoformer (Fig. 4.3; 4.9). Fourth, the 1912
event is assumed to have terminated near the (Bewd. Fifth, based on the modelled slip
rates the last earthquake at Golcuk prior to th@91&vent was the 1719 earthquake since the
observed coseismic slip of ~ 4.5 m in 1999 woulchbeumulated in 281 years at the modelled
slip rate of 16.0 mm/yr at Golcik so that the poesi earthquake should have occurred in 1718,
just one year before the actual date. This excltiied4894 event at Golctik and most probably
also the 1754 event unless modelled slip ratesrgterestimated. Sixth, the 1999 event stopped
20 km west of Hersek Peninsula. Seventh, the sectibthe respective earthquakes overlap for
a few kilometres in order to allow stress reledse m the transitional area.

A precise knowledge of the locations of historiealrthquakes is of crucial importance for
assessing the contemporary slip deficit at a ediment and hence for seismic hazard. In view
of the conflicting interpretations it is hardly pisle to determine one set of rupture locations
without conjecture. Unfortunately, these uncertamtin historical earthquake locations will
impede definite conclusions on the occurrence wfréuearthquakes from this model.

5.2.2 Incorporation of the seismic cycle

The starting point for the time-dependent Marmareh including the seismic cycle is the
steady-state model presented in chapter 4. Ther latbdel was driven for 20 kyrs with
unlocked faults in order to establish a stressdfieflecting the ongoing tectonics so that
maximum and minimum horizontal stresses, which wanrigially roughly equal after
prestressing, became different due to relativeepiabtion. Then, to incorporate the seismic
cycle all faults in the study area above 15 km &gt locked which is technically implemented
by assigning infinite friction. Most of the seisiitycin the Marmara region is observed above
this depth (Basgi et al., 2002; Karabulut et al., 2002; Ozalaybe;xletzooz; Sato et al., 2004;
Bulut et al., 2007). Below 15 km bsl. the coeffigi®f friction remains unchanged (u'=0.05)
allowing continuous slip due to the relative platetion which is further on ensured by the
plate tectonic boundary conditions acting on thliesiof the model. When the coefficient of
friction at a locked fault portion is reduced te @riginal value at some time after locking, the
accumulated stress is released by slip on the. fahis happens dynamically consistent, i.e.
coseismic slip is driven by stress and slip ocountd equilibrium of forces is reached.

The beginning of fault locking should be as eadyt@ ensure that every portion of the MMF
experienced at least one earthquake. The influehearthquakes that occurred prior to these
should be negligible on today’s stress field. Asuased in 5.2.1 the 1719 earthquake in the
Izmit Bay fulfils this requirement although it casirbe excluded that there is a seismic gap left
since 1509 in the Marmara Sea (Fig. 5.2). Henadf facking started on May 351719 and
tectonic boundary conditions were continuously &ghlOn September'21754 the MMF was
unlocked along the anticipated rupture length Fos event as displayed in Fig. 5.2 and right
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after locked again while tectonic loading proceedetil on May 22° 1766 where stress on the
next segment was released. In this way, the seisysie was incorporated into the model until
end of the year 2010. The whole series of tectlma@ding and stress release on particular fault
segments was run fully automatically from 1719 @@ without computing interruptions.

Fig. 5.3 shows shear stress on the MMF end of da 2009. Shear stress is mostly smaller
than ~20 MPa, however local maxima with much higreues above 100 MPa are visible that
are associated with minor fault bends. Possiblg, tfaximum values were smaller if plastic
rheology was applied. Interestingly, the differende elapsed time since the last earthquake
between the respective fault sections do not résably appear in total shear stress, suggesting
that typical coseismic stress drops are much smdfen the residual stresses related to
structures and driving stresses.

Ganos Bend [Etaribil Bard l lTuzIa Bend

TR

shear stress
80 100 120 140 MPa

Fig. 5.3: Shear stress on the MMF in the homoges@ase end of the year 2009 including the

accumulated stress due to tectonic loading sineeldbt earthquake. No dependence of shear
stress on elapsed time since the last earthquakec@gynisable from this figure (Izmit segment

~10 years, Central Segment ~243 years) suggestatgypical coseismic stress drop is a small

fraction of residual stress.

5.3 The interseismic velocity field

The hardest observable constraints on the seisiyite care interseismic velocities and
coseismic displacements. Thus, within this suba@ragind the next one, the modelled
interseismic velocity field and coseismic displaests during the 1999 Izmit earthquake are
presented and compared to observations, respeagtirelorder to document whether the
modelling technique yields agreeable results. lis Bsubchapter additionally the observed
interseismic velocity field is analysed and thecdssion on slip rates intermitted in 4.1.3.1 is
completed.

GPS observations during the interseismic periokkeefan intrinsic part of the seismic cycle.
Therefore, the velocities from the steady-state ehadth freely slipping faults presented in 4.1
could not be directly compared to GPS data. It wrdy qualitatively argued that velocities of
the steady-state model should fit the observat@rsme distance to the faults whereas in their
vicinity the steady-state velocities have to diffeom observations (Fig. 4.12). The time-
dependent model presented here, that considerseibmic cycle with locked faults, is thus
fully comparable to GPS observations since bothateervations and the model address the
interseismic velocity field. Thus, the modelledeirseismic velocities in relation to the GPS
observations represent the basis for the religlwfithe slip rates presented in Fig. 4.3.

Fig. 5.4 shows modelled velocities during the is¢ésmic period between the 1912 and 1999
earthquakes together with the GPS velocities olseprior to the 1999 event. All in all the
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modelled velocities fit the observed ones quitel weth in direction and rate. The modelled
velocities at some stations south of the NAF tenthll below the GPS velocities but residuals
are generally small and mostly below 1-2 mm/yw#s not tried to better fit the observations
using modified locking depths.

2|8 2|9 3|0

»-E)» modelled mterselsmlc velocmes
———3 Reilinger et aI
20 mm/yr A

41

Fig. 5.4: Modelled interseismic velocities and GétiServations prior to the 1999 earthquake.
Note the difference in modelled velocities nearNiBgé- compared with Fig. 4.12.

Both the steady-state and the time-dependent mosefs driven by the same boundary
conditions coming from the regional model with wked faults (3.6). This presumes that the
seismic cycle does not affect the model boundatypbrturbs the velocity and stress field only
within the model area. In the following it is dissed whether this is actually the case. More
precisely, it is analysed what the time averagddcities at the boundaries may be and how
much observed velocities deviate from the averagecities during different phases of the
seismic cycle at the model boundary. Fig. 5.5 shGRS observations both prior to (Reilinger
et al., 2006) and after the 1999 Izmit earthquédgifitav et al., 2007). Although both datasets
show phases of the interseismic period there isildrng) change in velocity direction north of
the NAF from EW before the earthquake to WE afitedjcating that the interseismic velocity
depends on the time window considered. The westwentibn prior to the earthquake is easily
explained by the drag exerted by the west movingtélian Block through the locked fault.
The eastward motion after the earthquake is prgbaflexpression of postseismic phenomena
like aftershocks, afterslip or viscoelastic stresaxation (Reilinger et al., 2000; Blirgmann et
al., 2002; Hearn et al., 2002; Cakir et al., 200Blgintav et al., 2007). During the 2 ¥ years
following the 1999 event, pairs of GPS stationsagite to the main branch showed clearly
enhanced rates of relative plate motion compardbddadong-term rate (e.g. 33.9£0.5 mm/yr in
Ve cOmponent between stations DUMT and TUBI and 33.54#mm/yr between ULUT and
KANT) (Lenk et al., 2003). The fact that the relatirates between the two pairs of stations are
almost the same despite their different distaneas the NAF gives reason to assume localised
afterslip on the fault rather than distributed defation as an explanation for the higher rates.

Taking the GPS site SILE as an example (locate2Ba&82°E 41.18°N and hence close to the
northern boundary of the Marmara model; Fig. 5a6),average velocity for this site can be
estimated to = -0.42+1.27 mm/yr, when taking the 1999 coseisthgplacement ofAu, =
11.91 cm to the east (Reilinger et al., 2000) assliming the pre 1999 velocity of ¥ -
0.85+1.25 mm/yr (Reilinger et al., 2006) during thieole interseismic period of 280 yrs (1719-
1999). Since the east component of velocifyolkiviously decreases during the interseismic
period reaching a minimum at the end of the seisipade and since the site probably reflects
remaining strain from the locked faults farther wiaghe Marmara Sea, this velocity represents
a lower bound in ¥ Based on that, it was assumed that the nortHeok lis stable so that the
boundary conditiong= 0 mm/yr was set there.
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Fig. 5.5: GPS observations late (1988-1999) (bReilinger et al., 2006) and early (2003-2005)
(orange, Ergintav et al., 2007) in the interseismpériod in the eastern Marmara region, where
the 1999 Izmit earthquake occurred (dashed red.linght grey box marks the boundaries of the
Marmara model. Red, green, blue solid and thiclkhddggrey lines refer to Fig. 5.6.
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Fig. 5.6: Modelled interseismic EW velocities abhddudes 29, 29.5 and 30°E (s. Fig. 5.5).
Circles show EW components of GPS derived velpciiavell as their uncertainties (Reilinger et
al., 2006) observed at the statidmtween the two thick dashed grey lines in Fig. 5.5

Fig. 5.6 shows the modelled interseismic west veéscat three longitudes in comparison to the
GPS observations. The step-like behaviour from dfeady-state model vanished (Fig. 4.5).
Instead, a continuous change in velocity acrosgplite boundary emerges in good agreement
with the observations. Thus, the model reflects ititerseismic strain accumulation in a
meaningful way both in the overall pattern and djisatively. It is also demonstrated that the
model accommodates as much relative EW motion dimerved which documents that the
inferred slip rates on the main branch can be r@tmhwith GPS observations.
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5.4 The 1999 Izmit earthquake

The well documented 1999 Izmit earthquake providebasis for examining whether the

performed modelling techniqgue (5.1; 5.2.2) is cdpabf reproducing the observed

characteristics of this event. If modelled cosegsulisplacements are similar to the observed
ones the model technique should also be applicablether fault segments for gaining

information on the expectable size of future eardkgs.

After the period of fault locking and consecutiedease of particular fault segments at the time
of past earthquakes, as described in 5.2.2, tha 86 situation was attained, whose velocity
field was presented in the previous subchapterAOgust 17' 1999 the fault segment that
ruptured during the Izmit earthquake (Fig. 5.2 @oft was unlocked and the coefficient of
friction was set to its original value (u’= 0.09he induced reduction in fault friction causes an
unstable stress state due to the stored elassic €nergy in the volume adjacent to the fault.
The new equilibrium is found by release of the aedrshear stress due to slip on the fault.
During this coseismic step the boundary conditisese maintained. This means a laterally
fixed northern model boundary, the east and weshtaries north of the NAF were constrained
to zero in EW direction perpendicular to the bougdend the boundaries south of the northern
branch of the NAF were laterally kept at their fiosis prior to fault unlocking.

Lateral surface displacements

Fig. 5.7 shows the modelled lateral coseismic dsginents at GPS stations in comparison to
observations. The model approximates the obseriggladement field very well, both in
direction and amount of slip. The pattern of thesesbed displacement field that describes a
clockwise rotation south of the NAF and an antikleise north of it can be clearly recognised
in the modelled displacement field. The maximunideal is 36 cm, all other pairs of modelled
and observed displacements differ by less tham80A¢ the five large displacement sites close
to the fault with more than 1 m of slip, the diface in amount of slip between modelled and
observed displacements is on average only 8 cm %r & the observed displacements, and
directions deviate on average by less than 9° fteobserved ones.
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Fig. 5.7: Modelled coseismic displacements (redramparison to GPS observations (blue,
Reilinger et al., 2000). Note that modelled displaents are a consequence of released shear
stress and not a result of imposed slip on theungpplane.
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This result strengthens confidence in the applitgkand reliability of the applied modelling
technique. Furthermore, this result represents hanoindication for the reliability of the
deduced slip rates presented in Fig. 4.3. Highiprates than those would therefore require that
either the 1754 earthquake ruptured through Golmiikhat there is a significant level of
microseismicity and/or aseismic creep.

Near the northern and southern boundary modellsplatiements are smaller than observed.
This is due to the applied boundary conditions Wwhitlow no lateral displacement at the
boundaries during the coseismic phase, except Nfladements at the eastern and western
model boundary north of the NAF. The model as alalas to be pinned somewhere since
otherwise it moves uncontrolled in space. Sopfagtd surface loads maintaining the lithostatic
and plate tectonic stresses and balancing the stogeistress changes could overcome this
problem, which however was not tried.

Following the Izmit earthquake there was a phasajid postseismic movements at decaying
rates. Maximum postseismic displacements aboutntanths after the earthquake were ~ 5 cm
(Reilinger et al. 2000) and were ascribed to dfte®Reilinger et al. 2000; Birgmann et al.
2002; Hearn et al. 2002). Afterslip is an exprasb prolonged shear stress release after the
main shock at fault portions still under unrelievetiess. During a modelled earthquake
however, shear stress is fully released down &vel ldetermined by the coefficient of friction
so that afterslip in the model is not meaningfubléhged slip on the unlocked fault would be
simply determined by the secular slip rate shownFig. 4.3. Thus, modelled coseismic
displacements should be compared to the sum of nadasecoseismic and postseismic
displacements but as the latter represent only &l $raction of the coseismic displacements
this hardly makes a difference in Fig. 5.7.

Admittedly, the modelled coseismic displacementgHe observations not as good as those
obtained by Reilinger et al. (2000), Hearn et 2002), Cakir et al. (2003b), Bos et al. (2004)
and Hamiel and Fialko (2007), who almost perfeathproduced the GPS observations.
However, it is necessary to point out that theialgand applied methods to accomplish these
are substantially different from those in this stutihe above mentioned works aim at obtaining
a best fit between modelled and observed displacemby iteratively varying the slip
distribution on the rupture plane in an elastid bphce or they proceed from the GPS or INSAR
observations and invert the observed displacenfentslip on the fault. As mentioned earlier
these approaches are useful to infer the slipiloigion on the rupture plane but they lack any
predictive strength since they are not consisteith votal stress (Fig. 5.1a). The modelled
coseismic displacement field in Fig. 5.7 could to@rioved to better reproduce the observations
by introducing a heterogeneous distribution of tfdtittion during the interseismic period.
However, this is consciously not intended here. Réaepoint to be emphasised here is that this
modelled coseismic displacement field is purely cmsequence of the accumulated shear
stresses on the NAF. There is no imposed slip. iSligriven by stress. No assumptions were
made on inhomogeneous fault friction responsible dsperities and heterogeneous slip
distribution on the rupture plane. Since nevertsgelgbservations are approximated fairly well,
a reliable performance of the model is expectableother fault segments as well for which
asperities etc. are unknown either. Thus, the oombeary and future potential of earthquakes
can be assessed.

Lateral surface fault slip

Fig. 5.8 shows the modelled lateral coseismic falit at the surface. Between Golcuk and the
eastern model boundary it is in the range of 4M. At about the Karamursel Basin modelled
slip rapidly decays to the west.



109

Observed surface expressions of the rupture ireigetak levels of slip at Gdélcik and
Adapazari with 4-5 m (Aydin and Kalafat, 2002; Bat al., 2002) (Fig. 5.8). Thus, the model
matches these observations well. In between, regpocbseismic displacements are much
smaller and do not exceed 3 m. Papadimitriou e28l01), Barka et al. (2002), and already
prior to the 1999 event, Barka and Kadinsky-Ca@88). reported that the NAF broke between
Sapanca Lake and east of Golcuk during the 1878 Bl7=earthquake and hence right in
between these two locations of observed maximuplatements. The fact that the 1878 event
generated a tsunami that extended into the opembtar Sea (Ambraseys and Finkel, 1991)
supports the view that this earthquake enteredzthé Bay. Since the 1878 earthquake was not
considered in the modelling, the omission of thisre explains at least part of the discrepancy
between modelled and observed surface displacenteares

The onset of marked decrease in modelled surfapewsst of Golcik is due to the 1894
earthquake which was assumed to have terminateel dne century before (Fig. 5.2). The fault
to the east was unbroken since beginning of faadkihg in 1719. Cormier et al. (2006)
reported a dramatic decrease in surface slip atita®®.68° (right yellow arrow in Fig. 5.8)

based on sonar data, which agrees with this assampt

As mentioned earlier, on Hersek Peninsula surfapeure was absent (e.g. Barka et al. 2002)
whereas the model yields a slip of ~ 2 m there.(Bi§; middle yellow arrow). However,
Gasperini et al. (2003) found evidence from searftibservations that there was a surface slip
of ~ 1 m right west of Hersek Peninsula. The bisdlip distribution of Cakir et al. (2003b)
relying on INSAR observations also shows 2 m ofasr slip on Hersek Peninsula. Armijo et
al. (2005) found a fresh fault scarp at the enegaoicthe NAF into the Cinarcik Basin (left
yellow arrow in Fig. 5.8) and interpreted it asomgequence of the 1999 event.
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Fig. 5.8: Modelled lateral surface fault slip dugrnthe 1999 Izmit earthquake (blue line) in
comparison to observations (circles). Lateral blauik the data are due to water coverage of the
NAF (see map above). Note that the fault sectiotkedawith a red double arrow was associated
with the 1878 M=6.7 earthquake (Barka and Kadin€lage, 1988; Papadimitriou et al., 2001;
Barka et al., 2002). Yellow arrows indicate locasowvhich are referred to in the text. The eastern
model boundary is at 30.26°E.

Vertical surface displacements

Vertical surface displacements due to the Izmitheprake reached maximum values near the
western end of the rupture, with subsidence omtiréhern side and uplift south of the NAF
(Fig. 5.9). The model reflects the observationgequwiell there. In all other areas however,
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correlation between model results and GPS obsensis poor. The model predicts subsidence
in the northwest and southeast area affected byupieire whereas uplift is modelled in the
northeast and southwest quadrants, which is ogptsithe observations (Fig. 5.9). The reason
for this is not easily discernable. Actually, oneul expect the modelled pattern rather than
the observed one since generally uplift is foundha compressive and subsidence in the
extensional quadrants for right-lateral slip oredtical fault. Three reasons may account for this
mismatch. The first one concerns the applied bayndanditions during the coseismic phase
which do not allow lateral slip at the boundari&berefore, the extension and compression
arising at the boundaries due to the coseismidatisments is necessarily taken up by vertical
displacements. Second, the heterogeneous slibdistn on the rupture plane (e.g. Clévédé et
al. 2004; Fig. 5.10) in contrast to the quite hoemgpus one of this study may be responsible
for the observed pattern in vertical displacemerie slip models of Reilinger et al. (2000) and
Cakir et al. (2003b) (published by Ergintav et &007) show the same sense of vertical
displacements in the near field as inferred in #tisdy, whereas in the far field they are
opposite and agree with the observed pattern. Thindoelastic effects may account for the
observations. The mechanism of poroelastic reboumtiuces the opposite signal of the
coseismic rupture (Masterlark and Wang, 2002; dJnss$ al., 2003), that is to say uplift in the
extensional and subsidence in the compressive aniadiThe omission of poroelastic effects in
the model would therefore explain the mismatchi$ imechanism is actually responsible for
the observations. Yaltirak et al. (2005) reporteatew level changes in wells due to the 1999
Izmit and Duizce earthquakes even at distances of than 100 km from the rupture plane that
were recorded within minutes both prior to andrate earthquakes, which indicates that other
mechanisms involving fluids may be involved as well
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Fig. 5.9: Modelled vertical displacements duringe th999 Izmit earthquake (red bars) in
comparison to GPS observations (blue bars; Reilirgal. 2000).

Slip on the rupture plane

Modelled coseismic slip at depth on the rupture@les shown in Fig. 5.10. The modelled slip
is quite uniform vertically within the uppermost XBn bsl. This portion of the fault was
previously locked. Below, slip tapers to 0-1 m la¢ fower model boundary. East of Hersek
Peninsula modelled slip decreases to about haitlsofalue within a short distance of a few
kilometres, then gradually decreases further towkst and at the western end of the rupture
slip rapidly decreases to zero. Slip prolongs betbe adjacent locked segment. Modelled
maximum slip is 4.76 m.

Fig. 5.10 also shows the slip distribution afteki€at al. (2003b) from inversion of INSAR data
and field observations, including the early postsgc phase till one month after the event. The
modelled 2 m contour closely follows the correspogdsoline inferred by Cakir et al. (2003b).
The red coloured area indicating displacements m & framed by the reported 3 or 4 m
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isolines and slip decreases below between abo@61&n similar to the inversion results. The
marked decrease east of Hersek Peninsula is dhe tt894 earthquake which was assumed to
have terminated there (Fig. 5.2). The slip distidou of Cakir et al. (2003b) also indicates a
rapid decrease in slip there supporting this re@dtween Hersek Peninsula and the western
end of the rupture, modelled slip is right the samehe reported one at the surface (Fig. 5.10).
Below however, modelled slip is higher and vanishéthin a short distance at the western
termination whereas the slip distribution of Caddral. (2003b) tapers gradually to zero over a
distance of about 20-30 km. Because of this, theathed surface displacements around the
western Izmit Bay are slightly overrated (Fig. 5.7)

In the model slip extends down to the bottom ofrtieelel at 38 km depth and surely, slip in the
lower crust and upper mantle is overestimated & rilodel. This can be ascribed to two
assumptions made in 2.3. First, the adopted elalsdology. During the interseismic phase
viscoelastic rheology should allow relative motianthe bottom of the model at higher rates
than modelled because of viscous flow, so thatiin t¢oseismic slip would get smaller. Second,
heightened modelled coseismic slip in the lowestcand upper mantle is a consequence of the
assumption that plate tectonic forces act onlydditeat the sides of the model. No basal lateral
motions were applied since these would have impededdependent evolution of the slip rates
on the NAF. Technically, heightened slip below theking depth could be otherwise avoided
by setting the locking depth upward and/or by c@msing slip at the bottom to zero during the
coseismic phase. Though modelled slip below th&ihgc depth is higher than reasonable,
recent findings from Shaw and Wesnhousky (2008) yntpht large ruptures penetrate greater
depths than commonly thought based on elastodynamodelling. They proposed that ~1/3 of
total seismic moment is due to slip below the setpenic layer.

Hersek Golcuk
Tuzla Bend Pen. l l

Fig. 5.10: Modelled coseismic total slip on thetune plane for the 1999 Izmit earthquake due
to shear stress release. Grey lines indicate slgueh of Cakir et al. (2003b) for the sum of
coseismic and postseismic displacement within cy@hrafter the earthquake from InSAR and
field observations (1m-isolines).

Besides the work of Cakir et al. (2003b) there isuenber of further slip distributions for the
Izmit earthquake in the literature based on varimethods such as inversion of geodetic
observations (Reilinger et al, 2000; Feigl et 802, Birgmann et al., 2002; Hamiel and Fialko,
2007) and seismological data from teleseismic wdwestrong motions (Yagi and Kikuchi,
2000; Bouchon et al., 2002; Gulen et al., 2002;idiethi and Ilwata, 2002) or joint inversions
(Delouis et al., 2002). A comparison of some ofthis provided by Beresnev (2003), Clévédé
et al. (2004) and the following webpage http://waeismo.ethz.ch/srcmod/.

A striking characteristic of these slip distributsis “that they have in fact little in common”
(Beresnev, 2003). Probable reasons for the digparitnferred slip patterns are the differing
adopted fault geometries, the multiplicity of caastts, for some inversions are based on a
single data source whereas others considered $&uaila of geodetic or seismological data or
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surface slip observations, the applied inversiahneue with assumed parameters and the
resolution (Beresnev, 2003; Bos and Spakman, 2@¥ed on elastic dislocations King and
Wesnousky (2007) demonstrated that different siiptd profiles on a fault can be found that
produce the same surface displacement field. BdsSpakman (2003) showed that inversions
of geodetic data based on elastic dislocationsiielastic half-space yield ambiguous results for
the deeper portions of a fault. From this perspecti is not astonishing that despite their
differences the slip distribution presented in FsglO and the various heterogeneous slip
distributions based on elastic dislocations yieidhilar surface expressions. The general
problem with slip inversions from teleseismic dasathat the structural and lithological
complexities the waves experience on their long vrayn the source to the receiver are
projected into the source. Slip inversions from rifedd strong motion data are often
compatible with damage. Nevertheless, Beresnev3j260mmarized what can be expected
from slip inversions of seismic data as “there asbasis currently available for distinguishing
between artificial and real features” and “if angthcan be said with confidence, it is that the
fact of a particular solution matching the datalwlekes not guarantee that this solution is close
to the true one.” Two consequences arise from thatthe one hand, the fact that the model
well reproduced observed coseismic slip at theaserfdoes not imply that modelled slip is
correct at depth. On the other hand, due to therartt non-uniqueness of reported slip
distributions the modelled slip distribution at tledoes not need to agree with the reported slip
distributions.

Tab. 5.1 provides a comparison of source paramétsxgeen the modelled 1zmit earthquake
and some of the published slip distributions. Allmbers refer to the rupture within the model
area, that is to say west of 30.26°E.

Modelled maximum slip (4.76 m) is lower whereas gitedi mean slip (3.33 m) is higher than
reported values. Since observed maximum surfageesdiched almost 5 m in the model area (Fig.
5.8) the modelled maximum slip at depth of 4.76 snpiobably too small since generally
maximum slip at depth exceeds maximum slip at tifase (Wells and Coppersmith, 1994; e.qg.
Manighetti et al., 2007). Generally, damage is @ased with asperities that are characterised by
large slip. In this respect, the model cannot resaleas, in which damage is particularly likely.
Though it would be difficult to validate anticipdteasperities based on the available slip
distributions it would be technically possible &strict fault locking to particular areas of thalfa
instead of the whole seismogenic area. Howeves vihs not done since the focus of this work is
on future earthquakes on the MMF on which asperdi® not known in advance. It is attempted
to quantify expectable seismic moment and for thispose the detailed distribution of
heterogeneous slip is not necessary. As discugded lthe example of the 1999 event shows that
seismic moment can be approximated without anynasson on heterogeneous friction or stress.

While it is at present hardly possible to precisklgate where slip occurred at depth, the
cumulative slip on the whole rupture plane or sggsmoment are much more reliably inferable.
Nevertheless, reported seismic moments for the evhgpture, that is also beyond the model
boundaries, vary by up to a factor of two betweetl:10”° (Yagi and Kikuchi, 2000) and
2.8810°° Nm (Harvard CMT catalogue). The seismic momerg ¥ pAu (eg. 1.4) was
calculated using the standard value of p = 30 GPdhie reported slip distributions and p =
E/(2 (1+v)) = 28 GPa for the modelled seismic moment baseith® adopted elastic parameters
in the model (Tab. 3.1). Moment magnitudg, M given by eq. (1.5). For calculating modelled
seismic moment, modelled slip was considered obtwa 20 km bsl., because of the discussed
continuation of slip down to the bottom of the motiéodelled seismic moment above 20 km bsl.
exceeds literature values by 23-54 %.
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Tab. 5.1: Source parameters of the modelled Izarihguake in comparison to published slip
distributions within the model area (west of 3026°

Type above depth area max. mean slip Mg My
[km] [km?] | slip [m] [m] [10°° Nm]
Model 20 1668 4.76 3.33 1.5547] 7.46
Cakiretal. | INSAR & field 24 2280 5.51 1.77 1.2100| 7.39
(2003b) obs.
Reilinger et al. GPS 18.2 1562 5.65 2.15 1.00772 7134
(2000)
Yagi and body waves & 21.6 1348 6.31 2.54 1.0271 7.84
Kikuchi (2000) | strong motions
Sekiguchi and| Strong motions 23.3 1816 8.52 1.88 1.024 1.34
Iwata (2002)
Bouchon et al.| Strong motions 18 1746 6.35 2.28 1.194 7.38
(2002)
Delouis etal. | InSAR, body 22.5 1856 7.99 2.27 1.2641 7.40
(2002) waves, &
strong motions

It can be concluded that the model approximatesréperted seismic moment of the Izmit
earthquake though it yields a somewhat higher seismoment than the reported slip
distributions. There are basically four reasons ttee somewhat higher modelled seismic
moment. (1) The neglected 1878 earthquake whicbrbes prevalent in the easternmost part of
the fault where the 3 m isoline of Cakir et al (3BPcomes to the surface whereas modelled
slip remains above 4 m (Fig. 5.10). (2) Modelleg slest of Hersek at depth is overestimated.
Though there must have been slip far to the westdan geodetic observations, obviously not
all portions of the fault broke whereas in the mateess was allowed to fully release. Thus,
this is merely a wrong assumption than a defigrmtormance of the model. (3) The generally
heightened slip below the locking depth. For theuwation of seismic moment only slip above
20 km was considered. (4) Reported slip distrimgi@ddress coseismic release of seismic
moment but not the postseismic whereas in the metteks is fully released during the
earthquake. The numbers for the slip distributib@akir et al. (2003b) in Tab. 5.1 refer to their
coseismic slip distribution. They inferred deepeedtip during the month following the main
shock corresponding to a seismic moment ofl0?8 Nm. Almost all of it released within the
model area. This amount of postseismic moment dguglkes up the difference between the
model results and the reported values (Tab. 5.1).

Though details of the slip distribution can notdeeluced reliably from the presented modelling
technique, it was shown that the magnitude of ath@aake can be approximated. As there are
profound reasons for the somewhat higher modekgsivsc moment, as just discussed, this
result gives confidence to apply the modelling meghe to other fault segments. When

considering coseismic slip only above ~20 km, thetemporary potential of seismic moment

can be estimated. Because of not considered snhadli@rical earthquakes, possible unbroken
fault portions during an earthquake and aftersigresult will represent an upper bound.

Coseismic stress drop

Modelled coseismic stress drop on the rupture plssociated with the slip in Fig. 5.10 is
shown in Fig. 5.11. In contrast to the rather umifoslip distribution, stress drop shows
variations on the rupture plane. Between the easterdel boundary and Izmit stress drop is
quite uniform at ~ 4 MPa and a maximum of 4.6 MIRaagreement to that, a stress drop of 4
MPa was reported by Tibi et al. (2001). The fasltjuite plane in this section. West of Izmit,
however, the fault was constructed as to show aéweinor bends that were mapped at the
surface (Cormier et al., 2006). Stress is hardiiyced in the upper part of the rupture and even
locally increased, while stress drops at the Igpegtions of the rupture (by ~ 4 MPa), where the
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fault was constructed less bended. The stressstrown in Fig. 5.11 is the mean of the shear
stress on the northern and southern side of tHegad both sides show an alternating mutually
opposite pattern of stress increase at restrasgotions and stress drop at releasing parts of the
fault, so that mean stress change is low. Maylgjgtan environment, in which particular large
slips can arise as at Golcuk in 1999 and whereuraptarrest as the 1894 event. In other words,
asperities may be characteristic for this faulttipar or more generally for geometrical
complexities. It would be interesting to test, wiegtin the model a more inhomogeneous slip
pattern with high slip around Goélcik would devethping several seismic cycles.

Between Hersek Peninsula and the western termimafithe rupture, coseismc stress drop is <
1 MPa. This portion ruptured more recently durihg 1894 event (Fig. 5.2). Around Tuzla
Bend, west of the rupture, shear stress is incdebgel-2 MPa, while rapidly decaying further
to the west. This is similar to what was found imwmber ofACFS studies (e.g., Lorenzo-
Martin et al., 2006; Muller et al., 2006). Averasfeess drop on the whole rupture plane is 2.0
MPa.

Tuzla Bend  pen.

Hersek Gt‘)lcur

Fig. 5.11: Coseismic stress drop dring the 1999itlzarthquake. Between the eastern model
boundary and Izmit stress drop is ~4 MPa, betweanitl and Hersek Peninsula stress is
reduced only in the lower part of the seismogemicez between Hersek Peninsula and the
western termination of the rupture stress dropis Hue to the stress shadow of the 1894 event
and right west of the rupture termination sheaest is increased by ~ 1-2 MPa.

5.5 Testing earthquakes in 2010

Testing earthquakes on selected fault segmentediMF were modelled in order to test what
the moment magnitudes of contemporary potentighgaakes in the Sea of Marmara would
be. The basis for this analysis is the modelletesté stress on the MMF for the year 2010,
from which potential slip can be deduced by unlogkihe fault along the respective fault
sections, in the same way as done for the 199%.even

Following the 1999 Izmit earthquake the model was with relocked faults until beginning of
the year 2010 while plate tectonic boundary coadgiwere continuously applied. By that the
contemporary state of stress in the model was ledtall, as the starting point for this analysis.
At the beginning of the year 2010 six differenttiteg earthquakes were modelled. This was
done by unlocking the MMF along certain sectionse redefined locations and lengths of
these sections are shown in Fig. 5.12. These dosnawmprise the conceivable locations and
lengths of possible earthquakes as they termirtatataral barriers such as fault bends or where
the most recent 1912 and 1999 earthquakes stoppedirst testing earthquake is induced by
unlocking the MMF along the Prince’s Islands segmard around the Tuzla Bend where the
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1999 event ended (Fig. 5.12). In response to fanillbcking the accrued stress on this fault

section is released by slip. In the same way thetr@eSegment between Istanbul Bend and
Central Basin is released (scenario ii), the segiinetween the Central Basin and Ganos Bend
(scenario iii) and combinations of these three ades (scenarios iv and v), including a worst

case scenario with a through going rupture betwkenTuzla and Ganos Bends (scenario vi)
(Fig. 5.12). Of course, the respective testingheprakes are treated independently.

The slip distributions of the six testing earthgemlare shown in Fig. 5.13 and their source
parameters are listed in Tab. 5.2. Scenario i erPtfince’s Islands Segment yields the smallest
magnitude of the six with M= 6.8. The Central Segment between Istanbul Bemtl the
Central Basin stores enough shear stress to pragige= 7.3 event at present. A rupture in
2010 on the relatively small section between that@é Basin and Ganos Bend (scenario iii)
would generate a considerable,M 7.1 event. The scenarios iv and v, involving tiaalt
segments each, would produce earthquakes compaoatble 1999 I1zmit event in magnitude, if
these would occur in the very near future. The woase scenario with the MMF breaking all
the way between the terminations of the 1999 ari® E¥ents yields a moment magnitude of
M,, = 7.6 at present.

As the results demonstrate, there is the poteotiahe or even two WM> 7 earthquakes in the
Marmara Sea at present. However, the results ofitigge scenarios need to be discussed. The
lower moment magnitude on the Prince’s Islands Segroompared to the other scenarios is
due to the 1894 event which released shear stressentury before (Fig. 5.2). If the 1894
event occurred in the Izmit Bay and did not rupttive Prince’s Islands Segment, the present
hazard evolving from this segment is higher. Howgegen if the 1766 May or 1754 events
were the last events on this segment, expectablemgporary magnitudes on this segment are
clearly lower than a M= 7.4 event suggested by Pinar et al. (2003) baseadd20 mm/yr slip
rate. This can be claimed based on the resultscimarios ii and iii which have a much greater
length than scenario i and would yield events afdomagnitudes than 7.4 at a loading period
since 1766 and at a higher slip rate than infeiwethe Prince’s Islands Segment (Fig. 4.3; 5.2).
The inferred potential magnitude for the Princalsuhds Segment represents an upper bound if
the May 1766 and/or 1963 M = 6.3 earthquakes regtpart of it. Other locations proposed for
the 1963 event are near the northeast coast (Tagtraz 1991), at the Cinarcik Fault (Nalbant
et al. 1998; Parsons, 2004) and on Armutlu Peren@uilut and Aktar, 2007).

1766 events accounted for a through going reledshear stress between the Istanbul and
Ganos Bends. Otherwise, the longer loading perindes1509 would increase the potential
magnitude on the Central Segment drastically. Hanen 5.6 it will be shown that this is not

likely. The magnitude inferred for scenario iii repents an upper bound if the 1912 event
reached the Central Basin (5.2.1). As will be dised in 5.6 it cannot be excluded that the
1912 event propagated further to the east thanipated.

Based on the model results the highest possibleiuag of a contemporary earthquake filling
the whole seismic gap between the 1912 and 199%ts@ once is M= 7.6. If the inferred
magnitudes for scenarios i and iii represent ufgmemds due to intermittent release of shear
stress by other earthquakes, as just discussadatbe the magnitudes inferred for the multi-
segment ruptures iv, v and vi involving these sagsieepresent upper bounds. In any case it
can be concluded that a,M 8 earthquake in the Marmara Sea, as sometimegylthas
possible, cannot be confirmed from the modellirgults. Nevertheless, a M= 7.6 earthquake
would still be disastrous for the Marmara regiantetestingly, Cisternas et al. (2004) and Le
Pichon et al. (2003) found a maximum possible ntagei of M, = 7.6 in the Marmara Sea at
present which is right the same as the model owtcdrhe result of Cisternas et al. (2004) is
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based on the temporal evolution of cumulative ideaseismic moment in the Marmara region
during the last 2000 years.

Fig. 5.12: Predefined lengths of six testing eaudices in the year 2010. Three single segment
ruptures are considered (best case) and a wors sasnario comprising all three segments.

Tab. 5.2: Source parameters of the six testinghegudkes according to the slip distributions in
Fig. 5.13 above 20 km bsl.

Scenario area [km?] max. slip [m] mean slip [m] M [10°° Nm] My
i 741 1.28 0.86 0.1784 6.83
ii 1216 3.42 2.62 0.8938 7.30
iii 828 3.33 2.32 0.5385 7.15
iv 1931 3.98 2.85 1.5414 7.46
\ 2125 4.70 3.59 2.1341 7.55
vi 2841 4.95 3.64 2.8979 7.64

Fig. 5.13: Coseismic slip distributions for sixtiag earthquakes on January' 2010. Slip is a

consequence of unlocking the respective fault segnaepicted in Fig. 5.12 and determined by
the accumulated shear stress.
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A characteristic of the modelled testing earthqaakehat slip increases with rupture length (Fig.
5.13). The testing earthquakes involving more thiae fault segment (iv-vi) show larger slip at
one position than if only one segment is involvEdis is in agreement with what is commonly
observed. Based on compilations of earthquake squatameters Scholz et al. (1986) found the
basic u~L and M~L2 scaling relations for large earthquakes. Hergtands for rupture length, W
for rupture width and u for mean slip. This is eecalled L-model in contrast to the W-model
that scales u~W and ¢vL (Scholz, 1982). The W-model scaling relationgevaot observed
except for very large earthquakes and were propsgeg slip tends to saturate for very long
rupture lengths (Romanowicz and Ruff, 2002; Mantlet al., 2007).
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Fig. 5.14: Rupture length dependency of seismic embsnfor the six modelled testing
earthquakes in Fig. 5.12 and 5.13. a) A~ relationship as predicted by the W-model is not
confirmed by the results. b) Instead, the modealltesan be reconciled with the,M.2 and
u~L relationships predicted by the L-model. Thettscas related to the different stages of the
single fault segments within their seismic cycle.

Fig. 5.14a shows that applying the W-model scal@igtions to the modelled u and, loes not
eliminate the L dependence in these quantiliesontrast, division of modelled u by L and of
Mo by L2 apparently eliminates the respective depeoelef the rupture length (Fig. 5.14b).
This can be concluded though these relations hblenvthe seismic cycle is completed, while
the fault is in different stages of the seismicleyalong fault strike, which is expressed by the
scatter. Therefore, the modelled testing earthqgiedeem to keep to the observed scaling
relations of the L-model. This is related to a setaharacteristic of the modelled slip
distributions. The larger the rupture length, tleemer the rupture extends (Fig. 5.13). This is
what the L-model implies as the base of the fauftee whereas the W-model assumes that the
fault is pinned at its base (Scholz, 1982). Justmdy, it was proposed that depth extent of large
earthquakes is dependent on rupture length with adicurring below the seismogenic depth
(King and Wesnousky, 2007; Hillers and Wesnousk@8& Shaw and Wesnousky, 2008).

Whereas empirical scaling relations allow estimaiof source parameters for a given fault
segment, it is hardly possible to make reliablenmedions analytically as the following

calculation demonstrates. Taking scenario ii onGkatral Segment as an example, which is of
quite simple geometry and presumably late in itsnsie cycle, the rupture area corresponds to

a circular area of radius a=19.7 k(m: vJ1216knt /T[). Assuming a typical coseismic stress

drop of Ac =3 MPa and a shear modulus of p=28 GPa, just abioséne model, an average
displacement of u = 1.53 m follows from eq. (1.8)the circular fault case. The resulting

seismic moment is 0.520°°Nm (eq. 1.4), which is different from the modelledismic

moment 0.8910°° Nm. This shows that the geometry factor become®itapt at the scale of
large earthquakes and the model accounts for it.
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The kind of testing earthquakes presented herdeanitiated also later than 2010 at the same
or other sections of the MMF. Due to the prolongmatiing time, resulting slip will then be
greater. It can be concluded that the model prevaldéool for quantifying potential slip and
seismic moment to any arbitrary time at any arbjtfault section.

The modelled testing earthquakes implicitly incldigielt interactions. Coseismic slip during the
historical earthquakes induced stress changeseoadjacent locked fault sections. These stress
changes will influence the slip occurring durinfuture earthquake on these neighbouring fault
sections. Thus, the model accounts not only foetitependence as far as the secular loading
rate is concerned but also considers the effectsoskismic stress changes on nearby fault
segments. In other words, a commbd@FS study is implicitly incorporated and the model
therefore represents a valuable advance compatedde.

Concerning the inferred numbers on contemporargnt@l moment magnitudes and seismic
hazard, three issues have to be boldly underlined.

(1) The inferred results depend on the anticipstedtions of the major historical earthquakes
(Fig. 5.2). The uncertainties in locations of histal earthquakes require further research on
gathering and exploiting chronicles for mappingeirgities, modelling of wave propagation in a
realistic velocity and density structure and coesation of site effects, as proposed in 5.2.1.
The model result can only be as reliable as tharimdition on historical earthquakes.

(2) Modelled contemporary moment magnitudes reptesepper bounds from three
perspectives. First, smaller historical earthquakis M < 7 were neglected due to a lack of
reliable information so that present potential mésmoment release would be reduced. Second,
shear stress is fully released on an unlocked famgtent in the model whereas actually some
parts of the fault may remain unbroken during thainmshock and afterwards released by
aftershocks, afterslip or further smaller earthgusalater on so that the main event is smaller.
Third, the width of the seismogenic layer benebathMarmara Sea may be reduced due to the
thick sedimentary cover. This will be investigatea¢hapter 5.7.

(3) Contemporary potential slip does not mean theturrence of the pertaining testing
earthquake is likely at present or at all. Soméheftesting earthquakes are mutually exclusive,
e.g. ii excludes iv, v and vi since the same segmahnot rupture twice within a fraction of
the regular seismic cycle. The seismic gap in tlaerviira Sea may break at once or in several
smaller earthquakes. It is necessary to investigate likely the respective testing earthquakes
are at present and to identify the most probabée ®his will be done in the next subchapter.

5.6 Assessing the criticality of a fault segment

So far, slip and seismic moments of contemporatgrg@l earthquakes in the Marmara Sea
were quantified. Seismic hazard assessment reqaideiionally the likelihood of their
occurrence or better, the time of earthquake oeogg. Within this subchapter it is investigated
how far the respective fault segments are progdesséheir seismic cycle in order to identify
the most likely scenarios.

One way to assess the state of a particular faglhent within its seismic cycle and to identify
the most likely scenarios among the six in Fig.25ahd 5.13 is to adopt empirical scaling
relations as a criterion for critical source partereof modelled testing earthquakes. Modelled
seismic moment of a testing earthquake of predéfieagth is compared with the seismic
moment calculated from empirical scaling relatidms the same surface rupture length. The
ratio of modelled to empirical seismic moment iketa as a measure for the fraction at which
the seismic cycle is already completed on thist feegment.
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For this analysis the empirical scaling relations VWells and Coppersmith (1994) and
Wesnousky (2008) were employed as well as theioalat

Me WL (5.1)

wherea stands for the ratio of incremental slip to fdettgth. The latter relation is based on the
findings of Scholz et al. (1986) that for large thguakes generally u~L andgM.2. In the
previous subchapter it was shown that the modédisiing earthquakes apparently keep to these
relations. Scholz et al. (1986) originally foundithk = 1.2510° anda = 610° for interplate
and intraplate earthquakes, respectively, basedlapal compilations of earthquake source
parameters. For historical earthquakes in the Meanea region Ambraseys and Jackson
(2000) usedx = 510°. Two different rupture widths W were considere8l ghd 20 km) and p
was taken as 30 GPa.

Tab. 5.3 gives an overview on expected source peteas based on the above mentioned
scaling relations for earthquakes of the same ragngth as the six testing earthquakes. The
modelled source parameters from Tab. 5.2 are diswrs When comparing the modelled
source parameters of the testing earthquakes texihected ones for the same rupture lengths,
one has to be aware that the intention of the casgrais to assess the current state of the
particular fault segments within their seismic eycTherefore, similar numbers for modelled
and expected source parameters are taken as inditlaat a fault segment is late in its seismic
cycle. In turn, large discrepancies are taken dgcdtion that a fault segment has not yet
reached a critical state.

It strikes, that the modelled seismic moments exd¢bese expectable from the scaling relations
of Wells and Coppersmith (1994) and Wesnousky (R@@8all but the first testing earthquake
on the Prince’s Islands Segment (Tab. 5.3). Acogrdo the explanation above this would
mean that these earthquakes should already hapeineg. In contrast, the scaling relation (5.1)
yields much higher values for the seismic momerthabmodelled seismic moments fall below
these except for scenario iii for W=15 km. Accoglio the relations of Wells and Coppersmith
(1994) and eq. (5.1), the most likely of the sigtitey earthquakes is iii between the Central
Basin and Ganos Bend, followed by ii on the Cerfiegment and v between the Istanbul and
Ganos Bends. The latter scenario is the most likeywhen taking the relations of Wesnousky
(2008) and even the scenario rupturing the wholeRviMmore likely for this scaling relation
than the single segment scenarios (Tab. 5.3). @&dts in Tab. 5.3 are graphically represented
in Fig. 5.15. The contemporary testing earthquakasept i) already exceed the values from
empirical relations but are within their standaedidtions.

Based on the high ratios of modelled to empirieédrmic moments the MMF beneath the Sea of
Marmara is quite late in its seismic cycle. Thiddsan particular for the section between the
Istanbul and Ganos Bends. Beside this qualitativeclcision, it is difficult to precisely quantify
the proximity to failure due to the differences amathe scaling relations and their huge
standard deviations. It seems that the scalindioal by Wells and Coppersmith (1994) and
Wesnousky (2008) which are based on global conipilatof earthquake source parameters are
not representative for the Marmara Sea regionedust relation (5.1), which was used by
Ambraseys and Jackson (2000) and who are well aggdawith historical earthquakes in this
region, seems to be better applicable here, at feashe three small testing earthquakes i-iii.
For rupture lengths corresponding to the threeelatgsting earthquakes (iv-vi) however,
relation (5.1) exceeds the Intervals of the empirical relations (Fig. 5.15).

That scenario iii should have already occurred\6r15 km using eq. (5.1) (Tab. 5.3) not
necessarily requires that W is greater. If the 1@H~0s earthquake propagated farther to the
east than assumed here (Armijo et al., 2005; ER). then the modelled seismic moment falls
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below the expected one. Maybe, also the high lelveticroseismicity in the western Marmara

Sea is responsible for that (Fig. 4.20). Finalty,view of the fact that the modelled seismic

moment for the 1999 Izmit earthquake exceeds theage of the published seismic moments in
Tab. 5.1 by 11 %, which was referred to postseisnoment release and unbroken portions of
the fault, then scenario iii might be right ready.

Tab. 5.3: Estimation of fault criticality by comjxag modelled source parameters from Tab. 5.2
(white columns) to expectable source parameters gmpirical scaling relations by Wells and

Coppersmith (1994) (light yellow columns), Wesngy&008) (yellow columns) and eq. (5.1;

Ambraseys and Jackson, 2000) (orange columns)hiersturface rupture lengths of the six

testing earthquakes in Fig. 5.12.

L [km] area [km? max. slip [m] av slip u [m]

lo +2.3u +1.86 +2.1u +0.77
i 36.122 741 623 1.28 1.31 2.80 0.86 0.83 1.29
ii 66.297 1216| 1148 3.42 2.65 412 2.62 1.56 1.90
iii 44.083 828 761 3.33 1.65 3.23 2.32 1.02 1.49
iv 103.701 1931| 1803 3.98 4.45 5.10 2.85 2.49 2.35
% 117.003 2125, 2036 4.70 5.12 5.36 3.59 2.82 2.47
Vi 154.406 2841| 2693 4.95 7.06 5.97 3.64 3.77 2.75

Mg [].020 Nm] My M 0, mod/ M 0, scal. rel.
1o * [+2.3] W [km] t | = | WIkm] W [km]
Mo | 15 | 20 0.28]0.24| 15 | 20 15 20

i |0.18|0.23|0.32| 0.29| 0.39] 6.83| 6.90( 6.92|6.98| 7.06] 78 % | 55 % | 61 % | 46 %
i 10.89]0.63|0.72]0.99|1.32| 7.30| 7.20| 7.14 | 7.33| 7.41| 142 % | 124 % | 90 % | 68 %
i ]0.54|0.32|0.42|0.44|0.58] 7.15| 7.00| 6.99| 7.09| 7.18] 169 % | 128 % | 123 %| 92 %
iv |1.54]1.34|1.29|2.42|3.23| 7.46| 7.42| 7.31| 7.59]| 7.67| 115 % | 119 % | 64 % | 48 %
v |2.13]1.64|1.51|3.08|4.11]| 7.55| 7.48| 7.36| 7.66| 7.74] 130 % | 141 % | 69 % | 52 %
vi | 2.90|2.61|2.17|5.36| 7.15| 7.64| 7.61| 7.46| 7.82| 7.90| 111 % | 133 % | 54 % | 41 %

* calculated from N}

3 —_ Wells & Coppersmith (1994)

“5 — Wesnousky (2008)
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Fig. 5.15: Graphical representation of the comparnishetween modelled seismic moments and
critical values based on scaling relations for thears 2010 and 2040 (Tab. 5.3 and 5.4).
Roman numbers refer to the testing earthquakesgn3=10. Note, that in most cases modelled
seismic moments already exceed expectabldMhe corresponding rupture length, indicating
that fault segments are late in their seismic cycle
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In order to get an idea on time dependence of théeited source parameters, the six testing
earthquakes were also modelled at the beginnirnigeojear 2040 instead of 2010 (Tab. 5.4 and
Fig. 5.15). The ruptures of greater length showr@nger increase in amount of maximum and
average slip compared to the earthquakes of smatgth. In contrast, the increase of seismic
moment during these 30 years is constantly 11 %séenarios ii through vi, while seismic
moment of scenario i increases little more by 16T%b. 5.4).

Concerning the time, the next earthquake has texpected, some rough estimates can be
made, though conditionally. If the 1912 Ganos eprdike reached the Central Basin, then the
Central Segment between Istanbul Bend and CentmainBshould host the next earthquake
(scenario ii) in ~30 years based on the empiriekdtion (5.1) and assuming W=15 km (Tab.
5.4). If the 1912 event terminated at Ganos Bemeh the segment between Central Basin and
Ganos Bend (scenario iii) should break very sodW#15 km (Tab. 5.3) and in ~30 years for
W=20 km (Tab. 5.4). Since seismic moment of th@eesve earthquakes increased by 11 %
between 2010 and 2040 (Tab. 5.4), it can be arthetdhe above stated dates will be delayed
by about 3 decades when accounting for an overatiof the modelled seismic moments by
11 % due to postseismic moment release and unbmiions of the fault, that was found for
the 1999 event. On the other hand, since therkkdady sufficient shear stress accumulated to
produce earthquakes of typical seismic momentssiarz the used = 510° is an unusually
high value for plate boundary earthquakes (Scht#86), these dates can be understood as
upper bounds or as a time frame from now on. ExalytLthe initiation of an earthquake is too
complex to exclude that failure at a small portadrthe fault to some time may extend to the
whole near critically stressed segment. In 5.7rtthe of the sediments on seismic moments will
be investigated.

Tab. 5.4: Comparison of source parameters for fkeesting earthquakes at locations shown
in Fig. 5.12 in the years 2010 (white columns) &@0 (purple columns). The ratios of
modelled to empirical seismic moments indicatedhleyyellow columns (same relations as in
Tab. 5.3) refer to the seismic moments in the 2640.

max. slip [m]| av slip u [m] Mo [10°° Nm] M. Mo, mod/ Mo, scal. rel. (2040)
2010| 2040| 2010 | 2040 2010| 204C 2010| 204( 15 20
i 1128 147] 0.86| 0.99]0.18|0.21 |+ 15%| 6.83|6.88] 90% | 63 % | 70 % | 52 %
i]342 | 3.79| 262 | 2.90]|0.89|0.99 | + 11 %| 7.30| 7.33| 157 % | 138 % | 100 % | 75 %
iii | 3.33| 3.68| 2.32 | 258 | 0.54|0.60 | + 11 %| 7.15| 7.18] 188 % | 142 % | 137 % | 103 %
iv] 3.98 | 440| 285 | 3.17 | 1.54|1.72| + 11 %| 7.46| 7.49| 128 % | 133 % | 71 % | 53 %
v| 470| 5.19| 3.59 | 3.97|2.13|2.36| + 11 %| 7.55| 7.58] 144 % | 156 % | 77 % | 58 %
vi| 495 | 547 3.64 | 405]|2.90(3.22|+ 11 %| 7.64| 7.67| 123 % | 148 % | 60 % | 45 %

To summarise, from the ratio of seismic momentsnoftielled testing earthquakes to seismic
moments from scaling relations the following comsahms can be drawn in view of the
likelihood of the six testing earthquakes in Fid.25

= Scenarios iii and ii are the most likely ones athitogether (i.e. scenario v), depending on
the applied scaling relation. Due to the fact thath segments have progressed in their
seismic cycle, an earthquake at one of them madlyeagend to the other one due to the
coseismic shear stress increase on the other segmavided that the complexity of the
fault geometry beneath the Central Basin represenisipeding barrier.

= Since the segments between the Istanbul and GasradsEre quite late in their seismic
cycle (Fig. 5.15) and since the model results as=t on the assumption that the two 1766
events ruptured the MMF all the way between IsthBlemd and Ganos Bend (Fig. 5.2) it is
unlikely that there is a seismic gap left sinced30the Central Segment did not rupture
during one of the 1766 events an earthquake slave occurred already there.



122

= The MMF beneath the Istanbul and Ganos Bends al@aclmulated enough and even
higher shear stress than necessary to producejeakis with source parameters that are
typically observed globally for the correspondingture lengths. From this point of view a
M>7 earthquake beneath the Marmara Sea can inierftappen in the very near future.

= Based on the model results, a M>7 earthquake betleaMarmara Sea is almost sure
within a few decades. With conservative assumptmngupture width, shear modulus and
a in eqg. (5.1), an expectable occurrence time is3d years.

Besides their large uncertainties, a disadvantdgtalong empirical scaling relations as a
measure for the criticality of a fault segmenthattthey do not reflect specific stress patterns on
the fault. From the inferred variations along srikn normal stress on the MMF it was
concluded that recurrence rates of earthquakeddheuvariable as well, with shorter return
periods on the Prince’s Islands Segment and aloed €kirdg Basin and higher return periods
on the Central Segment (4.2.3.2; 4.3). Thereformoge appropriate measure for this purpose
would be to directly apply critical stress statestle fault. These could come from frictional
rock strength data.

5.7 The influence of rock properties on seismic moemts

While the velocity field is not markedly affecteg the elastic parameters of the rock (4.1),
stress magnitudes are (Fig. 4.20; 4.21). Therettkmygh coseismic slip may be similar for
different elastic parameters, the associated seismiments may be not. Here, the influence of
elastic parameters on seismic moments of earthguake the MMF is investigated. In
particular, the hypothesis is investigated on wéetind how much seismic moment is reduced
due to the thick sediments in the Marmara Sea.

For this purpose, the testing earthquakes ii anaré modelled using the inhomogeneous rock
property distributions MAT_sedi and MAT_grad (T&bl; Fig. 3.4). The basement-topography
along the Central Segment hosting testing eartlguak 3-4 km below the sea bottom, whereas
sediments are 4-6 km thick along the western segai¢he MMF, where scenario iii is modelled
(Fig. 3.3). For determining the modelled seismicnrants in these cases, the local elastic
parameters as well as the resulting mean slip usiege rock property distributions were
considered. As an alternative to estimating thectfof the sediments using rock property
distribution MAT_sedi, one further possibility waged. It may be, that the fault is not locked
within the soft sediments but only within the basetrso that there would be stable sliding above
the basement-topography and interseismic sheassagcumulation only within the basement.
This option of a reduced seismogenic width wasetesising the homogeneous rock property
distribution with freely slipping faults above thasement-topography and below 15 km depth and
a locked fault only in between.

Tab. 5.5 shows the results of this analysis. Hoagglied rock property distributions resulting
slip is higher than in the homogeneous referencgei&@onsideration of the Moho and a depth
gradient in rock properties in the crust (MAT_grathsults in an increase of 5 % in seismic
moment for sceanario earthquake ii and a decrefla6e%o for iii. The effect of the sediments
(MAT_sedi) is to reduce seismic moment by 10 %len€entral Segment and by 19 % on the
western segment of the MMF. The effect of a redusmidmogenic width in the homogeneous
case is relatively small and even yields a litighler seismic moment compared to if the fault is
locked also above the basement-topography.

The higher stiffness of the Moho and of the lowart pf the crust in the depth dependent rock
property distribution MAT_grad tends to increaseism&c moments compared to the
homogeneous reference model since stresses framtplonic boundary conditions acting at
the sides of the model are more effectively tramsteinto the central areas of the model so that
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coseismic slip is increased. Besides, the highearsmodulus contributes to increased seismic
moment. In the upper part of the rupture howeves, MAT_grad rock property distribution is
less stiff than the homogeneous rock property itligion so that for testing earthquake iii,
where the basement-topography is deep, total seisnament becomes lower due to the
reduced shear modulus.

Higher slip compared to the homogeneous refereradeheven in the sediments case can be
explained by the reduced fault normal stress dubadower density of the sediments so that at
a given coefficient of friction slip is higher. Hewer, since shear modulus was assumed one
order of magnitude lower in the sediments (U =@PFa) than in the basement (u = 28 GPa)
(Tab. 3.1), the contribution of slip within the gmdnts to total seismic moment is negligible
and therefore total seismic moment is reduced.h@rCentral Segment, the reduction in seismic
moment by 10 % due to sediments is moderate, whéatda 19 % on the western segment
between Central Basin and Ganos Bend due to tlok g®diments and cannot be neglected
there in estimations of the seismic moment.

Tab. 5.5: Influence of rock properties on seismigmants for testing earthquakes ii and iii (Fig.
5.12). The second column refers to the applied pvokerty distribution in Tab. 3.1 and “rsw”
denotes the option of a reduced seismogenic weltlricted to the basement (see text). Left
columns of the source parameters for MAT_sedi rafethe values within the basement and
right columns to the sediments. The reference mdodl here is the homogeneous
(MAT_hom) model from Tab. 5.2.

Scen| Material area max. slip | mean slip My Mw | (Mo,inhom-Mo, ref)/
[km?] [m] [m] [10%° Nm] Mo, ret

i | MAT sedi |1005 212 | 3.56| 3.43| 2.78] 2.70] 0.78] 0.02| 7.27 -10.3 %
i | MAT grad 1216 3.74 2.89 0.93 7.31 +4.5 %
i rsw 1229 3.49 2.67 0.91 7.31 +1.9%
i ref 1216 3.42 2.62 0.89 7.3(
i | MAT sedi | 630| 198| 3.43 3.30] 2.37|2.59] 0.42]| 0.02| 7.09 -18.8 %
i | MAT grad 828 3.56 2.52 0.50 7.14 -6.4%
iii rsw
ii ref 828 3.33 2.32 0.54 7.15

Fig. 5.16: Testing earthquake ii (Fig. 5.12; 5.1®@)jth reduced seismogenic width (rsw)
restricted to the basement. White arrows mark shihin the sediments beyond the released
fault section in the basement. This is permittedtiiy permanently unlocked fault in the
sediments.

Within the framework of 5.6 the reduced seismic raata accounting for the sediments would
imply a delay of earthquake occurrence times oésdwdecades — or that the ratios of modelled
to empirical seismic moments after Wells and Coppigs(1994) and Wesnousky (2008) drop
to about 100 % at present for some of the scemathquakes (Tab. 5.3). In this case, a large
earthquake should occur in the near future andetbealing relations would also be applicable
to the Marmara Sea. In case of of the scalingioglat5.1) there should be no important
consequence for changes in occurrence time dugetsddiments since this relation considers
shear modulus.
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At this point, the approach of using scaling relasi for assessing probabilities or occurrence
times is devoid of a physical criterion for failur8ince rupture generally initiates when a
critical shear stress level is reached and sineatitess in the basement is largely unaffected by
the sediments above, the sediments should not ofigrladter the occurrence time of an
earthquake but rather reduce its magnitude.

The alternative approach of modelling the effecttled sediments on seismic moment by
locking the fault only within the basement, harblpught about a difference to the reference
model. Although slip during the interseismic perigithin the sediments is possible, there is no
appreciable reduction in coseismic slip. Instedig,is even slightly increased since coseismic
slip doesn’t stop at where the fault was releardtie basement but prolongs several kilometres
within the sediments (Fig. 5.16). Because of thiso the rupture area is increased compared to
the reference model so that the resulting seisrnoiment is even little higher.

5.8 Rupture propagation at Istanbul Bend

The impact of an earthquake in the Marmara Sea®ugity of Istanbul depends to some degree
on the question whether an earthquake on the MMpggates around the bend near Istanbul or
terminates there. The modelled changes in fautlhabstress during testing earthquakes i and ii
on the Prince’s Islands and Central Segment, réspgc may help unravel what is expectable.

Fig. 5.17 shows the coseismic changes in normegswn the MMF due to testing earthquakes i
and ii. An earthquake on the Prince’s Islands Segrfigslightly increases, towards Istanbul
Bend and more pronounced on the adjacent Izmit eegrin turn, an earthquake on the Central
Segment (ii) reduces, on the Prince’s Islands Segment by up to 1.9 MiPéch is quite a lot.

From these results it can be concluded that a retarting on the Prince’s Islands Segment is
impeded to propagate round its two limiting fawdhds by the coseismic increaseopfon the
Central and Izmit segments. Contrarily, an eartkguan the Central Segment is favoured to
prolong on the Prince’s Islands Segment since uhdamped by slip on the Central Segment.
From this perspective, testing earthquakes iv aratesmore likely if rupture initiates west of
the Istanbul Bend than if the rupture starts orRtiace’s Islands Segment.

The current state of stress on the Prince’s IslamdsCentral Segments however weakens this
conclusion. A small shear stress increase on theslcritically stressed Central Segment may
be sufficient for a continuation of a rupture stayton the Prince’s Islands Segment. On the
other hand, though a rupture on the Central Segment pass the Istanbul Bend because of
coseismically increased shear stress, it may eatintdie out not far after due to the stress

shadow on the Prince’s Islands Segment from thd &88nt (Fig. 5.2).

scenario i

scenario ii

Fig. 5.17: Coseismic changes in normal stress enMiMF due to testing earthquakes i and ii
(Fig. 5.12).
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5.9 Contribution to dynamic rupture propagation

Though the quasi-static modelling of earthquakesfopmed here represents a major
simplification of a spontaneous dynamic rupture ppigation that considers the temporal
derivatives of stress and velocity, the resultiingis well described.

However, for the conditions under which a ruptuaa propagate, how far it extends and were it
arrests the dynamics of rupture propagation isvagle (of course also for the radiation of
seismic energy which however was not addressddsmitork). Here, the spatial terminations of
the testing earthquakes were predefined. Using rieshod it is possible to make rough
estimates on probable rupture lengths for if artgstarthquake of a given length yields much
greater seismic moments than expectable from ecapirelations it can be concluded that an
earthquake should have a greater length if it geduto that time. In turn, if a testing
earthquake of a given length and to a given timedgi a smaller seismic moment than
expectable for this rupture length then an eartkgwhould have a smaller rupture length if it
occurs at that time or more loading time is reqliier the assumed length so that it will occur
later in the future.

Nevertheless, the final goal must be that earthegi@bmmence spontaneously and that rupture
propagates dynamically in dependence on the sfasdress on the fault and its frictional
properties. Just recently, Oglesby et al. (2008s@nted a model for dynamic rupture
propagation on the MMF. Their principle resulthat rupture initiating on the Prince’s Islands
Segment would probably not extend to the adjacemtitland Central Segments, whereas
ruptures starting on the latter segments are likelpass the Tuzla and Istanbul Bends. This
result confirms the conclusions drawn in 5.8. Thadet presented in this thesis could either
help improve such spontaneous rupture propagatiodets or be further developed to
accomplish this goal. The most important contrimutithis model could make to typical
spontaneous rupture models is the initial stresheriault before rupture.

Generally, rupture propagation is controlled by tdifferent quantities, the initial stress right
before the rupture and the rupture resistanceittjoin (Peyrat et al., 2001; Oglesby et al., 2008).
Commonly, for the initial stress either very simpsumptions are made or the slip distribution of
a recent earthquake on another fault is used tacgethe stress before the earthquake and this
stress is then applied as initial stress on thk &unterest (e.g. Olsen et al., 2008) though the
pattern of stress on one fault does not need te hawh in common with the stress on another
fault. As an initial stress for modelling ruptureopagation on the MMF, Oglesby et al. (2008)
resolved a uniform regional stress field on thédtfeonsisting of piecewise planar segments. The
state of stress on the MMF in the model presengzd bonsiders three additional contributions
beside the fault geometry and a regional stregs fidhnese are: (1) Stresses due to gravitational
potential energy arising from density variationd &pography. (2) The interaction between plate
motion and the fault system leading to local démies from the regional stress field. E.g. on the
Central Segment maximum horizontal stress was fatrtdgh angles to fault strike whereas in
the western Marmara Sea nearly EW orientationsyofvere modelled. Oglesby et al. (2008)
found that rotating their assumed regional striedd by only 10° makes the difference whether a
rupture propagates or not. Therefore, the interpéaween fault geometry and driving stresses can
be quite important. (3) The seismic cycle is comsd, as historical earthquakes are included and
the meanwhile accrued shear stress. By that, laésteimporal changes in stress due to the secular
loading are included. Therefore, in view of thetfditat rupture propagation is “extremely
sensitive to small changes in the distribution @fspress” (Peyrat et al., 2001) there is room for
improvements in the initial stress that can be iplexy by this model.

It was found that seismic data cannot distinguistwben barriers and asperities (Peyrat et al.
2001). This means that recorded seismic data ehaihquake can equally well be explained by
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variations in initial stress on a fault with unifiorfrictional properties or in contrast by uniform
initial stress with spatially variable friction bl different heterogeneous distributions of initial
stress and frictional properties between theseextremes (Peyrat et al., 2001). Therefore, the
state of stress modelled here helps to constrarobthese two unknowns.

It was not tested whether it is technically possitd develop the presented model proceeding
from its current status, that dynamic rupture pgapi@n can be simulated. An important step
would be to establish a more realistic frictionahlviour on the fault. Instead of assigning

infinite friction in the locked fault case and u'86 during the rupture and beneath the
seismogenic zone, a slip weakening law has to pkeap As soon as somewhere on the fault a
critical stress level is reached it has to be dwitt over from the quasi-static modelling of

secular loading to explicit dynamic rupture prodamya
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Chapter 6

Conclusions and Outlook

The key goal of this thesis was to develop a 4agspand time) geomechanical numerical
model that describes the absolute stress and $iedrin order to contribute to seismic hazard
assessment in the Sea of Marmara. The absolutes sitate and velocity field determination
permits quantification of fault slip rates and go®s insight into the interconnections of motion
and stress within the submarine fault system oMhemara Sea. In particular, the interseismic
velocity field and associated stress accumulati@s ywnodelled and for the first time, the
coseismic slip of the well-documented 1999 Izmitleguake could be simulated as release of
shear stress that had accrued due to tectonicnigadhe difference in amount of slip close to
the fault is only 6 % between modelled and obsergeplacements. No assumptions on
heterogeneous asperities or barriers were nece&sanytain this result. Potential slip on the
fault segments of the NAF below the Marmara Seaewsprantified in the same way by
releasing the accumulated stress on the fault.eTfaelt segments were anticipated as likely
locations of future earthquakes and it turned bat two of them would yield a M>7 earthquake
at present and these segments were found lateein gdbismic cycle. A worst case scenario
filling the whole seismic gap in the Marmara Seaildgield a M=7.6 earthquake at present.

A number of further results are briefly summarigethe following.

= The slip rate on the main branch of the NAF is 4B5nm/yr and is hence variable along
strike and lower than commonly reported (typicalB0 mm/yr or more). Rock properties,
the coefficient of friction on the faults and theyional velocity field could account for
additional 2-4 mm/yr. Mainly slip partitioning oeeral strands of the fault system and
internal deformation involving also rotations aesponsible for the lower rates.

= Besides the horizontal, also the vertical velofigld could be well reproduced with high
subsidence rates in the basins of the North Marmeragh, thereby confirming that the
adopted geometry of the fault system is meaningfiok pattern of subsiding and stable or
uplifting areas reflects the evolution of stressdgponse to plate motion and the given fault
geometry.

= There is a strike-slip tectonic stress regime eNtarmara region that is close to extension.
Local variations in the stress field are mosthitfaglated.

= 0, is oriented NWSE or verticab, vertical or NWSE and; NESW.

= Microseismicity in the Marmara Sea can be explaingdrms of differential stresses that
evolve during the interaction between plate modod geometry of the fault system.

= Very high changes along strike in normal stregkénorder of several hundreds of MPa
were modelled along the MMF with minimum valuesti@ Prince’s Islands Segment and
below the Tekirdag Basin and high fault normalsgess on the Central Segment.

= The high variability of fault slip-rate and faulbmmal stress along strike of the MMF should
have consequences for recurrence rates of eartbgjaakthe respective fault segments.
Furthermore, this gives reason to expect severallenevents instead of one large
earthquake due to the different loading conditiang the probably different amount of
shear stress required for failure.
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As
add

Depending on the anticipated location of historeaithquakes (Fig. 5.2) the most likely
locations for the next earthquake are the westgment of the Marmara Sea between
Ganos Bend and Central Basin and the Central Sadmbmeen Central Basin and Istanbul
Bend. These segments have the potential gfML and 7.3 earthquakes, respectively, at
present. A worst case scenario rupturing the whithd- from Tuzla to Ganos Bend would
yield a M,=7.6 event at present. The next™ earthquake in the Marmara Sea has to be
expected within a few decades.

The sediments in the Sea of Marmara reduce seismients by 10-20 % depending on
the fault segment.

A rupture comprising both the Central and Prindsiands Segments is more likely if the
rupture starts on the former one.

an outlook for future research, several goaés @mpiled in the following that can be
ressed with the model, either as it is now ¢n wdme further development:

Develop and apply more advanced methods describangield criterion on a faulThe
approach employed here using scaling relationgpoaride only very rough estimates on
earthquake occurrence times. Preferably, critefims&d on the stress state should be used
that directly reflect the pattern of stress onfthéts. Different failure criterions and

frictional rock strength data from laboratory measoents should be tested.

Extending the model to more complex rheologigsese can be temperature dependent
viscoelasticity as well as plasticity. The formeuld yield a more realistic deformation
pattern at greater depth and would account forspshic viscoelastic stress relaxation.
Plasticity would ensure that stresses around fgdtor in between neighbouring faults will
not in- or decrease to unrealistic values.

A strain analysis can be performed based on theelieadvelocity field and a
decomposition of the velocity gradient tensor émarious components can be undertaken.
The strain field can be compared to strain dertwedeodetic or seismological analyses.
The advantage of the model compared to geodetimsinalyses is that it provides the
strain field also in the Sea were no measuremeatpassibleand allows a higher spatial
resolution compared to GPS observations.

Joint investigation of seismotectonizg means of fault plane solutions of microseistyici
and stress field modelling. Given a special subvewf interest, a refined model can be
established that is enclosed and driven by the Meamodel. Different hypotheses
concerning the geometry of structures of weaknasde investigated that can best explain
observed T and P axes by comparing the modelledhmizx and minimum principle strain
axes to them.

Implementation of more realistic friction lawas e.g. a velocity dependent slip weakening
law instead of either a coefficient of frictioniafinity in the locked fault case or u’ = 0.05
in the unlocked case. In particular, using a refidistribution of frictional properties a
transition zone at the base of the seismogenic¢ Eydd be established that would prohibit
the overestimated slip in the lower crust and uppentle.

Within the framework of an advanced friction law@ontaneous elastodynamic rupture
propagation can be attemptddhe great advantage of this model is that it jgew a
meaningful stress state prior to an earthquake=siadous influences on the state of stress
at any point on the fault are considered. Thes¢h@raccumulated shear stress since the
previous earthquake, stresses due to the weigheabck column and lateral density
variations, lateral changes in fault normal stidigs to interaction between plate motion and
fault geometry and coseismic stress changes de@rtibquakes on other fault segments.
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Such a model may help to better constrain whatsseenare expectable and to better frame
their temporal occurrence.

= For a reliable seismic hazard assessment in thenitarregion relocation of large historical
earthquakes in the Marmara region is an impor&sk(6.2.1). The basis of such an
analysis would be an extended data set of seisn@ngity data. Expectable ground motions
at the sites of available intensity data can bieneséd by means of wave propagation
modelling considering the 3D velocity and densitycture as well as site effects. Within
this task this model can help to exclude unlikelgrarios, to provide sets of possible
scenarios as well as their source parameters.

Modelling the kinematics and the absolute statsti@fss simultaneously, allows fundamentally
new concepts of time-dependent seismic hazard saeees. The presented or similar
approaches will be of importance in the future.ekample attesting this is the proposal for the
third phase of the Southern California Earthquaket& (SCEC3) an outstanding consortium
of more than 50 universities and institutions i theld of earthquake research, that was
submitted to the National Science Foundation ofUhéed States addressing the science plan
for 2007 through 2012. Herein, one key issue onatéig to the “ultimate goal of physics-based
seismic hazard assessment” is stated as “to dewgpwpsentations of the ... evolution of stress
and strain that can predict fault system behaviouFbe work presented here provides a
technical concept for this purpose and could besfeared to the San Andreas Fault system.

This work demonstrated the usefulness of variondskbf geophysical data for validation of the
kinematic and dynamic performance of the modethis respect, also data that are not directly
linked to seismic hazard assessment proof to healkdd in this context. Highly appreciated are
stress magnitude data at greater depths in the dar®ea region, preferably in the basement,
to better constrain the stress field. In this resplee planned scientific drill hole on one of the
Prince Islands (Dresen et al., 2008) representsuastanding opportunity to predict stress
magnitudes from the model, to validate the modestogss measurement data and to interpret
these within the modelled overall stress field. peknowledge on the deep structures of the
fault system in the Marmara Sea would be also itapbr Though most of the observations can
be explained with the assumed fault geometry,ritimnot excluded that the fault system in the
NAF may represent a large scale negative flowercsire.

The standard approach for probabilistic seismicalthzassessment (1.3.2) allows quick
solutions for large areas and is therefore advaotag) if its prerequirements are satisfied, i.e.
knowledge of fault slip rates and/or availabilitya;m ample seismic record and information on
historical earthquakes that allows determinatiomefin earthquake recurrence rates. However,
in complex tectonic settings often precise falifi shites are not known and recurrence rates are
not inferable reliably. If a particular region  Ibe investigated in detail, that was surveyed by
various geophysical methods already, the preseapgatoach provides the possibility to
elucidate the ongoing tectonic processes, how mewmtsnand seismicity can be related to
characteristics in the stress field and how thetigpand temporal occurrence of large
earthquakes can be understood. It finally permitéree-dependent assessment of potential
coseismic slip and seismic moment for particulartfaegments, rewarding the most basic
physical background of earthquakes as well as restimates on earthquake occurrence times.

* http://www.scec.org/aboutscec/documents/SCE C3salgudf;
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Appendix

Virtual work principle and finite element method

Here, the equations to be solved are rewrittenrasal work statement, that allows application
of the finite element method. In order to obtainagproximation for the equilibrium equations

(2.4), they are multiplied by a vectoul , Which is the virtual displacement field, and grited.

Thus, the three equations (2.4) are replaced byequoation, which is the virtual work. It states,

that forces applied to a static system do no Mirwark. 3u is arbitrary, except that it is
continuous over the entire volume and consisteat, the forces do no work in directions

perpendicular téu.
Using the chain rule, the first term in eq. (Apmives

[ divaudv = [ div(g@u)dv-| o-didudv

Application of Gauss'’s theorem and the definitidrCauchy stress (eq. 2.2) with the first term
on the right-hand side and inserting eq. (2.4) len left-hand side and regrouping yields the
virtual work equation:

j f BudV + j {BudS= j g divd udVv
v s v= , (App.2)

wheredivdu is the symmetrical part of the virtual displacetgmradient field (i.e.virtual strain)

5 :%(divéﬁ ¥ divatf)

: (App-3)

so that

[ foudv + | tduds= [ g-dedv (hop.2)

Equation (App.4) states, that for every virtualptheement field the work done by external
forces (external virtual work; left-hand side) igual to the work done by the equilibrating
stresses on deformation by the virtual displacerfielat (internal virtual work; right-hand side).

Now an approximation is performed, that weakensgon (App.4). Instead of demanding that
external and internal virtual work are in equilibri for any virtual displacement field,
equilibrium will be maintained only for a subset wftual velocity fields. This allows an
approximate solution of the displacement field. Rbis purpose, the volume under
consideration is divided into discrete portionsge tko-called finite elements, that are
interconnected by shared nodes. The nodal dispkasnare the fundamental variables that are
calculated. Due to the discretisation the termsegfation (App.4) become sums over the
contributions of each element. In order to evaltlaieequation, at first the displacement field is
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interpolated within the elements by expressingnittéerms of linear combinations of the
element’s nodal displacemerﬁ]s

u=No

=9, (App.5)
where N is a matrix of shape functions, that angtinoous within an element and describe the
interpolation. The same is done for the virtuaptiisements

3u = N3G
=1 (App.6)
In this work, linear tetrahedral elements are usedthat the displacement field varies linear

between neighbouring nodes. Then the strains irelbments are computed from the nodal
displacements by

£=Du=DNg=:Bq

(App.7)

where D is a matrix of differential operators that tramsfo displacements to strain.
Accordingly, the virtual strains are expressedhgyvirtual nodal displacements.

S = B3
£=2 (App.8)

Then the stresses can be expressed in terms of disdlacements by using a constitutive law,
as Hooke’s law in the linear elastic case:

o=Ce
= (App.9)

Whereg is the stiffness tensor relating strain to strésghe isotropic case, two independent

parameters, e.g. Young's modulus and Poisson’s, ratily define the stiffness tensor. These
properties are constant within one element (ampgtrs possible), but can be different in other
elements. This implies, that the Lagrangian viewdssidered, i.e. material belongs to certain
elements, that deform, in opposite to the Euleview of material flowing through a spatially
fixed mesh. Inserting equations (App.5)-(App.9pbifApp.4), gives

5 Sh -4 [, N3 X W Los =34 3, 8 con
k | © © 7= (App.10)

As a consequence of discretisation, on the lefdhgide, which represents the external loads,

the term accounting for point Ioaq?xat nodes was added, since this kind of force is not

contained in the surface tractions. k denotes theber of point loads. In practice this term is

relevant, when prescribing displacement boundamnditons, that are internally handled as
-T

forces acting on nodes. Since the virtual displagsDq are arbitrary, they can be cancelled.

The respective integrals in eq. (App.10) are evatlidby numerical integration for each
element, and then it is summed over all elemertis gives the formulation for assembling the
system matrix of a finite element model. In a mowacise form
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=7, (App.11)

whereK is the systems’ stiffness matrix, that assemkbies:bntributionsi;efrom all elements

K=k =3, B'cBuv,

and F is the global load column, that sums the contidmg of the body force and traction from
all elements.

F=>p+2 [ Nfedv,+> [ N'tds,
e e (App.12)

The nodal displacements are found by solving trstesy of linear equations (App.11). Once,
the nodal displacements are known, they are usethlfmulate the strains (eq. App.7) and
stresses (eq. App.9).

If there is an initial stresg0 in an element, eq. (App.9) may be written as

0)+0

Ihen
[[e]

_ _ .0 0_ ol
o g(i £')+o gE (App.13)

where gois the initial strain in the element. Inserting (AP3) into eq. (App.4) leads to an
additional load term in eq. (App.12).

Deviations between real displacements and stress@she model results come mainly from
three sides. First, representation of the actugllacement-strain and stress-strain relations by
assumption of a constitutive law and prescriptibthe spatial variations of material properties
and properties and geometry of contact (chapterS&cond, the discretisation influences
accuracy. High element density is required, wheess gradients are expected to be high, since
otherwise the true solution cannot be properly axiprated by linear interpolation. Third, the
numerical error due to numerical integration. Farendetails on the finite element method, the
reader is referred to Zienkiewicz and Taylor (19B8%a
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Regime-Stress-Ratio (RSR)

Different types of quantities have been proposeddcribe a certain stress state to a stress
regime. Here, the RSR parameter is used to visutiis stress regime. RSR stands for regime
stress ratio and was introduced by Simpson (19R7)s basically a combination of the
Andersonian stress regime r (Anderson, 1905)
0 o,<0,<o0,
r=<1 o,<0, <0y

2 0,<0,<0,

and the ratio of the smaller and greater diffeedstiress (Bott, 1959)

RSR is then defined as
RSR=(r+03(- ¥ ( R- 0.}

An advantageous property of the RSR parameteraisitiprovides a continuous scale from
radial extension over extension, strike-slip anangession to constriction, including the
transitional regimes of transtension and transpes§ig. 4.14).

Fracture potential

The Fracture Potential (FP) expresses differestigss in a rock with respect to an empirical
failure criterion and by that quantifies the likedbd for the generation of fractures in a rock
mass subjected to stress.

The concept of FP was described by Connolly angj©ee (1999). FP is defined as the ratio of
the differential stress in the rock and the critidifferential stress at failure (Fig. App.3). This
definition holds only for shear failure which isnsidered here since the crust is generally in a
compressional state of stress. The critical diffead stress is based on the Navier-Coulomb
criterion and hence dependent on the internal iomit of friction p of the rock and on its
cohesion @ These two parameters have to be provided to c#dctla FP at a given stress state.

Fig. App.3: Sketch explaining fracture potential.
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