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2.1 Scientific Background

2.1.1 Introduction

The synoptic meteorology of West Africa has been
studied for many decades. Since the 1930s at least, it has
been known that coherent synoptic weather systems
exist in the region, in the form of African easterly waves
(AEWs; e.g. Piersig, 1944[1936]). More recently we have
developed synoptic models of the Saharan heat low
(SHL; e.g. Racz and Smith, 1999; Parker et al., 2005b;
Lavaysse et al., 2010, 2011; Smith and Spengler, 2011),
the intertropical discontinuity (ITD; Flamant et al.,
2007), and various kinds of waves (e.g. Thorncroft and
Hoskins, 1994; Mounier et al., 2007; Mekonnen and
Rossow, 2011; Ventrice and Thorncroft, 2013; Wu et al.,
2013) and vortices in the region (e.g. Tyner and Aiyyer,
2012). Understanding such coherent weather systems,
which evolve in a familiar pattern over periods of a couple

of days, helps the analysis and forecasting of the weather
(Davis et al., 2012). However, unlike mid-latitude regions,
in West Africa the rainfall, dominated by cumulonimbus
rainstorms, tends to be much less closely controlled by
the prevailing synoptic conditions, being more strongly
conditioned by the diurnal cycle of stability (e.g. Laing
et al., 2008; Bouniol et al., 2012) and the land-surface
forcing. Because rainfall is controlled by a combination
of synoptic state, time of day and surface forcing, the
relationships between synoptic state and rainfall can be
difficult to evaluate (e.g. Hsieh and Cook, 2005; Cornforth
et al., 2009; Poan et al., 2015). Probably for these reasons,
the description of some aspects of the synoptic meteor-
ology remains incomplete, in the literature and in teaching.
Recent years have seen substantial progress, not least
through the enhanced observational efforts and related
modelling and forecasting improvements achieved
during the African Monsoon Multidisciplinary Analysis



(AMMA) field campaigns (e.g. Janicot et al., 2008;
Lebel et al., 2010; Lafore et al., 2011). Here, we present a
consensus of current thinking on synoptic weather
systems in West Africa.

Synoptic meteorology is an important area of weather
forecasting in West Africa, where the role of the human
forecaster is particularly important (Fink et al., 2011),
relative to numerical model forecasts. From the enhanced
observations of the AMMA period, we know that
numerical weather prediction (N'WP) models have some
useful skill in representing the synoptic state over West
Africa, but we also know that there remain some gross
errors, notably in the representation of rainfall (e.g.
Diallo et al., 2014). Through a knowledge of synoptic
dynamics and conceptual models, the forecaster can use
NWP products alongside observations, to improve the
quality of short-range forecasts in their region.

On any given day, the synoptic conditions are deter-
mined by a combination of remote atmospheric dynamics,
subseasonal patterns such as Kelvin waves, regional
circulations, and local responses of the weather to the
synoptic state (e.g. Mekonnen and Rossow, 2011). In this
chapter we focus on discussing the synoptic circulations
that occur within the West Africa region, encompassing
scales of a few thousand kilometres, and on timescales of
1-10 days. The larger scale circulations controlling the
synoptic environment, and their seasonal variations,
have already been introduced, in Chapter 1. Convectively
coupled Kelvin waves also fall within this 1-10-day time-
scale, but are discussed in Section 7.1.4. The specific
weather patterns developed within a given synoptic state
are discussed in Chapters 3, 4 and 5, which address
convective rainfall, local weather and atmospheric dust
respectively. Here, in this chapter, we begin by presenting
synoptic features on the continental scale, which drive
variability. In particular, we introduce those features that
need to be analysed by a forecaster on a day-to-day basis;
rules for plotting the features on a synoptic chart are
presented in Chapter 11. The SHL is just such a feature.
The variability of the SHL influences synoptic dynamics
in West Africa, as well as the occurrence of wind-blown
dust; we also discuss the structure of the African easterly
jet (AEJ) and the monsoon layer. In Section 2.1.3 we then
addresses the most important synoptic patterns in this
region — AEWSs, extratropical wave intrusions and
Guinea Coast weather systems.

2.1.2 Continentalscale Synoptic Features

The continental-scale features that have been introduced
in Chapter 1 show significant synoptic variability.
As explained in Chapter 11, these features are vitally
important to plot on a synoptic chart. It is important
for forecasters to be aware of how these features vary
on intraseasonal and diurnal timescales. Subseasonal

variability in these features is particularly important
because of the associated change in environment that
supports or interacts with known synoptic disturbances.
Diurnal variability in the continental-scale features is
important as this can significantly impact the nature and
impact of the known synoptic disturbances on local weather.

2.1.2.1 Saharan Heat Low

Heat lows and heat troughs are prominent climatological
features in many arid land areas of the world during the
warmer months, especially in low latitudes where insola-
tion is at its peak. Such regions include the Saudi Arabian
Peninsula, northwestern and northeastern Australia,
northern and southwestern Africa, West Pakistan and
northern India, the Qinghai-Xizang plateau in China,
southwestern North America and the Iberian Peninsula.
Some authors refer to these systems as thermal lows or
thermal troughs. One of the most prominent examples is
the summer heat low over the Sahara Desert. Although
the SHL lies in the extreme north of the West African
region in summer, its dynamics and intraseasonal varia-
bility are very important in their influence on the region’s
diurnal and synoptic circulations.

Heat lows are warm-cored, surface-based low
pressure systems situated over land, and are generally
contained within the lower troposphere below about
600 hPa. The theoretical study by Racz and Smith
(1999) used an idealised model to understand the
essential dynamical features of a continental-scale heat
low that forms over an idealised land mass, when that
region is subjected to a diurnal cycle of heating and
cooling. It was shown that many of the basic features of
observed heat-low circulations, such as the effects
associated with the coastal sea breezes and the noctur-
nal low-level jet, are explained by the diurnal cycle of
boundary layer stability (Section 4.1.3). These concepts
have been found subsequently to explain important
aspects of the West African monsoon (WAM) system
and the SHL (Parker et al., 2005b; Lothon et al., 2008;
Grams et al., 2010; Schuster et al., 2013).

Some of the key features of the SHL can be gleaned from
Figure 2.1 (see also Figure 1.33), which shows selected
time-mean fields for the June—July—August season during
the period from 1989 until 2009. The SHL is evident as an
area of low mean sea-level pressure (MSLP) (Figure 2.1a)
centred at about 22°N, 3°W. The heat low is discernible in
the 850 hPa and 2 m temperature fields also (Figure 2.1b
and c respectively), with maxima coinciding approximately
with the local pressure minimum. The low is bounded by
mountain ranges to the north (Atlas) and east (Ahaggar),
and by the Atlantic Ocean to the west (see Figure 2.1d). It is
reasonable to surmise that the occurrence of the heat low
in that area is a result of the interplay between the orogra-
phy as well as distribution of sea surface temperature (SST)
and the prevailing broad-scale flow conditions.
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Figure 2.1 Characteristics of the SHL seen in ECMWF ERA Interim climatological mean (1989-2009) fields for June-July-August for
(a) mean sealevel pressure (MSLP), (b) temperature at 850 hPa, (c) 2 m temperature and (d) orographic height.

On subseasonal and synoptic timescales, the SHL
migrates around the location shown in Figure 2.1
(Lavaysse et al., 2009) and pulsates in strength (Lavaysse
et al., 2010) as it interacts with mid-latitude weather sys-
tems (Thorncroft and Flocas, 1997; Chauvin et al., 2010;
Roehrig et al., 2011; see Section 7.1.5.1).

A prominent feature of idealised models of the heat
low is the large diurnal variation in the low-level cyclonic
circulation, as found by Ricz and Smith (1999) and
Spengler et al. (2005). The mean winds are relatively
calm throughout the day, while the growth of a noctur-
nal low-level jet leads to strong convergence and the
formation of a super-geostrophic low-level cyclonic
circulation during the night. Under the influence of
large-scale background flows the nocturnal convergent
flow can also be strongly frontogenetic (Spengler et al.,
2005) and, therefore, may contribute to the nocturnal
intensification of the intertropical front (ITF). The for-
mation of the cyclonic circulation can be understood
through the inertial turning of the unbalanced low-level
flow toward the low-pressure centre (e.g. see Blackadar
(1957); Section 4.1.3.2). Therefore, while the minimum
surface pressure in the idealised model occurs at 1700h,
the maximum tangential wind speed at low levels is
attained around 0530h and the minimum at 1600h.
Although the surface low is most intense in late after-
noon, the cyclonic winds weaken during the daytime
and restrengthen again at night. The behaviour at low

levels is in stark contrast to that aloft, where there is
almost no diurnal variation in the strength of the anticy-
clone (less than 2 m s™).

The nocturnal low-level jet can yield high values of
vertical low-level shear that might be hazardous for air
traffic (Sections 4.1.3.2 and 6.2.3). Over northern
Africa, the effect of a nocturnal increase of the low-
level convergence is also important for the advection of
moisture into the Sahel region (Parker et al., 2005b;
Lothon et al., 2008), particularly during the monsoon
onset period in June.

The diurnal variability at low levels is in contrast to
the quasi-stationary flow behaviour at the mid to upper
tropospheric levels (Spengler and Smith, 2008). The
low-level cyclone is surmounted by an upper-level anti-
cyclone in the upper levels of the Saharan boundary
layer, around 700-500 hPa. The anticyclone is associ-
ated with the divergent branch of the overturning
circulation due to the warm Saharan boundary layer, in
conjunction with the approximate conservation of
absolute angular momentum. The anticyclone extends
through much of the troposphere, but has its maximum
strength in the lower troposphere in the upper levels of
the Saharan boundary layer. To the south of the SHL,
the easterly winds associated with this anticyclonic
circulation correspond to the AE]. Thorncroft and
Blackburn (1999) stressed the importance of the mean
state of the SHL on the AEJ.



Forecasters in the Sahel and Guinea Coast zone often
look to the synoptic station temperatures in Mauritania,
Mali and Niger as indicators of a likely strengthening of
the monsoon circulation in subsequent days, due to
stronger south—north temperature and pressure gradi-
ents. Practice has been confirmed by theory — Parker
et al. (2005b) confirmed that the strength of the thermal
anomalies in the heat low region is correlated with
strengthening nocturnal monsoon winds further south.

Further impacts of the variability of the SHL have been
shown by Chauvin et al. (2010) and Roehrig et al. (2011).
On timescales of 10-25 days, variability in the SHL (with
some extratropical influences) can be strongly related to
subsequent anomalies of rainfall in the Sahel about 5 days
later. “Ventilation’ of the SHL by cool advection from the
Mediterranean can weaken the Sahelian pressure gradient
and reduce subsequent rainfall over the Sahel.

Ventilation (see Chou et al. (2001)) of the heat low can
occur from all of its flanks, in association with different
kinds of weather systems. For instance, Grams et al.
(2010) showed how a synoptically varying ‘Atlantic
inflow” around Mauritania and Sénégal interacts with
the strength of the SHL in this western region, while con-
vective cold pools emerging from storms over the Atlas
Mountains of Morocco commonly bring cool air into the
desert from the northwest. The interaction between
the SHL and the cool ventilation from the south, in the
monsoon flow and in embedded convective cold pools
within the monsoon is of particular dynamical interest,
as described in Section 2.1.2.2. Observations and data-
assimilation results (Garcia-Carreras et al.,, 2013) and
model sensitivity studies (Marsham et al., 2013) are con-
sistent in showing that the convective cold pools from
within the monsoon make a substantial contribution to
the thermodynamic budget of the SHL. This raises an
important possibility of feedback between the SHL and
the monsoon. An intense SHL leads, for example, to a
stronger monsoon circulation and increased convection
in the Sahel in the subsequent days. The result of this
convection is to drive stronger cold pools, which then act
to ventilate the Saharan boundary layer. The relationship
between these processes, which are not well captured in
general circulation models (GCMs), remains an interesting
area of research. Some of these mechanisms are discussed
in more detail in Section 7.1.6.

2.1.2.2 The Intertropical Discontinuity or

Intertropical Front

The ITD or ITF (henceforward ITD) is a zone of conflu-
ence of the winds, and an air-mass boundary, which
separates the hot, dry Saharan air from the cooler, moist
monsoonal air in the spring and summer months.
Despite its name, the ITD is neither a true discontinuity
nor a simple ‘front; because it has a very mobile and
dynamic structure, related to the diurnal variability of

‘zone B’ in the mean climatic section (Section 1.1 and
Figure 1.1). It is one of the key features used by forecasters
to analyse the state of the monsoon on a synoptic chart,
since it maps the northward extent of the moist monsoon
air (Figure 1.1, and guidance in Section 11.2 for plotting
this feature).

On a daily basis the ITD is governed by the same physi-
cal processes that control the heat low. At night, when
boundary-layer mixing is very weak, the cool monsoonal
air to the south of the ITD accelerates northward, into
the low pressure of the heat low. This means that the ITD
can surge northward by several hundred kilometres
overnight. Stations in the northern Sahel/southern
Sahara that have experienced a hot, dry afternoon with
light winds can experience cooler, moister winds with a
southerly component arriving overnight. The nocturnal
surge of the ITD also tends to involve a sharpening of its
front, into a form of gravity current (see Section 4.1.4),
which can be strong enough to lift dust and reduce visi-
bility (Bou Karam et al., 2008). The nocturnal surge of
the ITD is followed by a rather shallow monsoon layer,
perhaps 1000 m deep, resembling a gravity current.

During the following day, the air in the shallow mon-
soon layer is mixed by dry convection in the boundary
layer, and eventually through the morning and into the
afternoon will be mixed into the residual Saharan bound-
ary layer (or Saharan air layer (SAL)). This cycle brings
moisture into the southern margins of the Sahara.
Temperature increases and humidity decreases at stations
in the southern Sahara, as the cool moist monsoonal air
becomes mixed with the hot and dry SAL, and conversely
the SAL is moistened by this process, so that altocumulus
clouds are common at the top of the SAL, around 550 hPa
(Parker et al., 2005a; Stein et al., 2011). The dry convective
mixing weakens the daytime winds, so that they become
relatively light and typically gain a northeasterly compo-
nent through mixing with the SAL winds.

As the day proceeds, the ITD diagnosed in synoptic
station data retreats southward — the cool, moist air is
mixed up with Saharan air from above, and the conflu-
ence zone also moves southward as the winds in the
northern region become more northerly. It is important
to realise that the southward retreat of the ITD during
the day is not a material process — the air itself is not
moving southward at this time — but a process due to the
change in the thermodynamic characteristics of the air
to the south of the ITD as it is mixed up, and changes
from ‘monsoonal’ to more ‘Saharan’ This is in contrast to
the nocturnal ITD surge, when air moves materially
northward at low levels.

The dynamical nature of the ITD is further complicated
by the role of convective cold pools, emerging from
convective storms in the monsoon air to the south of the
ITD. These cold pools are generated by evaporative cool-
ing of precipitation within the storms (Section 3.1.2.2)



and also propagate as gravity currents. The convective
cold pools commonly surge northward, in the late after-
noon and overnight, travelling several hundred kilo-
metres. As the cold pools enter the ITD region, they tend
to merge with the ITD itself (which may be forming a
sharp front around this time anyway) and then be indis-
tinguishable from the ITD in routine observations
(Flamant et al., 2007, 2009; Marsham et al., 2008). Thus,
we see that when deep convective storms are active just
to the south of the ITD, a northward surge of the ITD
through the arrival of convective cold pools can be
expected in that region in the coming hours.

2.1.2.3 African Easterly Jet

The AE] is a distinct and robust feature of the tropical
North African climate which has a significant influence
on synoptic variability, and in particular AEWs. The AE]
is characterised by a peak in the zonal easterly wind of
about 15 m s™! around 600-700 hPa that is in approxi-
mate thermal wind balance with the lower tropospheric
temperature gradient from south to north (or baroclinic-
ity; Cook, 1999; see Figure 2.2). Consistent with thermal
wind balance, the baroclinicity (south-north tempera-
ture gradient) reduces to zero between the surface and
the level of the AEJ]. Thorncroft and Blackburn (1999)
showed that the reduction in baroclinicity with height is
consistent with north—south variations in convection;
with moist convection predominant equatorward of the
AE] and dry convection predominant poleward of
the AE]. Parker et al. (2005a) analysed observations from
the JET2000 experiment (Thorncroft et al, 2003) to
highlight, in some detail, the meridional variations in
convection and associated thermodynamic profiles in the
AE] region, and the schematic of the AE] shown in
Figure 2.2 is based on this work. While deep moist
convection and a peak mean rainfall are located just south

of the AE] peak and dry convection and the associated
SAL are located north of the AE], there is an important
transition zone between. In this transition zone the shallow
monsoon layer undercuts the SAL that sits above it
(see Figure 2.2). The relatively warm SAL air sitting above
the moist monsoon air is associated with significant con-
vective inhibition (CIN) and the build-up of convective
available potential energy (CAPE) in the boundary layer
in these regions. Combined with the vertical shear of the
AE] and the dryness of the SAL, which favours intense
convective downdraughts (Section 3.1.2.2), the region
just poleward of the AE] is favourable for the establish-
ment of tropical squall lines. While these convective
systems are included in Figure 2.2 we do not expect
convection to occur to the north of the AE] as frequently
as the region south of the AE] (which has lower CIN).
Consistent with the meridional contrasts in moist and
dry convection highlighted earlier, the AE]J is character-
ised by two distinctive potential vorticity (PV) anomalies.
A negative PV anomaly is established in the vicinity of the
SAL, poleward of the AE] (consistent with the low stability
in the SAL) and a positive PV anomaly is established equa-
torward of the AEJ in association with moist convection
(e.g. Thorncroft and Blackburn, 1999). The positive PV
anomaly is predominantly at the level of the AE], which is
consistent with a dominant contribution from stratiform
rainfall and the frequent generation of mesoscale convec-
tive vortices (MCVs) there. The so-called monsoon trough
at 850 hPa (see Sections 1.1 and 2.1.3.3) is viewed here as a
downward reflection of the mid-level PV peak and associ-
ated vorticity, and may represent a focal zone for MCVs.
The distinctive PV anomalies linked to the AE] are
associated with different-signed meridional gradients
in PV. Combined with the meridional gradients of
surface temperature, the AE] satisfies the necessary
conditions for both barotropic and baroclinic instability

Figure 2.2 Schematic south-north

200mb  yertical crossisection along the

Greenwich Meridian, highlighting the

SHL-AEJ-ITCZ system and SAL (shaded
yellow), with meridional variations in
atmospheric boundaryMayer potential

—t

temperature 8 (contoured in upper
panel) and equivalent potential
temperature .. The monsoon trough is
located just to the south of the AEJ.
Source: adapted from Figure 10 of Parker
et al. (2005a) for the AMMA International

600 mb

1000 mb

EQ 10N 20N Science Plan (http://ammalinternational.
org/library/docs/AMMA_ISP_May2005.
90°C 50°C pdf), and to be compared with
Figures 1.1 and 1.34. Used with
fe 0 permission.
60°C [ 20°C




(e.g. Pytharoulis and Thorncroft, 1999). While recent
studies have questioned the extent to which observed
AEWSs owe their existence to a linear instability mecha-
nism (Hall et al., 2006; Thorncroft et al., 2008); the
presence of these PV gradients is still essential for the
development of AEWs and should be monitored.

2.1.3 African Easterly Waves

2.1.3.1 Background

AEWs develop and propagate on the AE] over tropical
North West Africa during the northern hemisphere
summer. Their presence was recognised during the first
half of the twentieth century from African rain gauge
data that showed a distinct periodicity at around a 3-day
timescale (Piersig, 1944[1936]). It was then noted by
forecasters (e.g. Simpson et al., 1968) that the same dis-
turbances that brought about this periodicity were
moving westward into the Atlantic basin and, in some
cases, developing into tropical cyclones. Further studies
have revealed that AEWSs are the dominant synoptic-
scale weather phenomena within the WAM system and
tropical Atlantic during boreal summer. They can be
observed between May and October, and peak in
intensity during August and September (e.g. Carlson,
1969a,b; Burpee, 1974; Karyampudi and Carlson, 1988;
Ross, 1991) and are one of the best known examples of a
coherent, synoptic weather pattern in the tropics.

In the scientific literature there has been some incon-
sistency in the way in which AEW structures are described,
and the theoretical models do not always agree with the
experience of operational forecasters. It has become clear
that AEWs are variable, from case to case, according to
geographical location, and varying through the lifecycle of
a single wave. For these reasons, we describe here some
key observations and analyses of AEWs in Section 2.1.3.2,
followed by a consensus description of the elements
making up an AEW, and by which AEW structure may be
objectively defined (in Section 2.1.3.3).

2.1.3.2 Observed Synoptic Structure of African

Easterly Waves, Analyses and Statistical Composites

AEWSs are most prominent in the lower troposphere,
peaked at the AE] level at around 650 hPa (approximately
3.5 km) over tropical North Africa and are characterised
by periodicities of 2—6 days and wavelengths of 2000—
5000 km (Reed et al., 1977). Carlson (1969a,b) conducted
synoptic analyses of several AEWs from the summer of
1967 and noted the presence of a wave-like perturbation
to the wind field at 10,000 ft (approximately 3 km, or
700 hPa), along with two cyclonic vortices at 2000 ft
(approximately 0.75 km, or 925 hPa), either side of the
AE]. Most AEWSs tend to form somewhere between 15°E
and 30°E over central or eastern Africa, and propagate
westward through the WAM and into the tropical

Atlantic, where they are a common precursor of tropical
cyclones (e.g. Carlson, 1969a; Avila and Pasch, 1992;
Mekonnen et al., 2006). In some instances AEWs have
been observed to propagate coherently as far west as
the eastern Pacific Ocean (e.g. Avila and Pasch, 1992).
The AEW structure evolves as it moves westward. Before
reaching the coast of West Africa, the AEWSs that develop
into tropical cyclones have a distinctive cold-core struc-
ture below the level of the AE], consistent with a vorticity
maximum at the level of the AE]J (e.g. Reed et al., 1977;
Kwon and Mak, 1990; Hopsch et al., 2007). They often
begin to transform toward more warm-core structures
as they move toward the Guinea Highlands region
(5-13°N, 8-15°"W), with regions of deep convection
becoming more confined to the trough, as shown by
Hopsch et al. (2010). The wave trough often slopes east-
ward with height below the AE]J level (Reed et al., 1977),
as expected for baroclinic growth on an easterly jet.

Kiladis et al. (2006), based on a regression analysis, high-
lighted the typical coherent synoptic evolution of AEWs as
they grow and propagate across tropical North Africa and
into the East Atlantic. The regression is keyed on a space—
time, filtered time-series of outgoing longwave radiation
(OLR) at 10°N, 10°W in the so-called ‘tropical depression’
band. The day-0 analysis in Figure 2.3 shows the regressed
OLR together with streamfunction and wind vectors at
850 hPa and indicates a very coherent structure. The AEW
trough-ridge structures are tilted against the horizontal
shear north and south of the jet, consistent with AEWs that
are undergoing barotropic growth (Section 2.1.3.5). It is
also apparent in this figure that AEWs typically have a
dynamical influence that crosses the Equator (Section 1.7;
Figure 1.33) and also reaches as far north as 25-30°N.
Given the meridional extent of the AEWSs, we should
expect them to interact with known convectively coupled
equatorial waves to the south (Section 7.1.4) and mid-lati-
tude weather systems to the north (Section 2.1.4). At day-0
the peak in convection, depicted by a minimum in OLR, is
located in the AEW trough.

Figure 2.3 depicts the evolution of the AEWSs through
considering negative and positive time lags. The first
indication of the AEW that reaches 10°N, 10°W at day-0 is
a region of anomalous convection in the Darfur region at
day-4. This is consistent with the hypothesis that AEWs
are triggered by finite-amplitude disturbances such as
deep convection (see Hall et al. (2006) and Thorncroft
et al. (2008)). As the AEWs develop in the following days,
the peak convection is located ahead of the AEW trough,
a feature seen in many earlier studies. Interestingly, as the
AEWSs move westward the peak in convection shifts into
the trough and eventually shifts into the southerlies behind
the AEW trough when they are over the ocean.

Figure 2.4 shows the vertical structure of the meridional
wind and corresponding OLR for an easterly wave passage
over Bamako (continental), and then Dakar (west coast).



While both patterns are tilted eastward with height up to
the AE] level (~700 hPa), at Dakar there is a westward tilt
above 500 hPa as expected on a shear flow, while Bamako
still has an eastward tilt. Radiosonde data have shown
that at Bamako (12.5°N, 8.0°W) most AEWs had maxi-
mum amplitudes at the level of the AE], while at Dakar
(14.7°N, 17.5°W) the waves had maximum amplitude
between 850 and 950 hPa (Pytharoulis and Thorncroft,
1999). Although AEWSs occur as waves with maximum
amplitude at low levels north of the AEJ] and waves with
maximum amplitude close to the AE] level further south,

(a) 850 hPa Day—4

both represent a single dynamic mode and propagate
simultaneouslyacross Africa (Pytharoulisand Thorncroft,
1999; Cornforth et al., 2009).

Figure 2.5 displays the composite horizontal wind field
and relative vorticity on several pressure levels associated
with AEWs from the European Centre for Medium-Range
Weather Forecasts (ECMWF) ERA-Interim reanalysis
dataset, which shows the prominent structures also noted
by observation-based studies. Below the level of the AE]
(1000 hPa and 850 hPa), twin vortices are noted either
side of the AE] axis (near 15°N, denoted by the highest

Figure 2.3 Composite AEW structure of 850 hPa
streamfunction with anomalous convection. The plots
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are derived from a regression based on a space-time
filtered timel$eries of OLR at 10°N, 10°W in the
soltalled ‘tropical depression’ band. Dark shading
denotes OLR anomalies less than —10 W m™ (active
convection), while light shading denotes OLR
anomalies greater than +10 W m™2 (suppressed
convection). Source: Figure 3 from Kiladis et al. (2006).
©American Meteorological Society. Used with

permission.
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wind speeds at the 700 hPa level). The northernmost of
these vortices is collocated with the maximum surface
temperature gradient (i.e. along the ITD), and the south-
ern vortex is located near the peak rainfall. Peak relative
vorticity amplitudes are observed at the 700 hPa level,
where only a single maximum is seen close to, and equa-
torward of, the AE]J axis. Consistent with AEWs being a
structure of the lower troposphere, at the 200 hPa level
there is little discernible AEW structure, with the wind
field being dominated by the upper-level tropical easterly
jet (TEJ).

While most climatological studies of AEWSs have
stressed their dynamical structure, focusing on the
dynamical trough at the AE] level, Poan et al. (2013) have
highlighted a moist-thermodynamic perspective of AEW
structures, by basing their statistical composite AEW on
the precipitable water (PW) anomaly (PW*). Although
both perspectives are really analysing the same atmos-
pheric structures, the choice of compositing field gives a
different perspective on the same systems. In particular,
using PW* to identify the AEWSs emphasises structures
in the northern Sahel, to the north of the AE]J, where the
background PW gradient is particularly strong. From the
PW* perspective, the mean period is 5-6 days, slightly

20°W 20°E 60°E

longer than found with dynamical criteria. Also, the
wavelength is longer, at about 3800 km. AEW structures
detected with PW* are emphasised on the northern flank
of the AE] where the meridional gradient of PW is maxi-
mum, and are consistent with earlier studies for this
northern zone (Reed et al., 1977; Kiladis et al., 2006).
Using the PW* perspective, some relationships between
the thermodynamic structure and the winds are better
identified, and the spatial and temporal footprint is larger
so that AEWSs can be detected earlier and further to the
east. However, this approach to analysing AEWs remains
an open area of research; for example, how the gradient
in the PW* might influence AEW development remains
unclear.

AEWs are very effectively analysed using ‘Hovmoller’
diagrams, contouring a signature field of AEW struc-
ture such as meridional wind, vorticity, OLR or PW*,
on axes of longitude against time; these diagrams can
even be a useful forecasting tool in real time. Figure 2.6
shows such Hovmoller diagrams for the 2011 monsoon
season, comparing PW* and relative vorticity patterns.
In Figure 2.6, the westward-moving AEW structures
can be seen in both fields, and the speed of each AEW
can be computed by the gradient of a linear feature in
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this diagram. Typically, the mean PW* lies to the east
of the wave trough, coincident with, and to the east of,
the low-level southerly winds. These southerly winds
cause an increase in PW* over time, and therefore the
PW* builds on its western side, while decaying to its
east where there are relatively dry northerlies.
Figure 2.14 is another example of the use of a Hovmoéller
to analyse AEWs.
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Figure 2.7 shows the horizontal structure of AEWSs
composited on PW* by Poan et al. (2013). Maximum
PW*is located to the east of the wave trough, while max-
imum low-level southerly winds are in and to the east of
the trough. This combination of winds and PW* leads to
an amplification and easterly propagation of the AEW
(with southerly advection of moist air maximised in and
to the west of the PW*). Note that, as in Figure 2.3, the
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Figure 2.5 Vertical structure of AEW vorticity and winds, from a composite of AEW cases, based upon the 700 hPa trough axis passing the
longitude of Niamey (2.5°E), and comprising 803 cases between 1989 and 2008, identified by the objective identification method of Berry
et al. (2007). Composite winds (barbs, coloured in knots) and relative vorticity (positive values greater than 5 x 107 s™' contoured every
5% 107 s7") are shown on different pressure levels from the ERANnterim reanalysis dataset. The ITD, AEJ and TEJ have been overplotted

consistently with the methods of Chapter 11.

trough in Figure 2.7 is tilted ‘upshear’ in a configuration
that is consistent with barotropic growth of the AEWs
(feeding on the kinetic energy of the AE]). However, con-
siderable variability in the trough orientation is seen
from case to case.

The OLR patterns of Figure 2.7 indicate the peak in
deep convection within and just ahead of the PW*, which
means a peak in rainfall within and slightly to the east of
the trough. However, this OLR pattern must be treated
with considerable caution: these composites are based
on the PW* and, therefore, will not emphasise the impor-
tant and intense squall lines that develop and propagate
into the areas of lower PW* to the west of the AEW
trough. Figure 2.3 is an example of the link of observed
OLR with the dynamical trough.

Figure 2.8 confirms the upshear tilt of the wave trough
with height (for instance, the zero-line of v* in Figure 2.8a
tilts to the east with height at low levels); comparable
patterns have been derived in other composite studies.
The humidity and temperature fields, in contrast, are
almost vertically aligned, and therefore the relationship
between the trough and the thermodynamic (tempera-
ture and humidity) fields changes with height. Near the
ground, the cool, moist air is mainly within the ridge
(anticyclonic circulation), and in the southerly flow to
the west of that.! At the AEJ level of 600-700 hPa the
cool, moist air lies to the west of the southerly winds and
to the east of the AEW trough. This eastward tilt is con-
sistent with the composite waves gaining energy from
baroclinic instability mechanisms (Section 2.1.3.5).
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Figure 2.6 Time-longitude diagram of the 2011 June to September intraseasonal anomalies averaged over the 12-20°N band: (a) PW (mm)
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Figure 2.7 PW¥*, 925 hPa winds (left) and GPCP and OLR anomaly fields (right), based on a composite on the PW* field of AEWs

(Poan et al., 2013). The (red) trough and ridge lines are based on the wind fields at 600 hPa. Note that the relationship of OLR with the
wave structure must be treated with caution because these structures do not effectively capture the very intense squall lines that
propagate to the west of the AEW trough into areas of lower PW*. Source: ©American Meteorological Society. Used with permission.
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Figure 2.8 Vertical-lag composite of (a) specific humidity (g kg™, shaded) and meridional wind (m s™', contours) anomalies, (b) potential
temperature (K, shaded) and vertical wind (mm s, contours) anomalies, based on a composite on the PW* field of AEWs. The vertical
black line corresponds to the trough location at t, whereas vertical dashed red and blue lines correspond to the passage of the dry/warm
and moist/cold stages respectively (at t, — 1.25 and t, + 1.25). Source: from Poan (2013).

Although AEWs occur at low latitudes, there is some
degree of thermal wind balance apparent in these
composite plots. For instance, at zero longitude in
Figure 2.8a there is northerly shear of the wind with
height, with the cooler air to the east, consistent with
thermal wind balance.

The composite maps of streamlines at low, medium
and high levels, from the PW* perspective (Figure 2.9),
confirm these relationships. 850 hPa is close to the steer-
ing level of the AEWs, and therefore this is a level where
strong, closed vortices exist. The winds at low levels act
both to reinforce the high PW* through cool, moist
advection, and to cause it to propagate to the west.

The statistical and climatological perspectives on
AEWs can hide the fact that there appears to be very
great variability in AEW structure from case to case.
Furthermore, the strong diurnal cycle of the boundary
layer and of deep convection over West Africa means
that there is a diurnal cycle of AEW structure, which is
still not very well understood or documented. Bain et al.
(2011), analysing an AEW case from 27 July 2006, showed
how nocturnal acceleration of the low-level winds led to
a surge of moisture northward into the wave trough,
while daytime dry convective mixing in the north of the
AEW led to a deceleration of the AE] in that region.

2.1.3.3 African Easterly Wave Structure

In Section 2.1.3.2 we introduced evidence of the basic
structure of AEWSs, as it has been defined in various
research studies. However, given that there is consider-
able variability in AEW structure from case to case,
according to the maturity of an AEW, its geographic
location and the time of day, it is difficult to generate a

single consensus for a single AEW structure. Further-
more, the scientific literature does not always accord
with forecasters’ experiences of daily synoptic analysis.
The scientific papers have been dominated by descrip-
tion of composite structures, while synoptic case
studies of AEWs are surprisingly rare. For instance,
there appears to be a difference between the synoptic
analysis of AEWSs, very often showing ‘downshear’ tilt
of the trough (e.g. Figure 2.16), and statistical compos-
ites showing ‘upshear’ tilt.>

For these reasons, presenting an AEW as a single
structure would likely be misleading, because it would
not reflect the wide range of observed structures. Instead,
in describing AEW structures here, we emphasise their
diversity. After lengthy discussion between researchers
and forecasters, a modular approach is used here to
describe AEW structures. This takes into account the
key features, or elements of an AEW. The composite
AEW structures, as well as any individual case study,
may then be explained and discussed in terms of these
elements. In listing the elements, we follow common
forecasting practice and begin with the surface features.

1) Surface or low-level structure. The very first analyses
of AEWs in the 1930s were based on the study of
surface pressure tendencies. Forecasters still use these
changes to infer the wave passage and its influence on
weather conditions. Owing to the strong diurnal cycle
of the surface pressure, the tendencies must be looked
over 24 h or after removing the climatological diurnal
cycle.

The wave structure has a very strong control on
the boundary-layer structure, and the associated
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Figure 2.9 Composites of streamlines and PW (mm, shaded) fields at 925, 850 and 600 hPa at the passage (t,) of the AEW at 0°E. The left
and right columns correspond to the full and anomaly fields respectively. Source: from Poan (2013).

cloud fields. Air that is displaced northward typically
has a cooler, shallower and more humid boundary
layer, with more extensive shallow cumulus (collec-
tively, a deeper monsoon layer) than air that has been
displaced southward.

2) ITD displacement. The ITD typically has a strong

northward incursion in association with the AEW,
normally in and to the east of the AEW trough. The
ITD has a very strong diurnal cycle, which tends to
mask its synoptic evolution during the day, as the
low-level air in zone B is mixed strongly with Saharan
air above it. At night, the ITD regenerates strongly,
pushing the ridge of cold air at low levels northward
(Bain et al., 2011).

The AEW trough at AE] level (e.g. 600 or 700 hPa).
The AEW trough is generally strongest at the AE]
level, and corresponds to the region of cyclonic cur-
vature of the winds. In composite studies, the axis of
the trough tilts upshear; that is, westward to the north

and to the south of the AE] axis (e.g. Figures 2.3 and
2.7). In some synoptic events, the opposite shear is
observed, with the trough tilting eastward to the
north and south of the AE] (e.g. Figure 2.16b).

Waves and vortices on the monsoon trough (at
850 hPa). AEWs propagate slower than the AE]
(~7m s™! as opposed to 12-15 m s7%), and therefore
the wave steering level lies below the jet, often close
to 850 hPa. The vorticity associated with the wave
trough extends vertically below the AE] level, and
the vorticity at 850 hPa very often represents closed
circulations, or vortices, which can be diagnosed
from 850 hPa wind vectors or streamline maps
for instance. These vortices may be enhanced by
convective systems and are very important in the
regeneration of convection on a subsequent day.
Vortices may also on some occasions extend to
higher and lower altitudes, reflecting a greater
depth of the system.



5) Precipitable water. The PW is an integrated measure
of the northward penetration of the monsoon system,
and it shows a strong variability associated with AEW
structure. AEW patterns are strongly highlighted in
the PW* field (Poan et al., 2013), and in some cases’
PW* may present a more robust diagnosis of AEW
structure, and its precipitation patterns in particular,
than the wind fields, since it integrates the greater
variability of the winds and advection. In composite
analyses, the peak PW* lies to the east of the AEW
trough, where there are southerly winds at the AE]
level.

The patterns of deep convective stability (CAPE
and CIN) are more complex, because the low-level
equivalent potential temperature 6., which controls
CAPE, has a maximum just to the south of the AE]
(e.g. see Figure 2.2 and Thorncroft et al. (2003)),
while CIN is also controlled by the temperatures
above the boundary layer. Typically, this leads to a
southwest-to-northeast tilt in the pattern of high
CAPE associated with an AEW, because low-level 6,
is high in the northward surge of moist air to the
northeast of the trough (Figure 2.7), but is also high
where warm (and humid) air is carried in the north-
erlies to the southwest of the trough (see Figure 2.7
and Figure 11.17b).

6) Monsoon depth. Various measures of the monsoon
depth have been proposed, based on changes in the
wind direction or on depth of the thermodynamic
monsoon layer (see Section 11.10). Where the mon-
soon layer is deep, there tends to be a deep layer of
cool, humid air with a general southerly advection.
This intrusion of cool monsoon air is essentially
collocated with the high PW*. The coolness of the air,
through the thermal wind relation, tends to lead to
relative anticyclonic flow at low levels (or a weakening
of the cyclonic flow). For instance, in composite wave
structures (Reed et al., 1977) the waves are cold-core,
with the deep, cool monsoon layer close to the AEW
trough axis, and the vorticity weakening with height
below the trough.

Analysis and drawing rules for each of these elements
are provided in Chapter 11.

We can discuss the typical AEW structures in terms
of these features (e.g. the downstream changes in the
vertical structure). A schematic interpretation of the
composite AEW structures in these terms is now shown
in Figure 2.10.

Figure 2.10 has been drafted for this book as a result of
meetings and discussions among operational forecast-
ers, academics and modellers, and represents a new
consensus on AEW structure. A number of important
points must be made in relation to the fields and their
relationships.

1) Panels 1 and 2 at 600-700 hPa represent the most

common levels for diagnosing the presence of AEWS,
close to the AE] level, with trough and ridge lines
related to the curvature of the streamlines (here
defined where v = 0). The typical wavelength is
3000 km or 30° of longitude from trough to trough.
Open waves are more typical at this level than strong,
closed circulation centres. However, closed circula-
tion centres are possible in some cases, especially in
the south (as shown in panel 1).

The horizontal tilt of the troughs, as diagnosed in
composites from model analyses, is as shown in panel 1;
that is, upshear tilt (extending to the west, both north
and south of the AE]J core). However, individual cases
show variations in this tilt, or the tilt evolving as a
wave moves toward the west.

A westward tilt of the wave trough leads to faster AE]
winds to the east of the trough, as shown in panel 2
(because in this region the streamlines are closer
together). Eastward tilt is also possible, as in the exam-
ple in Figure 2.16. Breaks in the jet core are commonly
possible, when an AEW is intense (see online case
study CS01%, 1-10 August 2012, or the extreme flood
case CS04 of Ouagadougou 1 September 2009).

2) Initiation of deep convection has a wide spread of

possible locations, but a consensus for the peak and
distribution are shown here. Fast-moving mesoscale
convective systems (MCSs) typically occur along
the location of the AE] core ahead of the trough
and are favoured by mid-level dry air and strong
shear (Sections 3.1.2.2 and 3.1.2.3). Slower-moving
convective systems are found to the south, where
wind shear is weaker and the monsoon depth is
deeper.

3) Panels 3 and 4 show the winds, vortices and PW* at

850 hPa, close to the steering level of typical AEWs.
The thermodynamic signal of the AEWs is generally
maximised in these levels below the AEJ. The PW* are
approximately collocated with thermal anomalies, as
cool, moist air is advancing northward to the east of
the trough and warm, dry air moves southward to the
west of the AE]-level trough.

4) A closed vortex is commonly observed at 850 hPa, and

usually (though not always) to the west of the AE]-level
trough. This is a typical signature of a baroclinic wave
tilt. The 850 hPa vortices are connected with the line of
maximum 850 hPa vorticity, to the south of the AE], to
delineate the ‘monsoon trough’ (see Section 11.10).

It is important to note that forecasters associate
this 850 hPa vortex with a likely area for the devel-
opment of thunderstorms.

It should be recognised that, in general, the monsoon
trough may not be a continuous line. The example of
Figure 11.14 shows a rather continuous configuration
of the monsoon trough, but on other occasions the
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monsoon flow may be so deep and strong that the
monsoon trough disappears in the southerly flow at
the rear of the trough (in which case the monsoon
trough may effectively exist at a lower pressure level).
On many occasions, a northern vortex is also seen
on the ITD at the 850 hPa level (panel 4). If it is absent,
the vortex may simply be shallower, and seen on the
925 hPa level instead. When plotting the monsoon
trough, it is important not to connect the ITD vorti-
ces with the monsoon trough.
5) Panels 5 and 6 show the surface signature of the AEW.
A significant north—south deviation in the ITD follows
the AEW (also seen at 925hPa). Monsoon depth

follows the wave of ITD extensions to the north (e.g.
Figure 11.16), and is commonly observed to be deepest
in the area of the cyclonic circulation south of the AE],
as marked here. Forecasters use the northward exten-
sion of the ITD to describe associated shifts in zones
B-D (Figure 1.1) of the monsoon system; for instance,
where the ITD is pushed to the north, we expect zones
B, C and D similarly to be pushed northward.

Increased monsoon depth generally increases cloud-
iness in the northern region. Associated with the
movement of the ITD, there is a southward extension
of the SHL to the west of the trough with lower cloud
cover and high insolation.



6) Surface fields have a substantial diurnal cycle,
especially in the north (zone B). A surge of low-level
winds northward into the heat low, plus a cyclonic
circulation around the heat low, which both inten-
sify overnight, push the ITD northward by some
300-500 km, especially to the east of the heat low
anomaly and AEW trough (panel 6).

Figure 2.10 relates to the structure of AEWs over the
continent. As AEWs move westward over the coast and
the Atlantic Ocean, three other elements play a role in
the AEW structure:

o A semi-permanent vorticity maximum over the Guinea
Highlands, or Guinea/Sénégal coast. This feature
appears to be sustained by the regular deep convection
occurring over and downstream of the Highlands.

e Equatorward cold advection off the west coast of the
continent. As the wave trough moves over the coast,
the northerly winds ahead of the trough no longer
advect warm air, but instead advect cooler air at low
levels, triggering baroclinic decay immediately. This
explains why ‘marine AEWSs’ are more barotropic in
nature and have a weaker vertical tilt.

o The intertropical convergence zone (ITCZ) over the
Atlantic Ocean. The reduced low-level thermal con-
trasts and lack of heat low over the ocean mean that
the maximum rainy zone reverts to a more classical
ITCZ structure, with low-level convergence roughly
collocated with the maximum deep convection and
rainfall. Effectively the ITD and monsoon trough
merge as the wave moves over the ocean, to form a
more vertically aligned trough.

It has repeatedly been emphasised here that there is
considerable variation in AEW structure from case to
case. Section 2.2 describes typical combinations of the
dynamical elements that make up typical AEW patterns
in different contexts.

2.1.3.4 African Easterly Wave Genesis

2.1.3.4.1 Upstream Triggers

Observational studies have consistently demonstrated
that AEWs are predominantly generated over the African
continent to the east of 10°E. Commonly, upstream con-
vection, in an East African region including the Darfur
Mountains (15°N, 23°E) and the Ethiopian Highlands
(10°N, 35°E), initiates AEWSs near the entrance of the AE]
(Hall et al., 2006; Kiladis et al., 2006; Mekonnen et al.,
2006; Thorncroft et al., 2008; Leroux and Hall, 2009).
Hall et al. (2006) showed in idealised modelling studies
that intense localised heating (a proxy for mesoscale
convective systems) in the entrance region of the AE]
could excite synoptic structures resembling AEWSs
downstream. The hypothesis that finite-amplitude
impulses of heating result in the genesis of AEWs is

supported by case studies (e.g. Berry and Thorncroft, 2005),
showing AEWs generated following a large burst of deep
convection over central Africa. Thorncroft et al. (2008)
demonstrated that the genesis of AEWs is sensitive to the
location of the initial convective perturbation; they are
more efficiently triggered by heating close to the entrance
of the AE]. The implication is that the intermittency of
observed easterly waves may be in part explained by the
variability of convective activity toward the east, instead
of purely by considerations of the jet structure. More
generally, Leroux et al. (2010) found that subseasonal
variability of AEWSs tends to be preceded by anomalous
convection in the Darfur region. Leroux and Hall (2009)
suggested that the AEW response also depends on the
AE] structure, with wider and stronger AE]J (strong shear
and PV reversals over an extended region near the AE])
producing more intense AEWs — entirely consistent with
baroclinic growth (see also Hsieh and Cook (2005)).
In idealised simulations with moist processes, Cornforth
et al. (2009) showed that moist AEWSs were characterised
by intermittent periods of growth and decay that were
correlated with increases and decreases in the mean
rainfall respectively but anticorrelated with jet strength.
The strong interdependence between the AE], the AEWs,
the moist convection and the upper levels establishes an
internal variability on a timescale of 8—10 days in the
idealised model consistent with the observed average
9-day cycle of wet (dry) sequences (e.g. Sultan et al., 2003).

Influences from mid-latitudes (e.g. Leroux et al., 2011)
may also help modulate the amplitude of AEW activity
on intraseasonal timescales. A long integration of a
simple GCM in an artificially dry context simulating the
northern summertime global circulation produces a
summertime climatology that includes a realistic AE]
and westward-propagating 3-5-day disturbances over
West Africa. These simulated waves display intraseasonal
intermittency, as do the observed AEWSs. Further experi-
ments designed to discern the source of this intermittency
in the model show that the simulated waves were mainly
triggered by dynamical precursors coming from the North
Atlantic storm track.

2.1.3.4.2 Largelscale Dynamics

In order to explain the full structure of the AEWs, it is
essential to consider not only the role of convection but
also the large-scale dynamical ‘mode’ of wave dynamics.
The vertical and horizontal shears associated with the
mean AE] satisfy the Charney and Stern (1962) criteria
for baroclinic and barotropic instability (e.g. Burpee,
1974). Idealised modelling studies (e.g. Thorncroft and
Hoskins, 1994; Cornforth et al., 2009) have shown that
the most unstable dynamic mode growing on the AE]
has similar spatial structures to observed AEWs and also
demonstrated that AEWs can amplify by barotropic and
baroclinic energy exchanges. In light of these results it



has been contended that the genesis of AEWs is associ-
ated with initially small perturbations to the flow over
central and eastern Africa that increase in amplitude
owing to the unstable nature of the background flow.
However, analogous to the genesis of baroclinic waves in
the mid-latitudes, it is recognised that the dynamic insta-
bility of the background flow is too slow (relative to
observed wave lifecycles and observed wave precursors)
to explain the genesis of AEWs, although such dynamical
instability does appear to influence the growth and
structure of waves once they have been initiated.
Although a coherent instability mode may not be
essential to wave initiation, nevertheless a ‘growing
configuration’ of wave modes on the basic state AE]
will emerge. Recent work has also highlighted an alter-
native mechanism for AEW genesis over Africa that,
instead of downstream development from upstream

triggers, involves upstream energy dispersion from the
west (Diaz and Aiyyer, 2013).

2.1.3.5 African Easterly Wave Dynamics
and Evolution
The AE] satisfies the Charney and Stern (1962) barotropic
and baroclinic instability criterion, meaning that the sign
reversal of the meridional PV gradient (Figure 2.11) satis-
fies a necessary condition for instability of the mean flow
(Burpee, 1972; Thorncroft and Blackburn, 1999; Dickinson
and Molinari, 2000). The sign reversal of PV at the AE]
level is consistent with the presence of a strip of high PV
on the southern flank of the AE], which is in turn aug-
mented by deep convection during the active monsoon.
The genesis of AEWSs through small-amplitude baro-
tropic or baroclinic instability is highly relevant to the struc-
ture of AEWSs over West Africa even if time dependence
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Figure 2.11 lIllustration of the meridional PV reversal. Panels (a) and (b) (based on operational ECMWF analyses and adapted from
Figure 1 in Thorncroft et al. (2003)) show (a) zonal wind and (b) PV, on the 600 hPa surface. The maximum PV on this level is to the
south of the AEJ maximum (each shaded blue), with low PV to the north of the AEJ. Source: ©American Meteorological Society. Used

with permission.



differs in the initial-value problem with finite-value
precursors (Section 2.1.3.4). AEWs are large-amplitude
waves whose evolution is strongly influenced by these
barotropic and baroclinic processes, and Rossby wave
dynamics in particular. For example, the typically slow
growth of an AEW once its structure has emerged and it
then continues to propagate westward through the
WAM system is entirely consistent with a slow baroclinic
growth rate. As such, understanding the behaviour of
these waves and instabilities can help us to understand
the evolution of the mature AEWSs.

Basic theory of synoptic-scale instabilities shows that
the waves can gain energy from barotropic processes if
the trough tilts ‘upshear’ in the horizontal — that is, if the
trough extends westward with latitude, both north and
south of the AE]J core latitude (as in Figure 2.10, panel 1).
In this case, the wave will gain energy from the basic
kinetic energy of the AE] itself. The composite AEW
patterns seen in Figures 2.3 and 2.7 confirm that, on
average, AEWs have a significant element of barotropic
instability (although individual cases may differ from this
structure). Similarly, waves can gain energy through
baroclinic mechanisms if the wave trough tilts upshear
(eastward; see Figures 2.8 and 2.12) with height, below
the AEJ core, in which case the wave gains energy
through thermal advection, with warm northerlies
intensifying the warm sector of the AEW. Again, the
structures seen in Figure 2.8 agree with the baroclinic
instability model, where there is cool, moist southerly
advection at low levels within and to the west of the low-
level cool anomaly; this pattern acts both to strengthen
the cool anomaly and to cause it to propagate to the west
(as a surface Rossby wave — see Parker (2008)). In turn,
the westward propagation at low levels enables the low-

level structure of the wave to keep up with the easterly
motion of the wave at the AE] level. The whole system
has a steering level some way between the surface and
the AE] level, typically around 850 hPa.

The relationships between the trough, the winds and
the vorticity structures at different levels are demon-
strated using fields taken from an AEW case during
August 2000. In Figure 2.13a on the large scale, equator-
ward of the 700 hPa AE] axis (denoted by the thick red
line), there is a zonally orientated (east-west) strip of
positive relative vorticity. Similarly, at 925 hPa the tem-
perature field exhibits a well-defined, zonally orientated
zone of temperature gradient, reflecting the zonal nature
of the AE] and the monsoon. The AEW structure in this
case is evident as a wavelike disturbance to this zonally
orientated background; the middle of the relative vorti-
city perturbation is marked by the trough axis (black
line), and the warm temperature perturbation is located
slightly ahead (west) of the trough. Baroclinic growth
will result if the flows due to the vorticity (and PV) at the
different levels interact, as their configuration means
that the flow around each would increase the amplitude
of the other. It is also expected that barotropic growth
would result from the flow around the 700 hPa vorticity
maximum distorting the large-scale background ‘strip’ of
vorticity. These dynamic growth concepts are identical
to those applied in mid-latitude systems and consistent
with the observed structures.

Although the AEW structures observed have a
configuration that is consistent with growth via dry
dynamics, calculations from idealised simulations of
AEWs have shown that the dry dynamics act too slowly
to fully describe the observed growth rate. Based upon a
case study of the event shown in Figure 2.13, Berry and
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Figure 2.12 A schematic depicting the meridional displacements of air and associated circulations within an AEW that are predicted
for a‘baroclinic’ growth configuration. An ‘upper Rossby wave component’ propagates along the African easterly jet and interacts
with a‘lower wave’ propagating westward. The upper wave exists in the jet core where the meridional PV gradient (P,) is negative.
At this level, southward displacement of air from above the Sahara (shaded yellow) must create a negative PV anomaly and
anticyclonic circulation, enabling westward propagation relative to the surface flow. The lower wave exists on the meridional
potential temperature gradient, which is positive, so that northward displacement brings cooler, moist air (shaded blue) from the
south which is associated with antilyclonic circulation, enabling westward propagation relative to the surface flow. When the
circulations induced by the upper wave are positioned east of the circulations induced by the lower wave (velocity components tilt
eastward as indicated by dotted lines), their interaction by meridional advection results in mutual growth.
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Figure 2.13 Synoptic maps of ECMWF ERAKX
Interim reanalysis fields on 1 August 2000,
1200 UTC: (a) 700 hPa relative vorticity
(coloured lines), 925 hPa temperature (thin
black lines), 700 hPa objective trough (thick
black line) and objective jet axes (thick red
line, see Berry et al. (2007) for definition).

(b) Mean TRMM 3B42 estimated precipitation
rate (mm h™", shaded according to legend),
Streamlines at 925 hPa (blue streamlines) and
wind vectors at 700 hPa. The same objective
trough and jet axes as in (a) are overlaid.
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Thorncroft (2005) suggested that the presence of organ-
ised convective systems increases the growth rate of the
synoptic AEW (Cornforth et al., 2009). It was hypothe-
sised that the very intense mesoscale vorticity centres
generated by the convection within the AEW are a key
catalyst to AEW growth. These authors suggested that,
as convection is preferred near to and ahead of the
trough axis, the summation of the flow associated with

the small-scale vorticity centres will project upscale and
enhance the mid-level flow around the AEW, increasing
both the AEW amplitude and its growth rate via dry
dynamics. In a numerical modelling study, Berry and
Thorncroft (2012) revealed that an AEW will weaken on
a timescale of a few days if convective systems are
removed, underlining the importance of convection and
its coupling to AEWs.



2.1.3.6 Relationship with Deep Convection

In the WAM, AEWs have a modulating effect on rainfall,
with some estimates suggesting that in excess of 60% of
organised squall lines during summer are associated
with AEWs (e.g. Fink and Reiner, 2003).> Composite
analyses (e.g. Reed et al, 1977) indicate that rainfall
and cloudiness are primarily peaked ahead (west) of
the mid-level trough axis and south of the AE]J core.
Some studies have also noted a secondary peak of con-
vective rainfall behind (east of) the mid-level trough
axis, poleward of the AE]J axis (as illustrated by Poan’s
composite of Figure 2.7b).

More detailed analysis of individual convective systems
associated with AEWSs (e.g. Payne and McGarry, 1977)
have shown that MCSs tend to propagate twice as fast as
AEWs, consistent with being driven by downdrafts origi-
nating near the mid-level AE] (e.g. see Rowell and
Milford (1993), Chong and Hauser (1989) and Lafore and
Moncrieff (1989)). This suggests that the preferred
regions of rainfall consist of many convective systems
travelling through a particular phase of the AEW, rather
than having a single persistent area of rainfall moving at
the same speed as the AEW. In this sense, the genesis,
maturity and decay locations for MCSs within AEWs
may be distinct. The movement of convective systems
through AEWs, the variety of possible AEW configura-
tions and the distinct diurnal cycle of the convection all
add complexity to the question of how rainfall is related
to mean AEW structure.

The observed relationship between AEWs and rainfall is
illustrated by Figure 2.14, which shows a Hovmoller
space—time diagram of 700 hPa curvature vorticity from
the National Centers for Environmental Prediction (NCEP)
Global Forecast System (GFS) operational analysis (a
diagnostic of AEW trough location used by Berry et al.
(2007)) overlaid with rainfall rate estimates from the
CMORPH dateset (Joyce et al., 2004); both fields are aver-
aged over 5-15°N for the month of August 2004. In this
figure the passage of AEW troughs can be distinguished
by the westward-moving curvature vorticity maxima,
while convective systems can be noted by the smaller scale
bands of rainfall that also propagate westward. Note that
the rainfall does not show individual convective systems,
as a consequence of the averaging in latitude; instead, it
signifies groups or ‘envelopes’ of convective systems.

To show more details of a particular case, Figure 2.15
shows MCSs associated with easterly waves during
August 2006, including the precursors to Hurricane
Helene. In the figure, the trough of the westernmost AEW
and the inverted “V’ cloud pattern are marked by dashed
lines at 1800 UTC on 6 September (upper left panel).
At that time MCSs are on both sides, but on subsequent
days convection is enhanced ahead of the trough.

There have been many observational studies explaining
the location and type of convective clouds relative to the
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Figure 2.14 Hovmodller space-time diagram of 700 hPa curvature
vorticity (positive values greater than 2 x 107® s™' contoured every
2% 107° s7") from GFS operational analyses and CMORPH
precipitation estimate (shaded in mm h™', according to colour
bar), both averaged 5-15°N for the month of August 2004.

AEW trough. Several studies have concluded that deep
convective clouds tend to occur at or ahead of the AEW
trough (Carlson 1969a,b; Reed et al., 1977; Payne and
McGarry, 1977; Diedhiou et al, 1999; Kiladis et al.,
2006). Some of these studies included waves over the
Atlantic and along the West African coast and focused
on synoptic-scale convection. Other studies of mesoscale
convection over West Africa found that organised convec-
tive systems are also initiated east of the AEW cyclonic
centres, particularly to the north of the AE] (Fink et al.,
2006; Laing et al., 2008; Cifelli et al., 2010). Those studies
also observed MCSs that developed behind the AEW
trough and propagated into the region ahead of the
AEW trough (e.g. Figure 2.16).

Earlier studies by Burpee (1974), Duvel (1990), Mathon
etal. (2002) and Fink and Reiner (2003) observed enhanced
convective precipitation ahead of the AEW ridge for
systems north of 12.5°N (e.g. Figure 2.17). The enhance-
ment of convection and precipitation at or behind the
AEW trough, observed mainly in the northern Sahel, is
primarily influenced by moisture availability — the north-
ward transport of moisture from the ocean and equatorial
forests — and therefore matches the location of high PW*
seen in Figure 2.7, relative to the wave trough. Note also in
Figure 2.17 the large spatial spread in initiation locations
relative to the wave trough. In contrast with mid-latitude
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Figure 2.15 Enhanced infrared images of AEWs and MCSs between 1200 UTC 5 September and 0000 UTC 13 September 2006, precursors

to Helene (2006). Source: from Laing and Evans (2011).

weather systems, the convective initiation is only relatively
loosely dictated by the AEW structure, and other factors
such as topographic patterns have an important role also
in determining the location of convective initiation.

Note that the tilt of the trough axis to the north and
south of the AE] core means that the location of convection
ahead of and behind the trough can have some ambiguity:
convection to the south of the AE]J, which is collocated
with the trough at this latitude, may be significantly to the
west of the trough at the AE] latitude, as in Figure 2.7.

The interaction of the vorticity associated with AEWs
and the mesoscale vorticity associated with MCSs is an
area of active research. Some tropical cyclones, such as
Alberto (in 2000), begin as AEW-MCS systems that
initiate near the mountains of East Africa (the Darfur
Mountains and Ethiopian Highlands) and undergo cycles
of decay and regeneration while moving westward.
The swirling cloud pattern at 1200 UTC 8 September

and 1800 UTC 10 September (Figure 2.15) indicates the
presence of an MCYV, a feature that sometimes forms in
the stratiform region of decaying MCSs. The pre-Helene
vortices appear to amplify over the continent within
the AEW structure, a strong vortex emerges from the
continent and tropical cyclogenesis occurs soon after.
These observations support the notion that mesoscale
convection gives rise to positive PV anomalies in the
lower troposphere for tropical cyclogenesis.

2.1.3.7 Downstream Transformation

AEWs are frequently observed to traverse the Atlantic
Ocean and move into the Caribbean region. During their
transition across the ocean they tend to retain regions of
deep convection (that can be tracked using satellite
imagery) and thus remain a hazard to shipping and avia-
tion. In the Caribbean region, AEWs can bring disturbed
weather to the islands and remain an important feature



Figure 2.16 (a) Streamlines on the 850 hPa surface at

0600 UTC 3 September, (b) 0000 UTC 4 September and

(c) 1800 UTC 4 September 2002. Also shown are the
location of the Upper Ouémé Valley and the areas enclosed
by the 233 K (light grey) and 213 K (dark grey) brightness
temperatures used to track this and all other sub®ype la
(advective organised convective systems) cloud systems.
The analysed cyclonic centres of northerly and southerly
AEWs are labelled ‘N’ and 'S’ respectively. The bold AEW
trough lines delineate the subjectively analysed maximum
cyclonic curvature between the two AEW vortices. Source:
Figure 11 from Fink et al. (2006). ©American Meteorological
Society. Used with permission.

for weather forecasters to consider. In addition to the
rainfall component, synoptic ridges associated with
AEWs can transport large amounts of Saharan dust
across the Atlantic Ocean (e.g. see Zipser et al. (2009)
and Dunion and Velden (2004)). On some occasions,
AEWs have been observed to interact with mid-latitude
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disturbances and act as the moisture source for rainfall
in northwestern Africa (Knippertz et al., 2003).

AEWSs are an important precursor to Atlantic and
eastern Pacific tropical cyclones. Although the tropical
cyclones occur outside the domain served by West
African forecasters, it remains important for forecasters
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Figure 2.17 Scatterplots of the positions of origin points of squall
lines relative to the simultaneous locations of the accompanying (a)
northerly and (b) southerly AEW vortices. The abscissa (ordinate)
denotes the longitudinal (latitudinal) distance, with negative values
indicating that the squall line origin is west (south) of the respective
vortices. The open circles represent squall lines that formed west of
the AEW trough, while the stars denote squall lines assigned to
AEW phase intervals in the southerly flow east of the trough, north
of 12.5°N. The mean positions of either class of squall lines are
indicated by the large bold circles and stars respectively. In both
diagrams, d is difference, and both cover the periods May-October
1998 and 1999. Source: Figure 11 from Fink and Reiner (2003).
Copyright John Wiley and Sons. Reproduced with permission.

to have some understanding of the process of trans-
formation from an AEW into a tropical cyclone. While
the locations at which the cyclone forms vary from case to
case depending on the environment and the nature of the
AEW, there are well-documented cases of tropical cyclo-
genesis occurring close to the West African coastline — for
example, Hurricane Alberto in 2000 (e.g. Lin et al., 2005)

and Tropical Storm Debby in 2006 (e.g. Jenkins et al.,
2008; Ventrice et al., 2012; Lin et al., 2013). In such cases,
intensification of convection within the AEW toward a
tropical cyclone may begin partially over land, posing a
potential flooding risk (e.g. Jenkins et al, 2010).
Furthermore, tropical cyclones forming close to the coast-
line can have a negative impact on shipping, fishing, and
so on in the countries of West Africa.

A high fraction of North Atlantic hurricanes have
AEWs as their trigger. For example, 2005 was a particu-
larly active hurricane season, with 23 out of 31 named
storms originating from AEWs. In comparison, 2006 was
a quiet season, with 7 out of only 10 named storms origi-
nating from AEWSs (National Hurricane Center, 2015).
Over Africa, AEWs are often characterised by a low-level
vortex north of the AEJ] and an AE]J-level vortex south of
the AE] (see Section 2.1.3.2). However, as the AEWSs
move westward across the West African coast and into
the East Atlantic the southern vortex tends to develop a
low-level circulation consistent with increased frequency
of deep convection in the coastal region (Janiga and
Thorncroft, 2013). Hopsch et al. (2007) compared the
mean structure of AEWSs that were associated with East
Atlantic tropical cyclogenesis and those that were not.
They noted that the mean structure of AEWSs that devel-
oped tended to have stronger low-level vorticity, stronger
vertical motion and higher humidities throughout the
troposphere in the trough. Several recent studies have
extended this work (e.g. Agudelo et al., 2011; Leppert
et al., 2013a,b; Cecelski and Zhang, 2013). Rowell et al.
(2016) indicate that developing AEWSs usually have a
stronger AE] on the poleward side of the relative vorti-
city maximum. Consistent with the AE]J strength, devel-
oping AEWs generally have a stronger relative vorticity
maximum over the lifetime of the AEW and developers
tend to develop faster, with a statistically significant
increase over non-developers in the first 48 h once west
of 20°W. Developing AEWSs tend to have a mean SST
greater than 27°C, and this is particularly significant over
the first 48 h, where the great majority of developers
have an SST greater than 27°C. Also, the developing
AEWs pass through a more humid troposphere, particu-
larly at the AE] level and above. The consensus from
these studies is that AEWs that have stronger low-level
circulations, moister columns and have more ubiquitous
convection as they track into the East Atlantic are more
likely to be associated with tropical cyclogenesis.

2.1.4 MidNatitude Troughs and UpperHevel
Troughs

Upper-level troughs from the mid-latitudes significantly
affect tropical West Africa during the boreal winter half
year (Knippertz, 2007). A widely used method for identi-
fying such systems is to detect significant anomalies in
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Figure 2.18 Mean tropical plume frequency (%; shaded) for October-March between 1983/84 and 2005/06. The contours display the
mean frequency of troughs at low latitudes (%) detected by Frohlich and Knippertz (2008) in the ERARIO data between 1980 and 2001.
The bold grey contour presents the zero line of the mean zonal wind at 200 hPa indicating equatorial easterlies from the western Pacific to
the eastern Atlantic and over South America, with westerlies elsewhere. Source: Figure 4a from Frohlich et al. (2013). ©American

Meteorological Society. Used with permission.

PV, either on an isentropic surface that intersects the
subtropical tropopause, or averaged over the upper
troposphere/lower stratosphere. Climatologies of these
so-called PV intrusions or cut-offs show a frequency
maximum over the Atlantic Ocean near northwestern
Africa (Figure 2.18). For lower isentropic levels, the
maximum shifts northeastward into the Mediterranean
Sea — see Wernli and Sprenger (2007: figure 4). The fre-
quency of PV intrusions is largely reduced during the
summer half year (Frohlich and Knippertz, 2008).

Linear Rossby wave theory provides a first-order
explanation for the geographical, vertical, seasonal and
even interannual behaviour of mid-latitude trough
penetration to low latitudes. Mean zonal winds near the
tropopause are strongly westerly over the tropical East
Pacific and Atlantic Oceans (see Figure 2.18). This allows
a propagation of Rossby wave energy into these regions,
which have been referred to as ‘westerly ducts’ for this
reason (Webster and Holton, 1982; Hoskins and
Ambrizzi, 1993; Kiladis and Weickmann, 1997). The west-
erly winds weaken during the summer half of the year
and toward lower levels, associated with a reduction in
trough occurrence (Tomas and Webster, 1994; Frohlich
and Knippertz 2008). The El Nifio/Southern Oscillation
modifies the equatorial winds on interannual timescales,
causing a tendency of reduced PV intrusion activity over
the Pacific Ocean and enhanced PV intrusion activity
over the Atlantic (Waugh and Polvani, 2000).

A clear indicator of the penetration of an upper-level
trough into low latitudes in satellite imagery is the occur-
rence of a tropical plume on its eastern flank (Iskenderian,
1995; Knippertz, 2005). Tropical plumes are elongated

continuous bands of mainly upper- and middle-level
clouds that stretch for thousands of kilometres poleward
and eastward from the ITCZ into the subtropics
(Figure 2.19). Usually, an anomalously strong subtropical
jet (STJ) streak is aligned along the often-sharp poleward
edge of the tropical plume (Figure 2.19). Climatological
studies show a tropical plume frequency maximum over
the eastern Atlantic/western West Africa, consistent
with the PV intrusion climatology (Figure 2.18). Amounts
of precipitation associated with tropical plumes differ
largely between systems and along the axis of the tropical
plume. Knippertz (2005), for example, describes a tropical
plume that is rooted in ITCZ convection over South
America, stretches across the Atlantic as an upper-
tropospheric cloud band and is finally associated with
heavy precipitation over northwestern Africa.

The precipitation events associated with upper-level
troughs over tropical West Africa during the dry season
November to March are sometimes referred to as ‘Heug’
or ‘Mango’ rains. They are irregular in time, space and
magnitude. Their climatological contribution to annual
rainfalls is estimated to be on the order of a few per cent
only, which is hardly relevant for agriculture (Seck, 1962;
Gaye et al., 1994). There are, however, examples of much
more significant dry-season rainfalls associated with
upper-level troughs. Such events can have substantial
impacts on local hydrology and human activities, from
the greening of pastures to the flooding and rotting of
harvests (Knippertz and Martin, 2005; Fall et al., 2007;
Knippertz and Fink, 2008).

The climatology and past case studies suggest a
distinction of two different stereotypical cases and



mechanisms. Although in each of these mechanisms the
flow pumps the ITD northward together with deep
moisture, the trough and STJ positions differ.

1) Sahelian/Saharan countries close to the west coast of
West Africa, such as Sénégal, Gambia, Mauritania
and Mali, can be directly affected by upper-level
troughs penetrating southward over the eastern
Atlantic Ocean, as the ones shown in the climatology
and case example in Figures 2.18 and 2.19. Significant
events have been described by a number of authors,
including Seck (1962), Borgne (1979), Gaye et al.
(1994) and Knippertz and Martin (2005). An interesting
case worth mentioning is the record-breaking, high-
impact case during 9-11 January 2002 (Figure 2.19).
Storm totals of more than 50 mm fell over a wide-
spread area covering northwestern Sénégal and
southwestern Mauritania. New January precipitation
records were broken at several observing stations, led
by Podor in northern Sénégal with 115.8 mm. Several
people were killed in collapsing houses or through
hypothermia, buildings were damaged or destroyed
by flooding, and the loss of crop and livestock was
substantial (Fall et al, 2007). Several dynamical
ingredients are necessary to create such an extreme
event (Knippertz and Martin, 2005), as depicted in
Figure 2.20a: (a) A previous low-latitude upper-
trough instigates a transport of moist air from the
Atlantic and the inner tropics toward the western
Sahel without generating any significant precipitation;
(b) the moistening of lower levels causes a significant
destabilisation in the region of interest; (c) a subse-
quent trough releases the convective instability

~

Figure 2.19 Meteosat infrared satellite image for
0000 UTC 10 January 2002 with superimposed
isotachs (dashed black in m s™') and streamlines
(in white), both at the 345 K isentropic level.
Source: slightly modified version of Figure 2c from
Knippertz and Martin (2005). Used with the
permission of the Royal Meteorological Society.

through weak forcing for mid-level ascent; (d) there
are indications that inertial instability in the right
entrance region of the ST] streak might further
enhance uplift. Knippertz and Martin (2005) show
that a succession of two troughs is not necessary
toward the end of the rainy season, when the spatial
distance to the main moisture reservoir is smaller,
so that sufficient transport can be achieved by one
persistent system.

The entire Guineo-Soudanian zone (~7—12°N) can be
affected by occasional northward shifts of the main
rain zone, which usually end just north of the Guinea
Coast during the dry season. Knippertz and Fink
(2008) document that these shifts can be triggered by
the penetration of an upper-level disturbance into
northern Africa (Figure 2.20b). This is more indirectly
communicated through falling pressures over the
Sahara and Sahel in the right entrance region of the
anomalous STJ streak to the southeast of the posi-
tively tilted trough, where warm advection prevails at
upper levels (this corresponds to ascending poleward
flow ahead of the trough). The associated northward
shift and intensification of the usually weak continental
heat low allows moist southerlies to penetrate further
than normal into the continent. Daytime heating of
the (at this time of the year) rather dry land surface
can then trigger deep moist convection and dry-
season precipitation. As for the western Sahel cases,
dry-season precipitation events are often preceded by
very persistent or repeated troughing over northern
Africa, which allows the slowly responding tropical
circulation to attune to the forcing (Knippertz and
Fink, 2009).
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A scientific result with great relevance for operational
weather forecasting in tropical West Africa during the
dry season is the enhanced predictability of rainfall
directly or indirectly associated with extratropical
troughs. The detailed modelling case study by Meier
and Knippertz (2009) shows fairly robust predictions of
the extraordinary January 2002 case over Sénégal and
Mauritania up to lead times of 7 days, consistent with
the successful reproduction of the case with regional
models by Knippertz and Martin (2005) and Fall ez al.
(2007). Statistical evaluations of 5-day forecasts of
unusual dry-season rainfall events in the Guineo-
Soudanian zone with the model of the ECMWF indicate
that extratropical influence enhances predictive skill
(Knippertz and Fink, 2009). These results should
encourage forecasters to take advantage of available
dry-season precipitation forecasts in terms of the
dissemination of early warnings.

2.1.5 Extratropical Dry Air Intrusions

Layers of very dry air (relative humidity (RH) <10%) are
observed over many tropical regions in the free tropo-
sphere. In a generally rather moist immediate environ-
ment, such dryness can only be fed by air originating

from the upper level of the extratropics, where similar
potential temperatures and water vapour mixing ratios
exist. As a result, these dry layers are known as dry
‘intrusions’ to highlight their non-tropical origins. These
layers have been shown to modulate convective activity
strongly over the tropical oceans at various scales (Brown
and Zhang, 1997; Redelsperger et al., 2002).

Such extratropical dry air intrusions have also been
identified in the WAM mid-troposphere (Roca et al.,
2005). The analysis revealed that, at 500 hPa over the
Sahel, dry air originating in the upper levels (200-250 hPa)
on the anticyclonic side of the polar jet stream around
50°N is frequently observed at various scales. The dry
intrusions start subsiding over Europe and travel south on
the 330 K isentropic level reaching, a few days later, the
Sahelian mid-troposphere (Figure 2.21).

Mid-tropospheric dry air influences convective activity
and rainfall variability in various ways. Dry air generally
has an inhibiting effect on the first initiation of convection,
as a result of the temperature inversion induced by long-
wave radiation at the bottom of the dry layer (Mapes and
Zuidema, 1996) or by entrainment of dry air into ascending
parcels that decreases their buoyancy and limits the vertical
development of the convective clouds (e.g. Parsons et al.,
2000). In contrast, mid-level dry air favours the organisation
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of convection into squall lines, by feeding downdraughts
and mid-level rear-inflow currents, known to be key
elements of organised convective systems (Section 3.1.3).

Figure 2.22 shows the Hovmoller diagram of the RH at
500 hPa averaged over the 12.5°N—17.5°N latitude belt for
the 2006 season, along with the latitude of last saturation
of the air masses, and reveals some features of dry intrusion
events. Three substantial events, labelled 1 to 3, correspond
to pan-West African dry intrusions. These plumes are
composed of very dry air with RH below 10% and even
below 5% at some points, and last from 3 to 5 days. These
dry structures travel from around 25°E to the Atlantic
coast. Thethree events are separated byaround 40-50 days
and are thought to be associated with Madden—]Julian
oscillation (MJO) events that were clearly depicted in the
equatorial wind anomaly during the season (Janicot et al.,
2008), although the link between the pan-African dry
events and the MJO is not direct.

A second type of event with smaller-scale dry struc-
tures with RH below 10% is also observed. This latter
mode is more restricted to the Sahel region and exhibits
synoptic timescales (see also Roca et al. (2005)).

The three dry intrusions highlighted in Figure 2.22 each
led to a substantial reduction in West African rainfall.
South of the ITD, down to the coastal regions, the average
rainfall anomaly associated with these three events was
negative, around 5 mm day ’; a significant portion of the

seasonal rain. The cloudiness and MCS anomalies concur
with the rainfall anomaly, leading to a large, well-spread,
negative anomaly associated with the dry intrusions.
Note that during the three events, AEWSs were active over
the region but did not yield significant rainfall or deep
convective events (Deme and Roca, 2008).

2.1.6 Guinea Coast Systems

2.1.6.1 Guinea Coast Cloud and Rainfall

The Guinea Coast is defined here as the region between
Cape Palmas and the Niger delta in the south and the ninth
parallel in the north. Between 8°N and 9°N, the annual cycle
of rainfall changes from bimodal in the south to unimodal
in the Soudano-Sahelian zone. The Guinea Coast region
has annual precipitation in excess of 1000 mm, with more
than 2000 mm in some places (Section 1.2). Consequently,
the natural vegetation ranges from rainforest to a semi-
deciduous tree savannah.

The Guinea Coast experiences different types of
rainfall. A categorisation into different types of rainfall
has been made by, for example, Acheampong (1982),
Omotosho (1985), Kamara (1986), and Fink et al. (2006,
2010). In principle, these authors distinguish between
squally MCSs or disturbance lines (Section 3.1.3.2),
monsoon or vortex rainfall, and isolated thunderstorms.
Other types of rainfall are afternoon thunderstorms that
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are aligned parallel to the coast and are associated with
the land—sea breeze (Section 4.1.4.2), and dry-season
rainfall events in relation to the tropical-extratropical
interactions described in Section 2.1.4. In the following,
the synoptic conditions associated with MCSs and vor-
tex rainfall are briefly described.

MCSs at the Guinea Coast can occur throughout the
year, but they are rare between December and February
and confined to the immediate coastline. They are more
frequent between March and November, and peak in
April-May before the first rainy season, and October
after the second rainy season (Acheampong, 1982;
Omotosho, 1985). This is because, at this time of
the year, a mid-level northeasterly wind component
(Figure 1.25) provides the low-level vertical shear and
mid-level dryness necessary for the organisation of
the convection into MCSs (Section 3.1.3.2). Contrary to
the conditions in the Sahel during its rainy season, the
Guinea Coast zone is characterised by moister and less
sheared vertical profiles throughout most of the year
(Parker et al., 2005a). Therefore, MCSs in the coastal
zone tend to have a slower westward propagation speed
and reveal warmer cloud-top temperatures in infrared

satellite imagery than systems that occur further north
(Schrage and Fink, 2007). Owing to the moister tropo-
sphere and slower propagation speed, rainfall amounts are
not necessarily lower than for Sahelian MCSs and can
cause severe local flooding. However, peak gusts, temper-
ature and specific humidity drops are less pronounced
than in the Sahel even though hurricane-force winds have
been reported along the Guinea Coast in association with
the arrival of a convective cold pool (Section 3.1.2.2).
Another type of rainfall at the Guinea Coast has been
termed ‘monsoonal rains. These are prolonged periods
(longer than 4-6h) of steady or intermittent, light to
moderate rains from convection with low electrical
activity (Eldridge, 1957; Kamara, 1986; Buckle, 1996). Fink
et al. (2006) speculated that some monsoon rainfall events
might be dynamically linked to low- to mid-tropospheric
vortices and used the term ‘vortex-type rainfall® for a
weather pattern when deep westerlies were observed as a
consequence of a nearly stationary mid-level vortex to the
north of the Guinea Coast. This rainfall type was associ-
ated with a very moist troposphere with low CAPE, small
CIN and low shear in the lower troposphere, but strong
TE] winds aloft. While this environment is not conducive
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to the formation of MCSs, the vortex in the lower tropo-
sphere may be associated with low-level synoptic-scale
convergence that triggers the convection, especially at
daytime. However, not much is known about the dynam-
ics of this rainfall type, nor the origin of the vortices.
Achaempong (1982) speculates the low-level vortices are
related to orographic effects. It may not be excluded,
however, that some of the slow-moving vortices are
decelerated or stalling AEWs — an AEW behaviour that
has been noted for the 1 September 2009 extreme rain-
fall event at Ouagadougou (see Section 2.2.2.2).

In 2002, a vortex-type event occurred at the end of
the summer monsoon. The presence of a mid- and
upper-level trough from the mid-latitudes blocked the
usual easterly air current of the AE]. As a result, deep
westerly winds were present up to a level of about
500 hPa. This period was characterised by frequent
rain events, indicating that the troposphere was sup-
plied by sufficient water vapour from the Gulf of
Guinea. Over various parts of Togo, Benin and Nigeria,
deep convection was initiated during the morning
hours of 1 October 2002. The cloud cells merged to one
single MCS that moved toward the southwest. This
cloud system finally collapsed east of Lake Volta during
the night hours on 2 October 2002. The radiosonde
observations from Parakou from 1 October 2010 at
1200 UTC show an unstable layering of the tropo-
sphere, up to about the 200 hPa level, leading to the
widespread occurrence of deep convection. In Benin’s
synoptic stations this deep convection resulted in rain-
fall amounts of 21 mm, 13 mm, 2 mm and 0.5 mm at
Save, Bohicon, Natitingou and Cotonou respectively.

A rather recurrent weather feature at the Guinea Coast
during the wet season is the southwesterly night-time
low-level jet (NLLJ; see Section 4.1.3.2) and associated,
extensive low-level stratiform cloudiness. Clearly, for
aviation weather, the NLL] and low-level clouds are
important, especially for airports inland of the Guinea
Coast. The cloud base is so low that it sometimes rests at

the surface and causes fog, especially over higher terrain
(Section 4.1.3.3). The low-level cloudiness was first men-
tioned by Schrage and Fink (2007) and it is the typical
situation for nights that lack deep convection, though
some clear nights occur as well. Van der Linden et al.
(2015) created a low-level cloud climatology and showed
that, after sunset, the zone of abundant low-level strati-
form clouds is confined to latitudes south of 6-7°N but
starts to spread inland during early night hours. Its maxi-
mum northward extent is reached between 0900 and
1000 UTC when its northern edge is located between
10°N and 11°N. The area affected by a large fraction of
nocturnal and morning low-level clouds between 10°W
and 10°E is in the order of 800000 km?. Schuster et al.
(2013) summarised the mechanisms that favour or
disfavour the genesis of the low-level cloudiness
(Figure 2.23). A strong night-time low-level jet promotes
upward mixing of moisture and cooler air as well as cold
air advection from the cool waters of the Gulf of Guinea.
Detrimental to the formation of the low-level clouds is a
strong surface inversion early in the night and dry
air advection from the Atlantic Ocean. Once formed,
the OLR at the top of the cloud layer seems to stabilise
the cloud layer. It is important to note that the night-time
inland spreading of the low-level clouds, as described in
van der Linden et al. (2015), is not an advection feature,
but a northward propagation of turbulence underneath
the evolving NLL]. Apparently, there are subtle balances
during non-precipitative nights that determine whether
clouds form or not. As a consequence, about one-third of
the nights remained clear at Djougou (central Benin)
during June—October 2006 (Schrage and Fink, 2012),
and models struggle to have a realistic climatological
representation or to forecast the cloud layer (Knippertz
et al., 2011; Schuster et al., 2013).

2.1.6.2 The Little Dry Season
The areas southwest of Nigeria, and coastal parts of
Benin, Togo, Ghana and Cote d’Ivoire, experience the



influence of the “little dry season” (which corresponds to
‘zone D’ of Figure 1.1). This phenomenon occurs between
July and August when negative anomalies are observed
in the rainfall pattern. A drop in static energy is associ-
ated with its occurrence. Cold winds, low surface tem-
peratures, morning drizzle, sunny afternoons and partly
cloudy conditions characterise this period.

The effect of a prolonged little dry season can be posi-
tive or negative. During this period, some crops that have
suffered from excess water normally get some relief.
Also, this period presents a favourable environment for
cold-related diseases.

The mechanism of formation of the little dry season has
been linked to some of the meteorological parame-
ters — rainfall, pressure, equivalent potential temperature,
surface temperature, surface wind and SST. Most simply,
it is linked to the northward progression of the ITD and
the whole monsoon system around the time of monsoon
onset. Though the little dry season occurs annually, its
onset, duration and cessation vary from year to year.

Over the years it has been observed that the peak sur-
face pressures are, by July, linked to the little dry season.
During this period, the high pressure builds in the Gulf
of Guinea and the St. Helena high pressure cell exhibits
significant anticyclogenesis. This effect spreads to the
coastal areas of West Africa, where sinking motion is
established and convection is reduced to a minimum.
The classical flow over the Gulf of Guinea during this
period is anticyclonic. Owing to upwelling off the Gulf of
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Guinea, there is a cooling in the SST during this period.
It shall be stressed, however, that the little dry season is
most pronounced where coastal upwelling and cold SSTs
are strongest; that is, along the coasts of Ghana east of
the Cape of the Three Points as well as along the coasts
of Togo and Benin. The little dry season is weak or absent
where warm onshore waters persist and the coastline is
perpendicular to the southwest monsoon winds; for
example, the Niger delta in Nigeria and the Pepper Coast
of Liberia (see Figures 1.5 and 1.25).

2.1.7 Synopticdscale Land%urface Feedbacks

Moist convection is strongly modulated by synoptic
variability, as discussed in Section 2.1, and the diabatic
heating associated with convection is considered to play
an important role in the growth of AEWSs. Here, we
consider an additional feedback between rainy systems
and the synoptic dynamics, which operates via the
impact of rainfall on soil moisture and the surface energy
balance. Surface fluxes of sensible and latent heat in
sparsely vegetated regions of Africa are very sensitive to
rainfall in previous days. For 2—3 days after rainfall, the
daytime turbulent fluxes are dominated by latent heat,
with only weak exchange of sensible heat with the
planetary boundary layer (PBL; Kohler et al., 2010).

An example of synoptic-scale variability in surface
fluxes is shown in Figure 2.24. Rain occurred across much
of the southern part of the domain in the preceding 36 h,

Figure 2.24 Daytime land surface temperatures (shading; K) on 26 July 2006 derived from Meteosat Second Generation (http://landsaf.
meteo.pt) anomalies from the 3¥veek mean. The (pink) band of positive temperature anomalies denotes a dry region, whilst the relatively
cool (blue) conditions to the south indicate high soil moisture from storms in the previous 36 h. The zonal wind (m s™') at 700 hPa from
the ECMWF operational analysis for 1200 UTC on that day is overlain, indicating a significant kink in the AEJ.



extending as far north as 16°N in the central region. This
rain occurred in association with a developing wave,
depicted by the 700 hPa zonal wind (Bain et al., 2010). In
this case, the atmosphere induced a wave-like structure in
soil moisture and surface fluxes. According to estimates
from an ensemble of land models forced by observations
as part of the AMMA Land Model Intercomparison
Project (ALMIP; Boone et al., 2009), the antecedent rain-
fall pattern resulted in very marked spatial variability of
surface fluxes; 24 h mean values of sensible and latent heat
fluxes were of the order of 70 W m™ and 20 W m™
respectively in the dry (pink) areas, compared with sensi-
ble and latent heat fluxes of 0 W m™ and 120 W m™
respectively in the recently wetted (blue/purple) region at
14-16°N. Such strong contrasts in surface fluxes have
been shown to have a substantial impact on the lower
atmosphere (Kohler et al., 2010).

Figure 2.25 illustrates the geographical distribution of
variability in surface fluxes on synoptic timescales.
The data, again derived from the ALMIP dataset, depict
a band of strong variability in sensible heat (and also
latent heat, not shown) across the Sahel belt during the
monsoon season. The location of this band is determined
largely by day-to-day variability in near-surface soil
moisture and its impact on evapotranspiration. South of
the Sahel, the vegetation is dense, and latent heat flux is
dominated by transpiration of soil water stored in the
root zone. In the Sahel, evaporation direct from the soil
becomes an important term in the energy balance, driven
by rainfall typically every few days. Finally, in the north,
though the land is sensitive to soil water, lack of rainfall
restricts variations in surface fluxes. On top of this
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hydrological driver one can also add radiative forcing,
where cloud cover restricts the total surface energy flux.

There have been several modelling studies that have
examined in detail how soil moisture feedbacks influence
West Africa at the synoptic scale. In an early study, Walker
and Rowntree (1977) found a strong sensitivity of a devel-
oping AEW to soil moisture in their simulations. Cook
(1999) highlighted the importance of the meridional gradi-
ent in soil moisture for the maintenance of the AEJ, but did
not consider the temporal fluctuations in the soil moisture
field. A subsequent GCM study (Taylor and Clark, 2001)
examined the sensitivity of AEWSs to the underlying land
surface. They found increased synoptic variability in a
simulation where a description of dense vegetation in the
Sahel was replaced by a more realistic parameterisation of
sparse vegetation. The latter produced increased day-to-
day variability in surface fluxes, which, it was argued,
enhanced synoptic variability in the atmosphere.

Taylor et al. (2005) examined the temporal variability
in the surface energy balance using cloud-free thermal
infrared imagery. They found strong synoptic-scale
fluctuations in surface temperature across the Sahel
driven by rainfall, with minima in regions of wet soil.
The surface temperatures (and hence surface fluxes)
were found to be well-organised at the synoptic scale,
linked to the westward propagation of MCS and AEWs.
They developed a conceptual model of the land—atmos-
phere interaction within an AEW, which is depicted
schematically in Figure 2.26.

Considering an extensive, synoptic-scale dry zone such
as depicted on the left (west) of Figure 2.26, strong hori-
zontal gradients in temperature will develop in response
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Figure 2.25 Standard deviation of sensible heat flux H (W m~2) averaged over July-September 2004-2007 from the ALMIP model
ensemble (Boone et al., 2009). The daily data have been filtered to remove variability with periods exceeding 10 days.
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Figure 2.26 Schematic depicting land-atmosphere coupling
within an AEW. The modulation of convection by a wave at 700 hPa
creates synoptic variability in soil moisture, with wet soils favoured
behind the trough. Zonal contrasts in availability of moisture for
evapotranspiration drive sensible heat flux patterns, which perturb
the isentropes at 925 hPa. In turn, this configuration favours
maximum southerly flow between the dry and wet soils, enhancing
new convection there. Source: Figure 7 from Taylor et al. (2005).
Used with the permission of the Royal Meteorological Society.

to the daytime surface sensible heat flux contrasts. These
perturb the climatological meridional gradient of temper-
ature. Following Récz and Smith (1999), during the day,
when horizontal low-level flow is weak, a heat low anomaly
tends to develop over the dry soil. Once the sun sets and
coupling with the land surface effectively switches off
(Section 4.1.3.2), the atmosphere responds to the thermal
gradient generated during the day. This induces the
development overnight of positive vorticity above dry soil,
superimposed on the existing atmospheric dynamics.
In the West African context, this flow favours enhanced
southerly advection of moisture to the east of the dry soil,
providing a favourable environment for new a MCS there
(recalling from Section 2.1.3.6, that in the northern Sahel,
where rainfall is limited by PW, rain occurs in the positive
PW*, to the east of the low-level trough). As these systems
propagate westward, they will tend to erode the dry
anomaly from the east, in effect shifting the surface fea-
tures westward. Similarly, on a timescale dictated by the
drying of the top soil after rain (~2—3 days), the pre-existing
wet soil to the east (right of Figure 2.26) will weaken in the
absence of further rain. On top of this diabatic coupling,
Parker (2008) explored the impact of adiabatic Rossby
wave dynamics. Surface-induced zonal temperature anom-
alies embedded within the strong meridional gradient
propagate westward through this mechanism. Analysis of a
linear model showed that the fastest growing mode occurs
when the lower atmosphere has a thermal anomaly to the
east of a land surface temperature anomaly.

Modelling and observational evidence have been pre-
sented to illustrate how this form of coupling influences

monsoon dynamics on timescales of the order of 15 days
(see Chapter 7 discussion of the Sahelian mode of
intraseasonal variability). Wet sequences within the
rainy season produce large-scale soil moisture features,
which, via sensible heating, can feed back on the
atmosphere. Taylor (2008) used passive microwave soil
moisture data to estimate the modulations in surface
heating across West Africa driven by soil moisture. By
compositing wet and dry features, and examining the
atmospheric state associated with large-scale soil mois-
ture variability, that study was able to demonstrate that
surface variability led (i.e. induced) variability in daytime
PBL temperatures. These in turn amplified circulation
anomalies considered important for this mode of varia-
bility (Janicot and Sultan, 2001), specifically low-level
vorticity in the Sahel and southern Sahara. The data in
Figure 2.27 illustrate temperature and wind anomalies at
925 hPa (derived from ECMWF analysis) associated
with a wet phase of the mode. Negative anomalies in
sensible heat flux drive negative PBL temperatures,
which in turn produce anticyclonic vorticity.

This mechanism was subsequently explored in a GCM
study (Lavender et al., 2010). In simulations where soil
moisture was imposed, heat low anomalies developed
above dry soils and cool high anomalies developed above
wet soils, and the associated modulation of moisture
advection induced enhanced rainfall to the west of pre-
existing wet soil regions, consistent with Taylor (2008).
On the other hand, similar intraseasonal rainfall features
were found in a simulation where soil moisture was held
constant, though westward propagation of precipitation
was less coherent. These results imply the atmosphere
can support the Sahelian mode in the absence of surface
hydrological feedback. However, analysis of the runs
also showed how the atmospheric mode became phase
locked with the imposed soil moisture, suggesting an
important (though not primary) role for land feedbacks.

2.2 Operational Methods and
Canonical Synoptic Patterns

2.2.1 Synoptic Fields and Main Inferences

In developing a weather forecast for a given location (or
area) and time range, the forecaster needs to get an under-
standing of the three-dimensional structure and evolution
of a given synoptic situation. This can be achieved through
the use of various combinations of charts/fields that can
best capture the situation.

Table 2.1 summarises the major parameters that may
assist in analysis of the synoptic situation. How to use
these parameters, as well as some proposed diagnostics
to better detect and analyse the synoptic structures, is
explained in Chapter 11.
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Figure 2.27 Differences in surface sensible heat flux (shaded; W m™2), 925 hPa temperature differences (at 1800 UTC; dashed contour; K),
and wind speed (at 0600 UTC the following day; vectors; m s™') between wet and dry surface intraseasonal composites. The wet (dry)
composite is defined at day 0 by the minimum (maximum) in filtered daytime mean surface heat flux over a rectangle centred on 0°E,
15°N. Data are only plotted where they differ significantly from zero at the 95% level.

2.2.2 African Easterly Wave Case Studies
and Canonical Structures

Training of forecasters on real-world case studies is a
key step to assimilate the basic knowledge presented
in this book. In particular, it is necessary to realise the
high diversity of situations encountered in reality,
which can sometimes be quite different from the con-
ceptual models presented in Section 2.1. Therefore,
we have developed a set of online case studies (see
online link*). Some particular illustrations from these
case studies, as well as some additional examples, are
presented here to show canonical configurations of
AEW structure and behaviour as a real-world comple-
ment to the idealised AEW structures shown in
Figure 2.10.

2.2.2.1 An Archetypal African Easterly Wave

Event: Case Study cs02*,12-16 August 2012

This case shows many features that may be regarded as
archetypes for AEW behaviour. The wave was first
detected at 0000 UTC on 13 August (see online mate-
rial). At this time, the detection of this new perturbation
is not easy based on the 600 hPa meridional wind, but
the major visible features are: the AE] acceleration; wet
anomalies over northern Chad as detected by the PW™*
field, associated with a large area of convective activity;
and a strong northerly mean transportin the 925-600 hPa
layer occurring in the 10-25°E band from the Mediter-
ranean Sea to the Equator. By 1200 UTC (Figure 2.28 at
Dq - 1.5) the perturbation is well organised with all key

features in place; that is, the trough at 19°E, the AE] core
at its rear, the dry/wet dipole, the monsoon trough along
10°N, deep northerlies ahead and monsoon flux intensi-
fying behind over south Sudan.

On 15 August at 0000 UTC (Figure 2.28 at Dy), the
wave and the associated features, including deep con-
vection, reach their maximum magnitude (Figure 2.29).
The trough is tilted northeastward and shows the peak
AE] speeds to its east (as in Figure 2.10). The ITD shows
a northward penetration corresponding to the moist
phase of the wave behind (to the east of) the trough, and
a southward ITD penetration in the dry phase, ahead of
(west of) the trough. At 850 hPa (Figure 2.29b) there is a
closed vortex at 0°E, 10°N, which is bringing strong
southerly advection (Figure 2.29f) on its eastern side.
Note also the well-defined SHL enhancement located at
around 5°W, 23°N, ahead of the trough to the northwest,
whose pressure gradient drives the monsoon burst
(strong southerly winds in and ahead of the trough).

The following day the perturbation continues its west-
ward progression toward the coast but slows down when
arriving over the Fouta Djallon mountains on 16 August.
At 1200 UTC (Figure 2.28 at Dy + 1.5) the monsoon
inflow from Guinea to the Liberian coast is deep and
intense with a cyclonic centre C600_850 around Conakry.
During this stage, the AE]J core for the first time precedes
the trough. The monsoon burst reaches its maximum
northward penetration as indicated by the ITD (in the
numerical model data), reaching 28°N over southern
Algeria. This moist region is cloudy, but the convection
is less vigorous.



Table 2.1 Summary of the major parameters that may assist in analysis of the synoptic situation, and which are usually readily available
to forecasters. Other chapters, particularly Chapters 3, 7, 9 and 11, have proposed additional diagnostics for synoptic analysis, including
CAPE, CIN, wind shear, PW, monsoon depth and mean meridional transport, plus their anomalies from the mean seasonal cycle.

The difficulty can be that NWP centres often provide only the basic variables as listed here. Forecasters need convenient and interactive
tools to handle all these fields and superpose them.

Parameter

Useful levels

Application

MSLP

Wind charts

Temperature

RH

Dew point
temperature.

Vorticity

Surface/10 m,

925 hPa, 950 hPa,
850 hPa, 700 hPa,
500 hPa, 300 hPa,
200 hPa, 150 hPa

Surface, 850 hPa
and 700 hPa

Surface, 925hPa,
850 hPa, 700 hPa

Surface, 925 hPa,
850 hPa, 700 hPa,
500 hPa

850 hPa, 700 hPa,
600 hPa, 500 hPa,
200 hPa

The 1015 hPa line is a commonly used reference for the extent of southward push or retreat of
the northerly high pressure influence. During the dry season, the inland ridge of the Azores
High usually manifests itself as a closed ‘Libyan High’ A tightening of the pressure gradient on
the southern flank of the Libyan High is usually a prelude to an outbreak of a widespread dust
episode (see Chapter 5). This is also a crucial field to monitor the SHL activity (see

Section 11.3) characterised by a large diurnal oscillation.

Although the winds are influenced by the Coriolis force, especially in the north of the region,
the geostrophic wind is not a good estimate of the low-level winds. Instead, winds typically
flow toward low pressure, turned to the right by the Coriolis force. During the day, low-level
wind speeds are much reduced by convective turbulent drag.

The low-level charts are of interest in determining the location of the ITD and hence the
northward penetration of the monsoon flow (10 m to 925 hPa) and the location of vortices
(10 m to 850 hPa). The middle levels (700 hPa) are examined for the strength and location of
the AEJ, and for waves (AEWSs), which may also be associated with low-level vortices at

850 hPa and the surface. At 300 hPa and above, extratropical troughs and the STJ are of
interest.

The 850 hPa level, lying close to the steering level of AEWs, can show distinct closed vortices
and allows drawing of the monsoon trough.

Streamline plots will suffice for most purposes, but commonly these do not show wind
strength, which is useful for locating jet axis and for determining whether dust may be raised
locally or at the main source regions.

These charts are used in conjunction with humidity and winds to assess stability conditions
and where the enhancement or suppression of convection may be favoured. They also help to
identify the structure of AEWs below the AE] level. The 850 hPa level is convenient to monitor
the SHL (see Section 11.3).

High values of low-level RH increase the CAPE of the column. Mid-level dryness (e.g.
700-500 hPa) can suppress convective initiation, but also can favour the organisation and
maintenance of squall lines.

The surface dew point temperature gradient (around 15 °C) is used among other criteria to
locate the ITD (see Chapter 11).

The humidity profile over West Africa from the surface through 850 hPa, 700 hPa and up to
500 hPa is used in forecasting the intensity and growth of thunderstorms. At 500 hPa, areas
with dew point temperatures less than a threshold value are marked as areas of mid-level ‘dry
air intrusion’ Such dry air intrusion zones, when located very close to very humid areas, can
be associated with very violent thunderstorm activity.

From the surface to 700 hPa (even to 500 hPa), closed vortices can be associated with
significant weather, in particular thunderstorm initiation.

Vorticity is used at 850 hPa to define the monsoon trough, which also connects closed
vortices.
At upper levels, vorticity is an indicator of mid-latitude troughs.

On 16 August at 1200 UTC (Figure 2.28 + 1.5 at Dy +
1.5), while the AEW exits Africa over the Atlantic, a new
one is growing at the Sudan—Chad frontier. As for the
previous perturbation, the precursor detected a day
before is a deep northerly flow organised from the
Mediterranean Sea to 5°N, followed to the east by north-
ward monsoon penetration. Again, we notice a rein-
forcement of the AE]J that can be detected before the
appearance of the trough.

2.2.2.2 African Easterly Wave Breaking Events

AEW ‘breaking’ is here defined to occur when the
curvature of the wave, seen in the 600 hPa streamlines
for instance, becomes very steep, oriented north—south
(or even in the northwest to southeast orientation), to
the west of the wave trough. At the same time, the
breaking wave becomes quite slow moving. Such events
are important as they are favourable to high-impact
weather systems with the possibility of flooding, and
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Figure 2.28 Sequence of West African Synthetic Analysis (WASA) charts showing the structure of the AEW of 12-16 August 2012. Day D,
is 0000 UTC on 15 August 2012 corresponding to the mature and growing AEW stage. One and half day before (D, - 1.5) and later (Do + 1.5)
correspond to the initiation stage and to its arrival at the coast. These charts may be compared with the conceptual model developed in

Section 2.1.3.3 and Figure 2.10.

favour cyclogenesis when arriving at the coast. Owing
to their strong vorticity signature, the predictability of
breaking AEWs is relatively strong, but such events are
not frequent.

Favourable factors for AEW breaking appear to be:

1) A pre-existing significant monsoon penetration over
the eastern Sahel, resulting in a larger wet spell
(positive PW*) over the Sahel, that propagates
westward.

2) A train of AEWS. Indeed, it seems that a trough T2 can
be reinforced by the previous trough T1 (with T1 to
the west of T2) if the monsoon burst associated with
this first trough T1 is intense and deep. A strong ridge
develops between T1 and T2, with drier conditions,
which slows down the propagation of the second

trough T2, allowing T2 to intensify, with the develop-
ment of deep convection. This is consistent with the
upstream propagation of the group velocity discussed
in Diaz and Aiyver (2013).

3) An intense AE] core associated with a growing
trough.

4) Intense deep convection to the south of the AE] core.

5) Interaction with a deep and intense monsoon flow from
the equatorial band. This monsoon burst can be
detected by the mean wind intensity in the surface to
600 hPa layer, reaching more than 7.5 ms™ from the
southwest sector.

6) Forcing from mid-latitudes can help the wave breaking,
although the forcing from the equatorial band (the
deep monsoon burst) appears as a more important
ingredient for this scenario.



Two examples of AEW breaking are shown in
Figures 2.30 and 2.31, both exhibiting these six
favourable factors. Figure 2.30 illustrates the AEW
‘breaking case’ that occurred on 7 August 2012, well
defined by the north—south orientation of the blue
streamlines at 600 hPa to the west of the trough
(around O0°E, 10°N). The AE] core is stronger than
30 kt at the rear of an intense MCS around 2°W, 13°N,
moving toward the southwest. Note the development
of an intense ridge between the previous trough over
the Atlantic Ocean and the breaking wave. This case
illustrates factors (2) (train of AEWSs) and (5) (forcing
by the equatorial band), from the list of favourable
factors above. For a detailed analysis of this case refer
to case study CSO1%,

The second case corresponds to the Ouagadougou
flood event that occurred on 1 September 2009 with a
maximum of precipitation of 263 mm accumulated in
less than 12 h. Figure 2.31 illustrates the formation of
the breaking, in terms of the curvature of streamlines at
600 hPa (around O°E, 10°N on 1 September). A first
strong trough T, passes over Benin and west Niger on
29 August. As this moves to the west there is strong
southerly flow from the equatorial band behind it,
bringing dry air (see weak Ty (green and blue) areas
around 5°W on 31 August) into the region of the ridge at
600 hPa. In the lee of the first trough T}, a second trough
T, is detected on 29 August in the Lake Chad region.
Owing to the previous ridge intensification, T slows its
westward propagation and intensities to form a closed
circulation over northeast Nigeria on 31 August. Then
T, moves faster and intensifies until on 1 September it is
overturning, with the winds northwesterly on its west-
ern side. Owing to the pre-existing large wet spell (posi-
tive PW* — favourable factor (1)), intense precipitation
occurs over Burkina Faso a few degrees to the west of
the vortex in a wet environment where northerlies are
maximum. It is worth noticing that the rainfall in this
case is not a squall line system, as no cold pool was gen-
erated due to a lack of rain evaporation in this wet
environment.

2.2.2.3 Coastal Development of African Easterly

Waves

There are two AEW tracks over West Africa: one to
the south and the other to the north of the AE]
(Section 2.1.3.2). The interactions between these waves
at the coast and eventually their merging can have impor-
tant impacts on the weather and give rise to tropical
cyclogenesis (Chen et al., 2008; Hankes et al., 2015;
Section 2.1.3.7). When arriving at the coast, often the AEWs
amplify and change their structure with two possible
configurations, corresponding to a reinforcement of either

(configuration A) the southern vortex, or (configuration
B) the northern vortex at 850 hPa. In general, the AEWs
reach their maximum amplitude at the coast for all varia-
bles associated with their signature, such as oscillation of
the streamfunction, meridional wind perturbation, vorti-
city and PW*. Also, the eastward vertical tilt of the trough
below the AEJ level (600-700 hPa) is reduced near the
coast.

2.2.2.3.1 Summary of Configuration A: Reinforcement
of the Southern Vortex
Favourable conditions for this configuration are:

1) A strong AE] core (~45 kt, or more than 20 m s
coupled with a strong southern vortex.

2) Very humid air in the column associated with a very
strong and deep monsoon surge and strong onshore
flow south to west of the vortex.

In addition, the interaction and merging with a northern
vortex can contribute to reinforce the southern vortex.
In the case of strong northerlies from mid-latitudes along
the west coast, the northern vortex is blocked; it is forced
to move southward, so as to meet the southern vortex and
merge with it.

When passing over the Fouta Djalon the southern
vortex is reinforced and deepened by the enhancement
of convection. The effect is maximum if the southern
vortex arrives over Fouta Djalou around 1800 UTC.
The vortex then moves northwest toward Dakar and
leaves the coast south of Dakar.

This type of situation is more typical around the end of
July, into August. It is favourable to intense precipitation
in the vicinity of the trough and to the north of the
vortex. The slower propagation of the vortex than
previously, over the continent, can explain large accumu-
lations of precipitation. If other factors are favourable,
cyclogenesis can occur in such situations. The 1-10
September 2014 period provides two nice examples of
configuration A, driven by the ‘southern vortex’. This
period is characterised by the passage of an ‘AEW train’
triggered east of 20°E in mid-August and moving west-
ward over the whole domain at about 9 m s, with the
AEWSs amplifying over West Africa to reach their maxi-
mum over the ocean both in terms of PW* and vorticity
anomalies. Figure 2.32 summarises the evolution of the
synoptic situation during the 2—4 September period.
On 2 September two trough axes Ty; and Tg; are well
identified, north and south respectively, of the AE]J core
located over Burkina. In agreement with the schematic
(Figure 2.10), the trough axis Ty is well defined between
the dipole of PW* over Mauritania, whereas the moist
anomaly is in phase and ahead of Tg;, associated with a
strong vortex over northern Ghana. Also, two ridge axes
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Figure 2.29 Example of an archetypal AEW
from 15 August 2012, 0000 UTC. Streamlines
(blue) are shown at (a) 600 hPa, (b) 850 hPa and
(c) for the mean flow in the 950-600 hPa layer,
with mean horizontal wind intensity (isolines,
m s~') and vorticity (colour, 107 s7'); (d) shows
the infrared Meteosat image with yellow and
red colours for coldest clouds (less than —40 °C
and —65 °C respectively); (e) shows PW* (colour,
mm) and 925 hPa horizontal wind anomalies
(m s7"); (f) shows mean meridional wind in the
925-600 hPa layer (colour, m s™') and mean
horizontal wind vector in the 925-850 hPa layer.
The WASA map for this case is in Figure 2.28
(time D()).
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Figure 2.30 Example of an AEW ‘breaking case’ on 7 August 2012 at 0000 UTC (case study C501%). Upper panel shows the infrared image
with superposition of streamlines at 600 hPa and Ty at the surface (green isolines to visualise the ITD); lower panel shows the WASA. Note
that the breaking of the AEW is identified by the north-south orientation of the streamlines to the west of the trough.

are identified (dashed black lines), one over the ocean
and the other crossing Niger and Nigeria, indicating the
strength of the AEW train south of the AEJ. One day
later (Figure 2.32, second row), the previous structure
has moved westward and amplified. However, owing to
strong northerlies (trade winds) over the eastern Atlantic,

the propagation of the northern vortex associated with
T is blocked over Mauritania, whereas the Tg; axis has
moved toward the coast and caught up with Ty; to form
a continuous trough axis. In addition to this merging
process, the occurrence of intense convection over the
Guinea Highlands during the previous night and day has



Figure 2.31 lllustration of the Ouagadougou flood case (case study CS04*) showing streamlines and dew point, Ty (colour) at 600 hPa on

30 August-2 September 2009 at 0000 UTC.

contributed also to the intensification of the southern
vortex. The following day the merging and convection
processes continue to result in an intense, moist vortex
reaching the west coast, first moving northward along
the coast and then leaving the continent westward
(Figure 2.32, last row). Behind this, we have the merging
and amplification of the north and south ridges, as
observed for the troughs, helping the development of a
second trough to the east over Nigeria. The following
evolution scenario was very similar to that shown in
Figure 2.32, but the resulting southern vortex was
stronger and moister due to its earlier development and
a trajectory a little more to the south. This second AEW
reached a stronger magnitude, allowing the triggering of
tropical cyclone Edouard (11-19 September 2014).

2.2.2.3.2 Summary of Configuration B: Reinforcement

of the Northern Vortex

This situation is very common, representing perhaps
50% of cases in July. Favourable conditions are:

1) A northern vortex at 850 hPa is localised in the
vicinity of the ITD and connected with the heat low
reinforcement.

2) The northern vortex amplification could result from
an interaction with mid-latitudes, in particular
strong northerlies along the west coast blocking the

propagation of the northern vortex. As with config-
uration A, northerlies along the west coast seem to
support the development, but in this case they have
a better connection and continuity with northerlies
at mid-latitudes.

3) A weaker southern vortex can favour reinforcement
of the northern vortex.

This type of situation is favourable for significant dust
lifting over Mauritania, and export of the dust over the
Atlantic Ocean. Convection can occur close to the ITD
that penetrates far to the north, but over the ocean
precipitation is shifted to the south along the ITCZ. This
situation is not favourable to tropical cyclogenesis.

2.2.3 DryXseason Thunderstorms in West Africa

The dry season in West Africa is dominated by dry north-
easterly winds that transport Harmattan dust haze across
West Africa. However, thunderstorms do sometimes occur
during the dry season. When this happens, it usually
sparks off interest amongst the public, with impacts
ranging from agriculture to ground water conservation.
A common configuration for such dry-season storms
is the interaction of a low-pressure system or trough over
West Africa, with a low over the North African region.
The favourable interaction of these systems can lead to
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Figure 2.32 Evolution of the synoptic situation on 2, 3 and 4 September 2014 (first, second and third rows respectively) as depicted by
the ECMWF analysis at 1200 UTC. Left column: streamlines, horizontal wind intensity (2.5 m s™" isoline contours above 7.5 m s™') and
vorticity (colour, 107> s™") for the mean flow averaged in the 950-600 hPa layer. Right column: PW* (colour, mm) and 925 hPa horizontal
wind anomalies. Trough and ridge axes as detected by the above diagnostics are superposed by black solid and dashed lines
respectively.
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Figure 2.32 (Cont'd)

strong inland moisture transport from the west and
Guinea coasts, supporting rainfall. Figure 2.33 illustrates
an example, in the case of the thunderstorms that
affected many coastal areas of West Africa during the
period of 13—15 February 2010.

A mid-latitude trough that had been advancing east-
ward across the North Atlantic was penetrating deep into
West Africa by the 12 February. There was significant

interaction between the tropical and extratropical sys-
tems (Figure 2.33a).

This situation created a favourable environment for
penetration of moisture-laden southwesterlies far
inland, and the MSLP and humidity (not shown) charts
show evidence of a poleward shift of the ITD: on the
12 February, the ITD was at about 9°N, while by
1200 UTC on the 13 February it had shifted to about



(b)

Figure 2.33 (a) Synoptic situation at 1200 UTC on 13 February 2010, indicating ITD, lowHevel winds (schematic vectors) and trough
connecting lowbpressure systems over Algeria and southern Mauritania, and Meteosat SEVIRI water vapour imagery (b) at 1200 UTC 13
February and (c) at 0000 UTC 15 February 2010. Panel (a) original to authors. Source: panels (b) and (c) courtesy of NEODAAS/University of
Dundee.
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Figure 2.33 (Cont'd)

10.5°N (Figure 2.33a). A moist environment is an
important component that is conducive for thunder-
storm development. The trough is also dynamically
favourable for thunderstorm initialisation since it
generates vertical motion.

By 0200 UTC on 13 February, convective cloud
clusters were observed over southeastern coastal areas
of Nigeria as well as coastal areas of southwest
Cameroon. The clusters became organised, with a
distinct leading edge, and by 0900 UTC the system had
covered much of southeastern parts of Nigeria.
Westward propagation of the system ensued, and by
around 1800 UTC (Figure 2.33b), the system had
metamorphosed into a massive mesoscale convective
complex. Around this time, the system was contiguous
with deep convection all along the coast, south
from Nigeria and Cameroon, and as far as Angola
(Figure 2.33b). It is possible that some dynamical
effects of this line of deep convection along the coast
(presumably supported by local sea breezes) helped to
intensify the system over Nigeria.

The storm continued to propagate westward and
affected southern parts of Ghana, Togo and Benin. By
0000 UTC on 15 February (Figure 2.33c), the massive
MCS had covered most parts of Ivory Coast. Finally, by
1100 UTC on 15 February the system showed consistent
decay over Liberia. The organisation and westward
propagation of the MCS suggests that the easterlies
observed at 850 hPa over the coastal areas of West Africa

could have played a significant role in their kinematics.
Indeed, it is likely that the northward push of cool oce-
anic air, moving with the ITD, is associated with easterly
thermal-wind shear (as it is in the rainy season), which
can help to organise storms.

Interaction between tropical and extratropical
systems is fundamental to thunderstorm development
during the dry season. Forecasters in the countries
of the Guinea Coast look for these patterns, where a
West African trough couples with a North African
low, as a sign of likely thunderstorm activity in the
coming days.
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Appendix: Acronyms
AE] African easterly jet
AEW African easterly wave

ALMIP AMMA Land Model Intercomparison Project



AMMA  African Monsoon Multidisciplinary Analysis

CAPE convective available potential energy

CIN convection/convective inhibition

ECMWFEF European Centre for Medium-Range Weather
Forecasts

GCM general circulation model

GFS Global Forecast System

ITCZ intertropical convergence zone

ITD intertropical discontinuity

ITF intertropical front

MCS mesoscale convective system

MCV mesoscale convective vortex

MJO Madden—]Julian oscillation

MSLP mean sea-level pressure

NCEP National Centers for Environmental Prediction

Notes

1 Figure 2.8 is a temporal composite, so, as the AEW is
westward propagating, times before the trough passage
correspond to locations west of the trough.

2 In fact, theoretical analysis has shown that both
‘downshear’ and ‘upshear’ tilts can be associated with
‘baroclinic’ wave growth: upshear — when the AEJ is
narrow compared with the scale of the AEW; down-

shear — when the AE] is broad compared with the scale
of the AEW (Methven et al., 2005).
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